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Abstract

Analysis of a global compilation of dissolved iron observations provides insights into
the controlling processes for iron distributions and some constraints for ocean biogeo-
chemical models. The distribution of dissolved iron is consistent with the conceptual
model developed for the scavenging of Th isotopes, whereby particle scavenging is5

a two-step process of scavenging mainly by colloidal and small particulates followed
by aggregation and removal on larger sinking particles. Much of the dissolved iron
(<0.4µm) is present as small colloids (>∼0.02µm) and, thus, likely subject to aggre-
gation and scavenging removal. Only the iron bound to soluble ligands (<∼0.02µm) is
likely protected from scavenging removal. This implies distinct scavenging regimes for10

dissolved iron that appear consistent with the observational data: 1) high scavenging
regime – where dissolved iron concentrations exceed the concentrations of strongly
binding organic ligands; and 2) moderate scavenging regime – where dissolved iron is
bound to both colloidal and soluble ligands. The removal rates for dissolved iron will
be a function of biological uptake, number and size distributions of the colloidal and15

small particulate material, ligand dynamics, and the aggregation processes that lead
to removal on larger particles.

Inputs from dust deposition and continental sediments are key drivers of dissolved
iron distributions. The observations provide several strong constraints for ocean bio-
geochemical models: 1) similar deep ocean concentrations in the North Atlantic and20

North Pacific (∼0.6–0.8 nM), and much lower deep ocean dissolved iron concentrations
in the Southern Ocean (∼0.3–0.4 nM); 2) strong depletion of iron in the upper ocean
away from the high dust deposition regions, with significant scavenging removal of dis-
solved iron below the euphotic zone; and 3) a bimodal distribution in surface waters with
peaks less than 0.2 nM and between 0.6–0.8 nM. We compare the dissolved iron ob-25

servations with output from the Biogeochemical Elemental Cycling (BEC) ocean model.
The model output was in general agreement with the field data (r=0.76, for depths 103–
502 m), but at lower iron concentrations (<0.3 nM) the model is consistently biased high
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relative to the observations.

1 Introduction

Mineral dust supply of dissolved iron to open ocean surface waters was suggested to
account for elevated mixed layer concentrations overlying an iron-depleted euphotic
zone by Bruland et al. (1994). They estimated a residence time for dissolved iron in the5

deep ocean of 70–140 years, based on data from the central North Pacific, noting that
substantial scavenging removal of iron must occur both in surface waters and in the
deep ocean. In a seminal paper, Johnson et al. (1997a) compiled dissolved iron obser-
vations from the North Pacific and several additional regions and drew some important
conclusions: 1) there are similar concentrations in the deep ocean with no inter-ocean10

fractionation; 2) iron cycles differently than other highly particle reactive species, likely
due to its complexation with organic ligands, which acts to protect iron from removal
by scavenging; 3) the continental source for dissolved iron can extend far offshore in
the deeper ocean (1000 m) but is removed from surface waters close to shore; 4) dis-
solved iron concentrations are consistently low in the surface ocean (<0.2 nM). They15

suggested that the observed iron profiles could be generated by remineralization of a
sinking biological particle flux with mean iron/carbon ratio of ∼5µmol/mol, and particle
scavenging removal of iron only where concentrations exceeded ∼0.6 nM (and the pro-
tection of the strong binding iron ligands). They also noted a significant but relatively
weak correlation between estimated dust deposition and integrated dissolved iron in20

the upper 500 m. Most of their observations came from relatively low dust deposition
regions in the North Pacific and Southern Ocean.

In the same journal issue there were several comments on the Johnson et al. (1997a)
paper. Boyle (1997) suggested that dissolved iron distributions in the deep ocean were
likely more varied than implied by the Johnson et al. (1997a) dataset, and that the im-25

pact of atmospheric deposition was likely more significant than suggested. These ideas
have been supported by subsequent studies showing significantly elevated iron con-
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centrations at the surface and in the deeper ocean beneath the major dust plumes (i.e.,
Wu and Boyle, 2002; Sedwick et al., 2005), and deep ocean values well below 0.6 nM
throughout much of the Southern Ocean (i.e., Measures and Vink, 2001; de Baar et
al., 1999; Coale et al., 2005). Sunda (1997) suggested that variations in phytoplank-
ton Fe/C ratios might play a significant role, and estimated the Fe/C ratios in sinking5

material remineralized in several regions, ranging from ∼2µmol/mol in the iron-limited
Equatorial Pacific and Southern Ocean regions, to higher values of 7–13µmol/mol for
the high latitude North Atlantic. This analysis assumed minimal subsurface scavenging
of dissolved iron; iron removed by such scavenging would imply a higher ratio in regen-
erated material. In addition, much higher Fe/C ratios in sinking material in the high10

dust deposition regions would seem necessary to remove excess iron from surface
waters. Wu and Boyle (2002) estimated Fe/C export regeneration ratios for the North
Atlantic of 23–70µmolFe/molC. Lastly, Luther and Wu (1997) suggested iron concen-
trations will always be a balance between sources and sinks, with organic complexation
likely playing a role, and noted that the decrease in surface iron concentrations moving15

away from the coast was strongly influenced by the width of the shelf due to sedi-
ment resuspension events, which released dissolved iron into the water column (see
also Chase et al., 2005). In their conceptual model, Johnson et al. (1997a) assumed
that there was no particle scavenging of dissolved iron below the concentration of the
strong iron binding ligands (0.6 nM), an assumption that has been built into a number of20

ecosystem/biogeochemical models (i.e., Archer and Johnson, 1999; Lefèvre and Wat-
son, 1999; Aumont et al., 2003). However, in their reply to the comments Johnson et
al. (1997b) noted that scavenging would not actually be eliminated at low iron concen-
trations, as there would always be a small fraction of the iron present as inorganic ions
subject to scavenging. Thus, where inputs of dissolved iron were quite low, dissolved25

concentrations could be reduced below the 0.6 nM value.
In a comprehensive review of iron observations, de Baar and de Jong (2001) noted

a significant influence by continental iron sources extending offshore in many regions.
They also noted consistently higher iron concentrations (>1 nM) in low O2 regions and
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below the major dust plumes. Low deep water values were noted for the Southern
Ocean (∼0.3–0.4 nM). They noted that surface values for the open ocean were vari-
able (0.03–0.5 nM) and ranged between 0.3 and 1.4 nM for the deep ocean away from
continental influence, with much higher values observed near the coastlines.

Martin and coworkers argued that iron was a key limiting nutrient in the oceans,5

controlling biological production in the High Nitrate, Low Chlorophyll (HNLC) regions
of the Southern Ocean, and the subarctic and equatorial Pacific (Martin et al., 1991;
Martin, 1992). Subsequent in situ iron fertilization experiments have demonstrated this
iron limitation (Coale et al., 1996, 2004; Boyd et al., 2000; Tsuda et al., 2003) and
generally confirmed that the entire community is iron-stressed, with the bloom forming10

diatoms strongly iron-limited, whereas the ambient community, dominated by small
phytoplankton, is moderately iron-stressed and experiences strong grazing pressure
(Price et al., 1994; see review by de Baar et al., 2005). Model estimates suggest
community growth limitation by iron over ∼30–50% of the world ocean (Moore et al.,
2002b; 2004; Aumont et al., 2003; Dutkiewicz et al., 2005). Observations also suggest15

that dissolved iron may limit phytoplankton growth rates near the base of the euphotic
zone in the subtropical gyres (Bruland et al., 1994; Johnson et al., 1997; Sedwick et
al., 2005). In addition, in many subtropical regions the nitrogen fixing diazotrophs may
be limited by iron (Falkowski, 1997; Michaels et al., 2001; Berman-Frank et al., 2001;
Moore et al., 2004, 2006). This dust-nitrogen fixation linkage may give the subtropics20

and tropics a sensitivity to atmospheric dust (iron) inputs similar to that seen in the
HNLC regions (Michaels et al., 2001; Gruber, 2004). Model estimates indicate that
the indirect, nitrogen-fixation-driven biogeochemical response to dust variations can
be quantitatively similar to the more direct response in the HNLC regions in terms of
total export production and air-sea CO2 exchange over decadal timescales (Moore et25

al., 2006). Thus, iron may be the ultimate limiting nutrient for the oceans in the current
climate, directly limiting growth in the HNLC regions, and leading to nitrogen being the
proximate limiting nutrient in other areas (Moore and Doney, 2007).

Dissolved iron is removed from ocean surface waters through biological uptake and
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through abiotic particle scavenging (adsorption to and removal on sinking particles).
Much of our understanding about particle scavenging in the oceans comes from stud-
ies of Th isotopes which have a known source through radioactive decay and are not
subject to biological uptake. Iron and aluminum are likely scavenged in similar manner,
so Th studies have implications for understanding the cycling of these trace metals5

(Bruland and Lohan, 2004). The conceptual view developed in recent decades is that
removal of particle reactive species like 234Th is actually a two-stage process with
reversible adsorption, mainly to smaller and colloidal sized particles, followed by ag-
gregation and removal on larger sinking particles (Balistrieri et al., 1981; Bacon and
Anderson, 1982; Honeyman et al., 1988; Clegg and Sarmiento, 1989; Honeyman and10

Santschi, 1989; Wells and Goldberg, 1993; Santschi et al., 2006; see review by Savoye
et al., 2006). Models of dissolved Th removal by particle scavenging range from sim-
pler models with a net adsorption rate to sinking particles, to complex models that
represent the particle size spectrum down to colloids and explicitly represent the ad-
sorption, desorption, aggregation, and removal processes (Burd et al., 2000; Bruland15

and Lohan, 2004; see review by Savoye et al., 2006, and references therein).
De Baar and de Jong (2001) noted that the “dissolved” iron measured after passing

through a 0.4µM filter is actually a mix of iron bound to truly dissolved (soluble) ligands
(<0.025µM) and iron bound to fine particulates (colloids <0.4µM). They suggested
a dynamic quasi-equilibrium, shifting iron between organic and inorganic, soluble and20

colloidal pools, that would be strongly influenced by photochemistry in surface waters,
and by the biology that serves as the source for iron binding ligands and drives periodic
high export (high scavenging). In the deep ocean, scavenging loss rates would be de-
termined largely by the partitioning between colloidal and dissolved phases, with longer
residence times where more Fe was bound by soluble ligands. Wu et al. (2001) stud-25

ied this division between soluble (<0.02µM) and colloidal iron (>0.02µM and <0.4µM)
using profiles in the subtropical North Pacific and North Atlantic. They found that much
of the dissolved iron was present in the colloidal fraction in surface and deep ocean
waters, with a colloidal iron minimum in the upper nutricline. They suggested that ag-
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gregation and sinking removal of the colloidal fraction would occur in a manner similar
to Th, and that this process should be included in models of oceanic iron cycling. Nish-
ioka et al. (2001) noted considerable temporal and spatial variability in the soluble and
colloidal iron concentrations, suggesting a dynamic system. Cullen et al. (2006) built
on this work with several profiles in the Atlantic, examining the soluble vs. colloidal5

fractions of dissolved iron and the ligands that bind iron. They concluded that much of
the partitioning of iron between colloidal and soluble pools could be understood by a
simple equilibrium partitioning model, but that a significant and varying fraction of the
colloidal material seemed inert to ligand exchange with the soluble pool. These studies
suggested that the soluble iron may be more bioavailable, as vertical distributions were10

more like traditional nutrient profiles.
If particle scavenging of iron happens in a similar manner to Th (as seems likely),

there are important implications for iron cycling in the oceans. Binding to ligands will
not provide complete protection from particle scavenging removal (as often assumed
in ocean biogeochemical models), as the colloidal fraction will be subject to aggre-15

gation/scavenging removal. Only the truly soluble fraction would be for the most part
“protected” from scavenging. The colloid-bound iron would have reduced rates of scav-
enging loss compared with unbound inorganic iron. This free inorganic iron is a small
fraction of the dissolved pool (<∼1%), as most dissolved iron is bound to organic lig-
ands (i.e. Rue and Bruland, 1995, 1997; van den Berg, 1995; Wu and Luther, 1995).20

The particle scavenging removal rate for dissolved iron would then be a function of the
proportions in the soluble versus colloidal pools, the dynamics of the particle size distri-
butions and aggregation removal processes, and the turnover/transfer time of dissolved
iron between the various forms.

We analyze a global dataset of dissolved iron observations to better understand25

the sources and sinks for dissolved iron, focusing on open ocean waters and the in-
puts from atmospheric mineral dust deposition. The Biogeochemical Elemental Cycling
(BEC) ocean model simulates the global oceanic distributions of four key phytoplank-
ton functional groups, their potentially growth limiting nutrients (Fe, N, P, and Si), inor-
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ganic carbon, oxygen, and alkalinity (Moore et al., 2004). We compare BEC simulated
dissolved iron fields with the available observations, highlighting what the model-data
mismatches imply about the underlying model assumptions. In a companion paper
(Moore and Braucher this issue, hereafter referred to as MBb) we improve the BEC
iron cycle parameterizations and use the model in conjunction with the observations5

to examine the relative roles of atmospheric mineral dust deposition and continental
sediments as sources of dissolved iron to the open ocean.

2 Methods

We analyze field observations of dissolved iron concentrations and compare with simu-
lated iron distributions from the BEC ocean model. The original iron database was com-10

plied by Parekh et al. (2005) and has been expanded by ∼30% (to 6540 data points)
with data from recent publications. Many of these values are the reported means from
duplicate or triplicate samples at a particular depth. Parekh et al. (2005) collected data
from the literature and three previous key compilations of iron observations (Johnson et
al., 1997; de Baar and de Jong, 2001; Gregg et al., 2003). Some of the data included15

are dissolved iron concentrations (filter size ranging from 0.2–0.45µm) and the date,
location, and depth of sampling. The complete dataset with references to the origi-
nal source articles is available as supplementary material. There may be systematic
differences in the iron measurements by different groups using different techniques.
Ongoing inter-comparison efforts are reducing these differences (Bowie et al., 2003;20

2006; and the recent SAFE cruise). Here we make the simplifying assumption that the
strong vertical and basin-scale gradients in dissolved iron of interest in this work are
larger than these systematic differences.

One focus in this work is evaluating the iron cycle parameterizations in the BEC
model for open ocean regions where atmospheric dust deposition is likely the domi-25

nant source of dissolved iron. Therefore we have created a subset of the iron database
where we attempt to exclude data points strongly influenced by iron coming from other
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sources including the continental margins and shelf/coastal sediments. This is helpful
because the remaining subset of data is largely impacted by the mineral dust deposi-
tion, and can be used to better understand the associated iron cycling. As a first step
we removed data from all ocean model grid cells adjacent to land. This removed much
of the observed high iron concentrations associated with shelf/sedimentary sources.5

However, in some regions it was apparent that the margin influence extended for some
distance into the open ocean, particularly at depth, away from the enhanced particle
scavenging and biological uptake in the upper ocean.

In Fig. 1, we plot the dissolved iron observations (>1000 m depth) from the east-
ern subtropical Pacific (latitudes 20–50◦ N) as a function of approximate distance from10

the continent. The obvious decline in iron concentrations as distance from the margin
increases has been noted previously (Johnson et al., 1997, 2003). The data points
within 200 km of the coastline were removed by our land-adjacent rule in the margin-
excluded dataset. In addition, we removed all data from the locations in Fig. 1 that
are ∼550–700 km offshore, retaining the other data points as more representative of15

the open ocean. There may be influence of the continental margin even more than
1000 km offshore. We address the role of the continental source to the open ocean
in our companion paper (MBb, this issue). Through a similar analysis, data was re-
moved several locations near the Asian coast in the NW Pacific. We also exclude
data from several papers that measured high iron concentrations attributed to sources20

not included in the BEC model (riverine or hydrothermal – Mackey et al., 2002; Ker-
guelen Islands runoff and sediments – Blain et al., 2001; Bucciarelli et al., 2001; and
rapid advection from continental sources by the Antarctic Polar Front – Löscher et al.,
1997). These steps removed ∼48% of the observations, leaving 3176 observations in
our open ocean subset (hereafter referred to as the “open ocean” data). This open25

ocean subset is certainly more impacted by dust and less impacted by sedimentary
iron sources than the data that has been excluded. However, in our companion paper
we argue that even these open ocean iron concentrations are significantly influenced
by the continental sedimentary source for iron (MBb, this issue).
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2.1 BEC model

The coupled biogeochemical elemental cycling (BEC) model (Moore et al., 2002a,
2004) includes ecosystem and biogeochemistry components including full carbonate
chemistry dynamics. The model simulates four functional groups of phytoplankton (di-
atoms, coccolithophores, diazotrophs, and picophytoplankton) and multiple potentially5

growth limiting nutrients (nitrate, ammonium, phosphate, silicate, and dissolved iron).
The BEC runs within the coarse resolution, POP ocean model that is part of the Com-
munity Climate System Model (CCSM3.0) developed at the National Center for Atmo-
spheric Research (Collins et al., 2006). The model includes 25 vertical levels with 8
levels in the upper 103 m, a longitudinal resolution of 3.6 degrees and a variable lati-10

tudinal resolution, from 1–2 degrees, with the finer resolution near the equator (Collins
et al., 2006; Yeager et al., 2006). All the nutrients/elements (C, O, N, P, Si, Fe) are
simulated within the full ocean, 3D context with no restoring.

The BEC model reproduces basin-scale patterns of macronutrient distributions, cal-
cification, biogenic silica production, nitrogen fixation, primary and export production15

(Moore et al., 2002b, 2004). The model has recently been applied to quantify ocean
biogeochemical sensitivity to variations in mineral dust deposition (iron inputs) (Moore
et al., 2006), the feedbacks between denitrification and nitrogen fixation (Moore and
Doney, 2007), and the ocean biogeochemical response to atmospheric deposition of
inorganic nitrogen (Krishnamurthy et al., 2007). The results here are from the last year20

of a 3000 year simulation. This is an extension of the 2000 year control simulation
described by Moore and Doney (2007). Iron cycling in the BEC is discussed below, for
further details on the BEC model please see Moore et al. (2002a, 2004) and Moore
and Doney (2007).

2.2 Iron cycling in the BEC25

Dissolved iron sources to the ocean in the BEC model include dissolution of iron from
mineral dust particles deposited from the atmosphere and diffusion from shallower
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sediments, while a fraction of the scavenged iron is assumed lost to the sediments
to balance these sources (Moore et al., 2004). There is one “dissolved” iron pool
that is assumed to be bioavailable, with no distinction between soluble and colloidal
forms. A constant fraction of the iron in mineral dust (here 2%) dissolves instanta-
neously at the surface ocean, with some further iron release through a slower dissolu-5

tion/disaggregation through the water column (Moore et al., 2004, MBb). Dust deposi-
tion is from the climatology of Luo et al. (2003). The sedimentary Fe source is crudely
incorporated as a constant flux of 2µmol/m2/day from sediments at the bottom of the
ocean grid where depth is less than 1100 m (Moore et al., 2004). As noted by Moore et
al. (2004) the coarse resolution ocean grid only weakly captures the bathymetry of the10

continental shelves. Thus in many coastal/shelf regions the bottom level of the ocean
grid is much deeper than the actual shelf regions, providing little iron to surface waters
(see MBb, this issue).

Iron is removed from the dissolved pool through biological uptake by the phytoplank-
ton and by particle scavenging. A fraction of the scavenged iron is added to the sinking15

particulate pool and will remineralize deeper in the ocean, while the remainder is as-
sumed lost to the sediments. Iron scavenging is parameterized in the BEC model
based on the mass of scavenging particles and the ambient dissolved iron concentra-
tion to crudely account for the presumed influences of iron binding ligands on scav-
enging losses. Moore et al. (2004) described a scavenging rate that consisted of a20

base rate times the sinking particle flux divided by a reference particle flux. This ap-
proach can be described more simply by combining the base rate and reference flux
constant coefficients into one base scavenging rate (Febase) that is modified by the
sinking particle flux (previously standing stock of POC was also included by Moore et
al., 2004). The base scavenging rate (Febase = 0.01369 day−1) is thus a net adsorp-25

tion rate to sinking particles, similar to the simplest Th scavenging models. The sinking
POC flux and sinking particulate mineral dust fluxes were added to get the particle flux
(ng/cm2/day) available to scavenge iron, and a maximum scavenging rate (MaxPE =
0.05476 day−1) was imposed (Eq. 1). Given the mean sinking fluxes in the model the
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base scavenging rates including the particle effect at 103 m depth, 502 m, and 2098 m
would be 7.5e–4 day−1, 1.6e–4 day−1,, and 8.1e-5 day−1, respectively. These rates
would be further modified by the ambient iron concentrations. The sinking flux is dom-
inated by POC in surface waters, but due to shorter remineralization length scales for
POC, the sinking dust flux becomes important in the deep ocean. POC accounts for5

93%, 67%, and 38% of the sinking mass flux at depths of 103 m, 502 m, and 2098 m,
respectively.

ScavRate = Febase ∗ (sinking POC + sinking Dust),must be <= MaxPE (1)

If dFe > HighFe then ScavRate=ScavRate + (dFe−HighFe) ∗ Chigh (2)

If dFe < LowFe then ScavRate=ScavRate ∗ (dFe/LowFe) (3)10

ScavengedIron=dFe ∗ ScavRate (4)

The scavenging rate increases rapidly at higher iron concentrations (where dissolved
iron (dFe) exceeds HighFe(0.6 nM), Chigh = 4286, Eq. 2) where iron is assumed to
begin exceeding the concentrations of strong binding ligands, and progressively de-
creased at low iron concentrations (LowFe = 0.5 nM, Eq. 3) to reflect protection from15

scavenging losses due to strong iron binding ligands. The scavenging rate is multiplied
by the ambient dissolved iron to get the amount removed by scavenging (Eq. 4), of
which 10% (F Pfe) is put into the sinking particulate pool, with 90% of scavenged iron
presumed lost to the sediments. Most ocean biogeochemical models assume that all
scavenged iron is lost from the system (Archer and Johnson, 1999; Christian et al.,20

2002; Aumont et al., 2003; Parekh et al., 2004, 2005). Gregg et al. (2003) add all scav-
enged iron to the sinking pool to remineralize at depth, and Doney et al. (2006) send
60% to the sinking particulate pool. Moore et al. (2006) suggested some modifications
to the original parameter values for the BEC (similar values are used here see Moore
and Doney, 2007).25
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3 Results

The observational dataset is heavily weighted towards the upper ocean with 66% of
observations from depths less than 103 m, and 86% from depths less than 502 m. The
dataset is also weighted strongly towards the Northern Hemisphere (75% of the data).
The Southern Hemisphere data is mainly from the Southern Ocean (65% of S.H. data),5

which we define as latitudes greater than 40.5◦ S, with few observations in the lower lat-
itudes, mainly in the South Atlantic (18%). There are also strong seasonal biases with
only 3.3% of samples collected during winter months. Away from the high deposition
regions, particularly at higher latitudes, winter often has maximum surface iron con-
centrations due to deep mixing and weakened biological uptake. Spring months had10

the most observations (46%) followed by summer (30%) and fall (21%). Spring is often
a time of rapid biological drawdown of dissolved iron. Dust deposition typically has a
strong seasonal component peaking during spring or summer months. Thus, iron can
have a stronger seasonality, even at low latitudes, that typically seen in oceanographic
data.15

Vertical profiles of dissolved iron tend to follow two patterns: 1) a surface minimum
due to surface depletion by biological uptake and scavenging processes; or 2) a surface
maximum where there is strong influence by dust deposition events (Johnson et al.,
1997a, 2003; de Baar and de Jong, 2001). All observations of dissolved iron are
plotted against ocean depth in Fig. 2a, and a similar plot for the open ocean data in20

Fig. 2b. The symbols used to indicate ocean basin of the samples in Fig. 2 are retained
in later figures as well. There are some obvious, strong regional patterns in the iron
distributions. The highest surface water concentrations are typically seen in the high
dust deposition regions of the northern Indian Ocean and the low latitude North Atlantic
(hereafter referred to as the “high deposition regions”), while the lowest surface values25

are mainly in the Southern and Pacific oceans (Fig. 2). Low surface concentrations
are (<0.1 nM) are also seen in some South Atlantic observations. The highest surface
concentrations are from coastal waters (with a few points exceeding 10 nM) off of Peru
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(Bruland et al., 2005) and in the Southern Ocean near the Kerguelen Islands (Blain
et al., 2001; Bucciarelli et al., 2001). There is considerable variation in surface iron
concentrations within basins reflecting differential inputs and removal rates.

In the open ocean dataset, the mean surface iron concentration (<=20 m) for all
areas except the high deposition regions is 0.25±0.23 nM (where 0.23 is the standard5

deviation), and the mean in the high deposition regions is 0.76±0.27 nM. The area
outside the high deposition regions can be further subdivided between HNLC zones
(where annual surface nitrate concentrations exceed 1.0µM in the World Ocean Atlas
2001, Conkright et al., 2001) and the non-HNLC regions. The mean concentration
for the HNLC regions is 0.15±0.16 nM and for the non-HNLC regions the mean is10

0.27±0.24 nM. It is notable that the iron-limited HNLC regions have mean dissolved
iron surface concentrations only moderately lower than the non-HNLC areas. These
means are considerably higher than the mean surface value of 0.07 nM calculated by
Johnson et al. (1997a). This reflects additional sampling of surface waters shortly
after dust deposition events, which in the North Pacific for example can raise surface15

water concentrations from background levels of <0.2 nM to values in excess of 0.6 nM
(Bruland et al., 1994; Wu et al., 2001; Johnson et al., 2003), increased high latitude
sampling early and late in the growing season when deeper mixing may increase iron
concentrations, and possibly systematic differences between groups measuring iron.

Many of the elevated deep water concentrations are associated with continental mar-20

gins and do not appear in our open ocean subset (compare Figs. 2a and b) most no-
tably in the Pacific data. Deep water values in the open ocean dataset range mainly
between ∼0.2–1.0 nM, with the Southern Ocean showing consistently low values and
the North Atlantic and North Pacific having higher, similar concentrations. Unlike the
North Atlantic data which typically have a surface maximum and decline with depth,25

the Arabian Sea data tend to increase modestly with depth in the upper ocean (Fig. 3).
This may be partially due to lower scavenging losses in the sub-oxic waters below the
euphotic zone (Measures and Vink, 1999).

There is a clear signal from dust deposition in the depth-resolved iron data with the
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highest concentrations in the open ocean dataset all in the high deposition regions,
and with the lowest upper ocean iron concentrations in the low deposition areas of the
Southern Ocean and the equatorial Pacific. In Fig. 3, we plot all dissolved iron obser-
vations from the open ocean dataset against the climatological annual dust deposition
estimated by Luo et al. (2003) for the late 20th century. There is considerable uncer-5

tainty in these model estimates of dust deposition, but some general patterns seem
fairly robust. Dust deposition varies over three orders of magnitude while most of the
iron observations fall within a much narrower range (∼two orders of magnitude). This
reflects the non-linear nature of iron removal processes, although variations in aerosol
iron solubility may also play a role, as the lower deposition areas generally farther from10

source regions may have higher solubilities (see Mahowald et al., 2005, and references
therein). The regions beneath the major dust plumes in the North Atlantic and northern
Indian oceans receive two orders of magnitude higher dust deposition than most other
areas. The North Pacific receives ∼2–5 times more dust than most Southern Ocean
sites, although some of the very lowest deposition rates are in the equatorial Pacific.15

There is some overlap across all the regions, some North Atlantic sites receive low
dust levels, and the South Atlantic sites span the range from low to high deposition.
A few Southern Ocean regions receive more than 1 g dust/m2/yr (Fig. 3). For each
dust deposition rate there is typically a wide range of observed iron concentrations.
This likely reflects errors in the dust deposition, variable removal by biological uptake20

and particle scavenging, influence by other Fe sources, and variations in depth of the
sample (although the database is strongly weighted towards the upper ocean).

There was sufficient data in the North Atlantic, North Pacific, and Southern Ocean
to calculate mean profiles of dissolved iron from the open ocean dataset (Fig. 4). In
the upper ocean mean dissolved iron concentrations were quite low in the Southern25

Ocean (0.16 nM upper 100 m) and in the North Pacific (0.20 nM upper 100 m), with
much higher iron levels in the North Atlantic (0.73 nM). There was a sub-surface min-
imum in the North Atlantic between 100–250 m depth, noted previously (Wu et al.,
2001; Wu and Boyle, 2001; Sedwick et al., 2005; Bergquist and Boyle, 2006). Below
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250 m the profiles for the North Atlantic and North Pacific basins are similar, despite a
roughly two orders of magnitude difference in dust deposition (Figs. 3 and 4). This sim-
ilarity was noted previously in a much smaller dataset by Johnson et al. (1997a). The
Southern Ocean has much lower mean concentrations below 250 m with the largest
difference between 1000–1500 m by a factor of ∼2.6–2.9. Values appear to converge5

somewhat in the deepest ocean, but there were few observations below 2000 m (see
Fig. 2b). We calculated mean iron concentrations below 500 m depth for these basins
as 0.37±0.19 (n=96) for the Southern Ocean, 0.74±0.33 nM (n=107) for the North
Atlantic, and 0.74±0.21 nM (n=232) for the North Pacific. The North Pacific data
may reflect a strong influence from continental sources (see Fig. 1 and MBb). If all10

observations are included (rather than just the open ocean subset) mean concentra-
tions are higher in the North Pacific (0.87±0.37 nM, n=468) than in the North Atlantic
(0.76±0.31 nM, n=149), reflecting in part more sampling near the continents in the
North Pacific. The Southern Ocean mean for all data was 0.46±0.28 nM (n=160).

The BEC simulated iron distributions are compared with the open ocean observa-15

tions in Fig. 5 (with model values extracted from the same month, depth, and location
as the observations). There is a broad agreement between the model and the obser-
vations in surface waters (r-correlation coefficient of 0.73, Fig. 5a). However, the model
tends to overestimate iron concentrations, particularly at the lower iron concentrations,
below ∼0.3 nM. Values at the high end of iron concentrations also tend to be some-20

what too high in the model. There are a couple of dozen points in the Atlantic basin
where the model drastically overestimates iron concentrations (Fig. 5a). This reflects
the coarse resolution of the ocean model and the atmospheric model used to generate
the dust deposition field. Due to the sharp gradients involved small shifts in the location
of the dust plume can create large errors in the model-data comparison, leading to the25

model estimating high iron concentrations at a number of points where low iron was
observed. In subsurface waters the model again is relatively well correlated with the
observations (r=0.76, 0.70 for log-transformed data, Fig. 5b). In contrast to surface
waters the model underestimates concentrations at the high end (>0.6 nM) and again
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tends to overestimate iron concentrations at the low end (< ∼0.3–4 nM) (Fig. 5b). There
is significant seasonal variability in the surface and subsurface iron concentrations in
the high deposition regions (not shown).

We compare spatial plots of annual mean BEC simulated iron with the observations,
illustrating the open ocean subset and full dataset observations (Figs. 6–8). Looking5

at the surface water observational data (0–103 m) dissolved iron concentrations are
typically quite low (<0.2 nM) outside the high deposition regions (Fig. 6). The model
displays qualitatively similar patterns, but often overestimates the absolute concentra-
tions in the low iron regions. In part this is due to seasonal entrainment of iron at higher
latitudes (and observational under-sampling during winter months), but the model esti-10

mates were too high even when comparing with monthly model output from the same
months as the observations (Fig. 5).

In subsurface waters the tendency for the model to overestimate iron concentrations
away from the high deposition regions in even more apparent (Fig. 7). Given our inputs
of dissolved iron from dust deposition, it is apparent that strong scavenging removal of15

iron in the upper water column below the euphotic zone is necessary to reproduce the
observed concentrations. The model tends to underestimate the subsurface dissolved
iron concentrations in the high deposition regions (Fig. 7). In the deep ocean (>500 m)
the simulated iron concentrations are lowest in the eastern Equatorial Pacific followed
by the Southern Ocean, with high concentrations (>0.6 nM) in the high deposition re-20

gions (Fig. 8a). The model output in the deep North Pacific has concentrations in be-
tween the North Atlantic and Southern Ocean regions, a pattern suggested by Parekh
et al. (2005) for the real ocean. However, the observations don’t strongly display this
pattern, but have values in the North Pacific that are similar to the high deposition
regions, except for the data closest to the central portion of the gyre where iron con-25

centrations are lower. Examining the full dataset in this region it appears that coastal
iron sources extend influence well into the North Pacific gyre, partially compensating
for the lower dust inputs from the atmosphere (Figs. 1 and 8c, see also MBb). The sim-
ulated iron concentrations in the deep Southern Ocean are considerably higher than
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observations. The model only weakly captures the strong contrast between deeper
iron concentrations in the North Pacific and Southern Ocean (Figs. 7 and 8).

In the surface observations from the Ross Sea and off the western coast of North
and South America, high concentrations are apparent in the observations near land,
declining quickly offshore (Fig. 6c). A similar pattern can be seen in the subsurface5

observations in the Ross Sea, the eastern North Atlantic, the eastern North Pacific,
the gulf of Alaska extending southwards from land, and in the western North Pacific
(Fig. 7c). At these subsurface depths (103–502 m) the coastal source can often be
seen to extend farther offshore, than in surface waters (Figs. 6c and 7c). This pattern
extends into the deep ocean as well (Fig. 1 and Fig. 8c, see also MBb) due to reduced10

particle flux and scavenging losses at depth.

4 Discussion

We have seen strong regional to basin scale trends in the observed distributions of
dissolved iron in the world ocean. These patterns confirm the strong role of atmo-
spheric dust deposition as a source of dissolved iron to the open ocean (Figs. 2 and15

3). However, this dust-iron relationship is highly nonlinear (Fig. 3), reflecting the strong
biological influence on iron distributions. Mean deep ocean iron concentrations are
similar in the North Pacific and North Atlantic, despite the much higher dust inputs to
the Atlantic (Fig. 4). It appears that the coastal iron source may contribute substan-
tially to the open ocean in the North Pacific, partially compensating for the lower dust20

inputs. We address the relative roles of atmospheric and sedimentary iron sources in
the companion paper (MBb, this issue).

Despite a wide range of dust inputs from the atmosphere, the surface iron distribu-
tions exhibit a strong bi-modal distribution, with peaks at ∼0.1–0.2 nM and at ∼0.6–
0.8 nM. These patterns likely result from interactions with the organic ligands that bind25

nearly all the dissolved iron in seawater. These interactions appear to set up dis-
tinct scavenging regimes for dissolved iron in the oceans, depending on the balance
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between iron sources and sinks. At very high iron inputs, as in the high deposition
regions, the strong binding ligands can become saturated, and scavenging rates will
increase as an increasing proportion of iron is bound to weaker ligands or exists as
free inorganic iron. Some removal of the colloidal size class of ligands will occur due
to aggregation and settling processes, but this will rapidly be replenished in surface5

waters, where biological processes releasing the ligands are active, and perhaps in
the deeper ocean during remineralization of sinking organic matter. At lower iron input
levels, this aggregation and removal of the colloidal size class will decrease surface
dissolved iron concentrations to lower concentrations. Biological uptake will also re-
move substantial amounts of dissolved iron, particularly as some larger phytoplankton10

engage in luxury uptake of iron. At very low iron input levels, or as these processes
deplete iron down to very low levels (<0.1–0.15 nM), the loss rate for dissolved iron
will likely decline. A higher proportion of the ligand-bound iron may exist in the soluble
size class (Nishioka et al., 2001, 2005) and, therefore, will not be subject to signifi-
cant aggregation/scavenging removal. Also, the phytoplankton uptake will decrease as15

available iron approaches the half-saturation values for iron uptake and phytoplankton
become increasingly iron stressed (growing more slowly and decreasing their cellular
Fe/C ratios). Thus, outside the high iron input areas, dissolved iron concentrations will
tend to be depleted to low levels in surface waters (<0.2 nM), over a fairly wide range
of iron inputs from mineral dust and other sources.20

Our assumption in the BEC model that scavenging rates progressively decrease as
iron decreases below 0.5 nM is incorrect and leads to an overestimation of dissolved
iron concentrations at the low end of observations (Figs. 5–9). In the companion pa-
per, we demonstrate a much better BEC fit to observations using a first-order, particle-
dependent scavenging rate, with no dependence on ambient iron concentration for25

iron values below 0.6 nM (MBb, this issue). Our model results also suggest that there
must be significant removal of dissolved iron in subsurface waters, where the iron con-
centrations are typically well below 0.6 nM, for the model to match the observed iron
distributions (MBb, this issue). Thus, aggregation and scavenging removal of the col-
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loidal iron pool likely plays a key role in determining dissolved iron concentrations (Wu
et al., 2001; de Baar and de Jong, 2001; Nishioka et al., 2001).

At present there are only a few studies of the size-fractionation of “dissolved” iron
between the soluble and colloidal pools. The soluble pools have been noted to have
strongly nutrient type profiles, while the colloidal fraction is more variable, often with a5

subsurface/upper thermocline minimum (Wu et al., 2001). Soluble Fe concentrations
in surface waters have been measured at ∼0.1 nM in oligotrophic (presumably N or
P limited) regions (Wu et al., 2001; Wen et al., 2006), although Cullen et al. (2006)
found values ranging between 0.04–0.28 nM in the Atlantic. Somewhat lower values
of ∼0.05 nM have been reported in the iron-limited subarctic NE Pacific and Southern10

Ocean (Nishioka et al., 2001; 2005). In these studies, the concentration of soluble iron
increased steadily with depth, to values ∼0.2–0.4 nM below several hundred meters.

The increasing soluble iron concentrations with depth may partially explain the ob-
served trend towards increasing iron concentrations with increasing depth (Figs. 6–8,
see also Fig. 4 in MBb). Other factors also likely contribute, including strong biological15

drawdown in surface waters, and weaker scavenging in the deep ocean due to lower
particle concentrations. Aggregation and scavenging of the colloidal iron fraction may
also explain the observed subsurface minimum concentration for colloidal iron (Wu et
al., 2001). In these relatively shallow, subsurface waters, iron inputs and likely the pro-
duction of the organic ligands are lower than in surface waters, but particle flux, colloidal20

aggregation, and scavenging rates are likely fairly high. Thus, even in high deposition
regions, much of the colloidal fraction may be removed by aggregation and scaveng-
ing. The release of this scavenged iron, along with lower particle flux and scavenging
rates, then leads to higher iron concentrations in the deep ocean. Scavenging rates
would still increase as dissolved iron rose above ∼0.6–0.7 nM, setting an upper limit25

on the deep ocean concentrations (Fig. 8c), as suggested by Johnson et al. (1997a).
At any one location, the observed profiles are likely fairly dynamic and dependent on
the balance between the various local sources and sinks and advective processes (Wu
and Luther, 1997; Wu and Boyle, 2002). Nishioka et al. (2001) noted strong temporal
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variations in the soluble iron fraction at depth. There is likely a dynamic, rapid turnover
and exchange of iron amongst the various pools, both at the surface and in the deeper
ocean (de Baar and de Jong, 2001; Bruland and Lohan, 2004; Cullen et al., 2006).

A global collection of dissolved iron observations has now accumulated that is suf-
ficient to place some strong constraints on ocean biogeochemical models. There ap-5

pears to be substantial scavenging removal of iron in areas where ambient concen-
trations are well below 0.6 nM. Thus, models that assume scavenging removal only
when iron concentrations exceed this threshold will tend to overestimate subsurface
iron concentrations and subsurface Fe inputs to the euphotic zone. This will tend to
over-emphasize the subsurface iron source and underestimate the importance of dust10

deposition as a driver of ocean biogeochemical cycling. Thus, it is critical that mod-
els be evaluated against observations both for surface fields, and for the subsurface
depths that drive much of the iron input to surface waters (see also MBb).

In the high deposition regions, observed iron concentrations are often well above 0.6
nM, although this signal appears to be removed by scavenging over relatively short15

timescales (weeks to months), allowing for limited advection. The mean surface iron
concentration for areas outside the high deposition regions is 0.25±0.23 nM, and the
mean in the high deposition regions is 0.76±0.27 nM. This is only a three-fold differ-
ence in mean iron concentrations, despite variations in iron inputs of several orders of
magnitude. The mean concentration for the HNLC regions is 0.15±0.16 nM, only mod-20

estly lower than for the non-HNLC regions (excluding high deposition areas) where the
mean is 0.27±0.24 nM. These averages include sporadic increases due to dust depo-
sition events (i.e., Bruland et al., 1994; Johnson et al., 2003), otherwise surface values
are typically below 0.2 nM. The deep North Pacific has similar deep ocean concen-
trations to the high deposition regions, with strong lateral gradients – high iron values25

near the continental margins, decreasing towards the center of the basin. Another key
metric is how well models can reproduce the binned distributions of iron observations
(MBb, this issue).

Hard work by numerous researchers has slowly built up the current global iron
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database over several decades, but there is still much we do not know about the marine
iron cycle. The observational database for iron is still a tiny fraction of that available for
other key nutrients. The size-fractionation of the dissolved pool and the relative roles
of soluble and colloidal classes are only just beginning to be addressed. Numerous
questions remain concerning the particle scavenging, bioavailability, photochemistry,5

and turnover times of the various iron pools The iron fertilization experiments have
demonstrated the key role iron plays in governing ocean productivity and biogeochem-
ical cycling (de Baar et al., 2005). Fully unraveling all the mechanisms and processes
controlling iron cycling in the modern ocean, and incorporating these results into ocean
biogeochemical models to understand the role of iron cycling in future and past climate10

regimes, will be a key area of research in the coming decades.
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Löscher, B. M., de Baar, H. J. W., de Jong, J. T. M.,and Goeyens, L.: The distribution of Fe in15

the Antarctic Circumpolar Current, Deep Sea-Res. II., 143–187, 1997.
Luo, C., Mahowald, N., and del Corral, J., Sensitivity study of meteorological parameters on

mineral aerosol mobilization, transport and distribution, J. Geophys. Res., 108(D15), 4447,
doi:10.1029/2003JD0003483, 2003.

Luther III, G. W. and Wu, J.: What controls dissolved iron concentrations in the world ocean? –20

a comment. Mar. Chem., 57, 173–179, 1997.
Mackey, D. J., O’Sullivan, J. E., and Watson, R. J.: Iron in the western Pacific: a riverine or

hydrothermal source for iron in the Equatorial Undercurrent?, Deep-Sea Res. I, 49, 877–
893, 2002.

Mahowald, N. M., Baker, A. R., Bergametti, G., Brooks, N., Duce, A., Jickells, T. D., Kubliay, N.,25

Prospero, J. M., and Tegen, I.: Atmospheric global dust cycle and iron inputs to the ocean,
Global Biogeochem. Cycles, 19, GB4025, doi:10.1029/2004GB002402, 2005.

Martin, J.H .: Iron as a limiting factor in oceanic productivity, in: Falkowski, P. G. and Woodhead,
A. D., Primary Productivity and Biogeochemical Cycles in the Sea. Plenum Press, New York,
123–137, 1992.30

Martin, J. H., Gordon, R. M., and Fitzwater, S. E.: The case for iron, Limnol. Oceanogr., 36,
1793–1802, 1991.

Measures, C. I. and Vink, S.: Seasonal variations in the distribution of Fe and Al in the surface

1266



waters of the Arabian Sea. Deep-Sea Research II, 46, 1597–1622, 1999.
Measures, C. I. and Vink, S.: Dissolved Fe in the upper waters of the Pacific sector of the

Southern Ocean, Deep-Sea Res. II, 48, 3913–3941, 2001.
Michaels, A. F., Karl, D. M., and Capone, D. G.: Elemental stoichiometry, new production, and

N fixation, Oceanography, 14(4), 68–77, 2001.5

Moore, J. K., Doney, S. C., Kleypas, J. C., Glover, D. M., and Fung, I. Y.: An intermediate
complexity marine ecosystem model for the global domain, Deep-Sea Res. II, 49, 403–462,
2002a.

Moore, J. K., Doney, S. C., Glover, D. M., and Fung, I. Y.: Iron cycling and nutrient limitation
patterns in surface waters of the world ocean, Deep-Sea Res. II, 49, 463–508, 2002b.10

Moore, J. K., Doney, S. C., and Lindsay, K.: Upper ocean ecosystem dynamics and iron
cycling in a global three-dimensional model, Global Biogeochem. Cycles, 18, GB4028,
doi:10.1029/2004GB002220, 2004.

Moore, J. K., Doney, S. C., Lindsay, K., Mahowald, N., and Michaels, A. F.: N fixation am-
plifies the ocean biogeochemical response to decadal timescale variations in mineral dust15

deposition, Tellus B, 58B, 560–572, 2006.
Moore, J. K. and Doney, S. C.: Iron availability limits the ocean nitrogen inventory stabilizing

feedbacks between marine denitrification and nitrogen fixation, Global Biogeochem. Cycles,
GB2001, doi:10.1029/2006GB002762, 2007.

Moore J. K. and Braucher, O.: Sedimentary and mineral dust sources of dissolved iron to the20

world ocean, Biogeosci. Discuss., 4, 1279–1327, 2007.
Nishioka, J., Takeda, S., Wong, C. S., and Johnson, W. K.: Size-fractionated iron concentrations

in the northeast Pacific Ocean: distribution of soluble and colloidal iron, Mar. Chem., 74,
157–179, 2001.

Nishioka, J., Takeda, S., de Baar, H. J. W., Croot, P. L., Boye, M., Laan, P., and Timmermans, K.25

R.: Changes in the concentration of iron in different size fractions during an iron fertilization
experiment in the open Southern Ocean, Mar. Chem., 95, 51–63, 2005.

Parekh, P, Follows, M. J, and Boyle, E. A.: Decoupling of iron and phosphate in the global
ocean, Global Biogeochem. Cycles, 19, GB2020, doi:10.1029/2004GB002280, 2005.

Parekh, P., Follows, M. J., Dutkiewicz, S., and Ito, T.: Physical and biological regulation of30

the soft tissue carbon pump. Paleoceanography, 21, PA3001, doi:10.1029/2005PA001258,
2006.

Price, N. M., Ahner, B. A., and Morel, F. M. M.: The equatorial Pacific Ocean: Grazer-controlled

1267

phytoplankton populations in an iron-limited system, Limnol. Oceanogr., 39, 520–534, 1994.
Rue, E. and Bruland, K.: Complexation of iron (III) by natural organic ligands in the central

North Pacific as determined by a new competitive ligand equilibration/adsorptive cathodic
stripping voltammetric method, Mar. Chem., 50, 117–138, 1995.

Rue, E. and Bruland, K.: The role of organic complexation on ambient iron chemistry in the5

equatorial Pacific Ocean and the response of a mesoscale iron addition experiment, Limnol.
Oceanogr., 42, 901–910, 1997.

Santschi, P. H., Murray, J. W., Baskaran, M., Benitez-Nelson, C. R., Guo, L. D., Hung, C.
C., Lamborg, C., Moran, S. B., Passow, U., and Roy-Barman, M.: Thorium speciation in
seawater, Mar. Chem., 100, 250–268, 2006.10

Savoye, N., Benitez-Nelson, C., Burd, A. B., Cochran, J. K., Charette, M., Buesseler, K. O.,
Jackson, G. A., Roy-Barman, M., Schmidt, S., and Elskens, M.: 234Th sorption and export
models in the water column: A review, Mar. Chem., 100, 234–249, 2006.

Sedwick, P. N., Church, T. M., Bowie, A. R., Marsay, C. M., Ussher, S. J., Achilles, K. M.,
Lethaby, P. J., Johnson, R. J., Sarin, M. M., and McGillicuddy, D. J.: Iron in the Sar-15

gasso Sea (Bermuda Atlantic Time-series Study region) during summer: Eolian imprint, spa-
tiotemporal variability, and ecological implications, Global Biogeochem. Cycles, 19, GB4006,
doi:10.1029/2004GB002445, 2005.

Sunda, W. G.: Control of dissolved iron concentrations in the world ocean: A comment, Mar.
Chem., 57, 169–172, 1997.20

Tsuda, A., Takeda, S., H., Saito, H., Nishioka, J., Nojiri, Y., et al.: A mesoscale iron enrichment
in the western Subarctic Pacific induces a large centric diatom bloom, Science, 300, 958–
961, 2003.

van den Berg, C.: Evidence for organic complexation of iron in seawater, Mar. Chem., 50,
139–157, 1995.25

Wells, M. L. and Goldberg, E. D.: Colloid aggregation in seawater, Mar. Chem., 41, 353–358,
1993.

Wen, L. S., Jiann, K. T., Santschi, P. H.. Physicochemical speciation of bioactive metals (Cd,
Cu, Fe, Ni) in the oligotrophic South China Sea, Mar. Chem., 101, 104–129, 2006.

Wu, J., Boyle, E., Sunda, W., and Wen, L. S.: Soluble and colloidal iron in the oligotrophic North30

Atlantic and North Pacific, Science, 293, 847–849, 2001.
Wu, J. and Boyle, E.: Iron in the Sargasso Sea: Implications for the processes con-

trolling dissolved Fe distribution in the ocean, Global Biogeochem. Cycles, 16(4), 1086,

1268



doi:10.1029/2001GB001453, 2002.
Wu, J. and Luther, G.: Complexation of Fe(III) by natural organic ligands in the Northwest At-

lantic Ocean by a competitive ligand equilibration method and kinetic approach, Mar. Chem.,
50, 159–177, 1995.

Yeager, S. G., Large, W. G., Hack, J. J., and Shields, C. A.: The Low Resolution CCSM3, J.5

Climate, 17, 2545–2566, 2006.

1269

Fig. 1. Observed iron concentrations from depths greater than 1000 m in the eastern subtropi-
cal Pacific Ocean (20–50◦ N) plotted as a function of distance to the continental land mass.
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Fig. 2. All observations of dissolved iron plotted as a function of depth with symbols denoting
ocean basins (A); all observations from the “open ocean” subset (see text for details) plotted
as a function of depth with symbols denoting ocean basin.
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Fig. 3. All observations of dissolved iron from the open ocean subset (see text for details)
plotted against atmospheric transport model estimates of annual mineral dust deposition to the
oceans in the climatology of Luo et al. (2003). Symbols indicate ocean basin as in Fig. 2.
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Fig. 4. Mean profiles of dissolved iron in the North Atlantic, North Pacific, and Southern Ocean
averaged over the depth intervals: 0–100 m, 100–250 m, 250–500 m, 500–1000 m, 1000–
1500 m, 1500–2000 m, 2000–3000 m, 3000–4000 m, 4000–5000 m.
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Fig. 5. Iron observations from the upper 103 m plotted against BEC simulated iron from the
same month, depth, and location (A); same plot but for depths 103–502 m (B).
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Fig. 6. Iron observations averaged onto CCSM3 ocean grid from depths less than 103 m com-
pared with annual mean BEC simulated iron concentrations averaged over the upper 103 m.
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Fig. 7. Iron observations averaged onto the CCSM3 ocean grid from depths greater than 103 m
and less than 502 m compared with annual mean BEC simulated iron concentrations averaged
over this depth range.
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Fig. 8. Iron observations averaged onto the CCS3 ocean grid from depths greater than 502 m
compared with annual mean BEC simulated iron concentrations averaged over depths below
502 m.
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