Author’s response

Referee comments and submitted author’s responses are listed in black. Corresponding
manuscript updates are marked in red.

-- Abstract, Introduction and Discussion: The conclusion that the oceanic storage of DIC and
the drawdown of atmospheric CO2 in response to nutrient depletion all depend on the ocean
circulation patterns (including the overturning strengths of NADW and AABW, and the
volume fraction of the ocean last ventilated from the North Atlantic vs. Southern Ocean) is
not new. The circulation effects on the ocean carbon pumps have been extensively studied
using models and theoretical frameworks: the solubility pump (e.g., DeVries and Primeau,
Atmospheric pCO2 sensitivity to the solubility pump: Role of the low-latitude ocean, GBC
2009), the biological pump (references already cited in the manuscript) and the disequilibrium
pump (e.g. Ito and Follows, Air-sea disequilibrium of carbon dioxide enhances the biological
carbon sequestration in the Southern Ocean, GBC 2013). One of the new points in this study
is that the authors discussed the relative role of the three pumps in the net change of the
simulated carbon cycle. But, because the forcing used to generate the different circulation
patterns is arbitrary, their discussion of the relative roles does not seem very interesting.
Overall, I feel that the authors need to highlight what new findings or insights this study can
provide.

Response: In the study by Ito and Follows (GBC, 2013), mentioned by the referee, it was
pointed out that more studies like these, where we analyse model output ‘in terms of different
carbon pump components’ and their behaviour could aid in understanding the behaviour of
climate models and carbon cycle models. The reviewer is correct that the circulation effect on
the ocean carbon pump has been extensively investigated. There are two main advances here
that are of importance to the community, and we will place greater emphasis on these in the
revised manuscript:

1) The initial state, not only in terms of ocean circulation, but in terms of ocean carbon
inventory and the origin of the already stored carbon (e.g. biological or solubility pump), is
crucial for the outcome of a study investigating increased efficiency of the biological pump,
and the effect of the initial state is quantifiable;

2) the relative contributions by Csat, Csoft, Ccarb, and Cdis to the ocean carbon inventory in
the initial state depends on the model tuning strategy, yet these combine in a manner to give a
response in total carbon that is more straightforwardly related to the circulation than any of
the four components (Figs. 3-4).

Regarding 1) We show that differences in the initial states can explain discrepancies in e.g. a
CO2 drawdown scenario where the efficiency of the biological pump increases. As the referee
points out, this will help to explain why previous model intercomparison studies have seen a
large spread in response among models to the same perturbation. Therefore, it can also be
important for future model intercomparison studies, in explanations of results, but also in
planning for common tuning strategies and experimental design. This will be important in
model studies of both glacial and modern climate scenarios. Here, the findings in described in
2) make it easier to understand the outcome of the drawdown experiment and therefore
provide a useful basis for explaining the role of the initial state. The findings presented in e.g.
Fig. 6 are new, and have not been covered by the studies mentioned by the referee. Of most
value here is that we show that it is possible to quantify, from theory, the effect of any bias in
the model’s initial state on its sensitivity to changes in the biological pump. We have chosen a
variety of changes to the forcing in order to demonstrate that the result is robust. This result
should be of value in understanding the biases individual models, in inter-comparison studies,
and potentially for choosing tuning criteria.



Regarding 2) Firstly, the changes to the forcing that we make are certainly idealised, but they
are not arbitrary. We are changing common circulation parameters, mainly within the limits
of common tuning ranges, to produce circulation states that are relevant in the context of the
amplitude of (palaeo-)climate change (see response to Referee #1, point 3). (The change used
to produce a 100%-efficient biological pump is, of course, an intentional exception.) As we
explore both an increase and a decrease of the same parameter, the equilibrium states
resulting from the increase and decrease, together with the control equilibrium state, provide a
range of states that can be expected from tuning of this parameter. By testing several
parameters in the same manner, we show that different tuning strategies are expected to affect
different reservoirs of the initial state carbon inventory. This leads us to the important
conclusion that, depending on the strategy used in model tuning, the relative sizes of the
reservoirs of DIC species will differ between models. As the referee points out, this has not
been done in previous studies. As a consequence, such differences have not been taken into
account in e.g. model intercomparison studies. We hope that our study can bring some
attention to this problem.

Secondly, when comparing the different changes in forcing, our main intent is for the reader
to compare the relative sizes of change of the different pumps when one parameter is changed
(e.g. when the wind stress is changed, the most important contribution to the change in carbon
inventory comes from the soft tissue pump, whereas if horizontal (isopycnal) diffusivity is
changed, the contribution from the solubility pump and disequilibrium carbon dominate).
Hence, the magnitude is not what is most important, but rather which carbon pump(s) is(are)
affected by which tuning strategy. By doing this, we emphasize that the tuning strategy is
important for determining which processes contribute to a model’s ocean carbon inventory,
and therefore its behaviour. Even if this conclusion is not entirely new, all the previous
studies focus on one or two processes at a time. We therefore believe that the structured
approach of the ensemble study, and the fact that all DIC species are investigated in the same
manuscript, can provide a comparability that can be useful for the community.

- We do, however, acknowledge the reviewer’s point that these insights need to be better
highlighted, and will make appropriate changes to the Abstract, Introduction and Discussion
sections.

—> For the corresponding changes in the manuscript, see List of relevant changes and marked
up manuscript comparison

-- Methods and Results: General comment 1) 1 assume that you don’t have preformed
nutrients (02, PO4, DIC) written out in the model output? If you do, this eliminates the
problem with O2dis, as you can calculate O2sat and then calculate the remineralised O2 and
hence Csoft explicitly. Additionally, preformed O2 and PO4 would be much more useful in
the parameterisation for ALKpre.

Response: We did not have preformed tracers in the output used for the first version of the
manuscript. However, for the new version we have re-run the simulations to get the output for
pre-formed tracers Cpre, O2pre, PO4pre and ALKpre. This eliminates the problems
mentioned by the referee. It also eliminates the need for the regression model for ALKpre.

—> For the corresponding changes in the manuscript, see List of relevant changes and marked
up manuscript comparison

-- All sections: General comment 3) If it’s not too cumbersome, perhaps consider using
descriptive abbreviations for the different SEs.

Response: We will include such abbreviations in the updated manuscript.

—> For the corresponding changes in the manuscript, see List of relevant changes and marked
up manuscript comparison

-- p. 3, lines 4-5: Could you specify the order of magnitude of the change in CO2?
Response: The order of magnitude of the CO2 rise in deglacials, as observed in ice cores (e.g.
Petit et al., 1999), is ~100 ppm. It is likely that circulation differences as large as in PMIP



LGM states (see e.g. Otto-Bliesner et al., 2007) could cause differences in deglacial CO2 on
the order of tens of ppm, if such experiments were run with equally different circulation states
in cGENIE. However, the order of magnitude of the potential discrepancies is not explicitly
mentioned by Zhang et al. in the cited paper, and we would not want to speculate about the
response of the models they are evaluating in their study.

- no change has been made to the manuscript

-- p. 3, line 35: It’s also important to note that these studies don’t even have Cres due to
infinitely fast gas exchange.

Response: Marinov et al. (2008a,b) do not have Cdis in their main ensemble of simulations,
because of the fast gas exchange in these simulations. They do, however, study the
disequilibrium component separately for a subset of 3 simulations, where they state that they
apply ‘regular’ gas exchange. In this study, we cover a wider range of simulations that
include Cdis. In Kwon et al. (2011), they assume the change in Cdis to be negligible in the
theoretical derivation and therefore run most of the simulations with very fast gas exchange.
They do, however, also analyse some simulations with a ‘normal’ gas exchange coefficient, in
order to validate the theoretical model for atmospheric pCO2, but they do not explicitly study
the disequilibrium response. The component of Cres that consists of calculation errors should
be present in all of these studies, regardless of whether they have artificially fast or normal
gas exchange. E.g. in Kwon et al., the calculation errors from the theoretical calculations of
the changes in Csoft and Ccarb will be grouped together with Csat, which is not calculated.

- For the corresponding changes in the manuscript, see marked up manuscript comparison

-- p. 4, lines 3-5: I don’t find this paragraph necessary.
Response: The paragraph will be removed in the updated manuscript.
- removed

* as much as possible of Section 2, Section 3.1.1 and Sections 3.2-3.4 will be put into an
appendix. After re-running the model with pre-formed tracers (see Author’s Response to
Referees #2 and #3), the parts of the text that describe back-calculations to pre-formed
nutrient from apparent oxygen utilization (see e.g. section 3.2, p. 10) and the regression
model for preformed alkalinity (see section 3.3) can be removed entirely. This will be
replaced by a short subsection (3.1.3), which describes the use of pre-formed tracers in the
model.

- See Appendices A and B

--p. 4, lines 28-29: I don’t believe that this is correct, as the pumps can have opposing effects.
It should be specified that the net effect of all of the pumps must be to redistribute carbon
from the surface to the deep ocean.

Response: We will rephrase the sentence as follows: ‘If the net capacity of the carbon pumps
to redistribute carbon from the surface to the deep ocean increased, this would act to decrease
pCO2atm.

- changed

-- p. 5, line 17: I think what you mean is that alkalinity is not set (or affected) by gas
exchange, but referring to an “expected” value of Cpre is a little misleading.

Response: Since the regression model for ALKpre is no longer used, the two sentences at the
end of this paragraph (starting with ‘Unlike CO2...”) will be removed.

- removed

-- p. 5, lines 31-32: Please include Martin (1990), Paleoceanography, as this is one of the
central references for increased soft tissue pump efficiency during glacials.



Response: We will add Martin (1990) in the updated manuscript.
—> added

*** Methods: The way the biological pump is simulated in the model is unclear. The authors
included the carbonate pump in their models and analyses (expressed as Ccarb), but there is
no description on how the carbonate pump is represented in the model. For example, are the
sedimentation processes included in the model? How are the production and dissolution of
calcifying organisms represented in the model? How is the strength/efficiency of the
carbonate pump affected by the drawdown experiment? In the drawdown experiment
(specified in lines #31-33 of page #9), the remineralization length scale of sinking organic
particles is made very deep (10,000m), so that “any carbon that is taken up in organic material
to be highly efficiently trapped in the deep ocean and not undergo any significant
remineralization”. Does it mean that most of inorganic nutrient is converted to organic form
and stored in the abyss without being remineralized back to inorganic form? If this is the case,
then the amount of organic matter would increase substantially in the drawdown experiment,
and the carbon fixed in organic material should be an important component in the mass
balance equations and can’t be ignored in the theoretical derivations presented in the
manuscript. Likewise, the equation “Ppre=P-Preg” would be incorrect. This needs to be
clarified.

Response: The way the biological pump is simulated in the model is thoroughly
described by Ridgwell et al. (2007). Since the description is lengthy and the paper is already
long, we decided not to include the full description in the manuscript, but instead describe the
most relevant part describing remineralisation (section 3.1.2) and reference the paper for the
in-depth model description. We agree with the referee that it should be clarified that the
explicit information on the biogeochemical cycling can be found in this paper (see manuscript
changes below).

We also agree that we need to make some clarifications regarding the drawdown experiment.
The referee asks ‘Does it mean that most of inorganic nutrient is converted to organic form
and stored in the abyss without being remineralized back to inorganic form?” Yes, that is
exactly the case, and the referee correctly states that this means the amount of organic matter
in the deep ocean significantly increases. The referee is also correct in saying that the
theoretical derivation that neglects the organic matter no longer holds. Therefore, we do not
use this derivation for the drawdown experiment (we only use it in the first step, where we
compare the initial equilibrium states). For the drawdown experiment, we do not explicitly
calculate the change in strength of the soft tissue pump, the carbonate pump, or the changes in
disequilibrium. The theoretical derivation could be made valid for this case by assuming that
106 times the amount of particulate P in the deep ocean should be added to Csoft. However,
we have chosen not to explore the changes in strength of the different pumps in the drawdown
experiment, since it is a highly hypothetical case. We are mainly interested in the differences
in CO2 drawdown between different ensemble members in the limit of a highly efficient
biological pump. That the biological pump is made highly efficient is clear from the two
orders of magnitude decrease in dissolved P in the ocean, which will also be clarified in the
manuscript.

- We will add a clarification in section 3.1, at the end of the second paragraph. This
clarification reads “The model description of export flux of organic matter is based on
available surface nutrients (see Ridgwell et al., 2007, Eq. 1-4), and instead of having a
“standing plankton biomass” in the model, the export of particulate organic matter is derived
directly from uptake of P. The carbonate precipitation rate is thermodynamically-based and
relates export flux of CaCO3 to the flux of POC (see Ridgwell et al., 2007, Eq. 8). As
investigation of carbonate system feedbacks are not the purpose of this study, interactive
sediments are not used, and in terms of carbon cycling, the atmosphere-ocean is studied as a
closed system.”

- We will also add to section 3.1.2, before the final sentence of the second paragraph, the
sentence ‘The remineralisation of CaCO3 in the water column is treated in a similar manner
to particulate organic carbon.”



- Note that in the updated manuscript, these updates are all in Section 3.1, since Section
3.1.2 has been removed and incorporated into 3.1 (see List of relevant changes)

-- p. 7, lines 5-6: “and has a level of detail for the carbon system that made it particularly
suitable for this study.” This is very general; please specify why it is appropriate for this study
(and/or why less complex models are not).

Response: The referee asks particularly about less complex models. A very simple ocean
carbon system model such as miniBLING (Galbraith et al., 2015), which only has P, DIC and
02, would not be suitable for this study, because we are using ALK in our calculations.
However, we want to emphasise that it is not only a question of complexity being high
enough. Too high complexity could also pose a problem, e.g. a highly complex ocean
ecosystem model with several functional types would be more expensive to run in terms of
computational cost and therefore less suitable for this study. cGENIE balances having enough
complexity in the ocean carbon system with a suitable level of complexity in terms of ocean
resolution.

The full sentence on p.7, lines 5-6: “cGENIE is higher in complexity than box models, but is
still efficient enough to allow running a large ensemble to equilibrium for the carbon system,
and has a level of detail for the carbon system that made it particularly suitable for this
study.” should be rephrased as follows: “cGENIE is higher in complexity than box models,
but is still efficient enough to allow running a large ensemble to equilibrium for the carbon
system. In terms of ocean carbon system tracers, the minimum required for this type of study
is P, DIC, O2, ALK. cGENIE includes many additional tracers, out of which only some are
used in this study. For example, particulate (POC) and dissolved organic carbon (DOC) are
included in the calculations of model carbon inventory. Of particular importance for this
study is the possibility to run with pre-formed tracers (Ppre, Cpre, O2pre, ALKpre).”

-- p. 8, line 25: When referring to Cdis, it would be useful to cite Ito and Follows (2013),
GBC.

Response: The citation will be added in the updated manuscript.

—> citation added in the Introduction

* Pg 9 Methods: Are the ranges for vertical diffusivity, wind stress, horizontal diffusivity, etc
that are used in the sensitivity experiments comparable to the range of values that are
normally used to tune models? Would be useful to provide this information here, so that the
reader can assess whether your sensitivity experiments represent values that might normally
be used.

Response: For this study, our intention is for the ensemble to be representative of a wide
range of plausible ocean circulation states. The chosen parameter ranges correspond to a
halving and doubling of the values used in the control simulation. Our chosen values are
within the parameter space explored for a predecessor to the GENIE-model by Edwards and
Marsh (2005), except the low wind stress simulation (see below). Similar parameter ranges
are also explored for GENIE by e.g. Marsh et al. (2013). For the most part, our selected
values are within the parameter ranges that generate the subset Edwards and Marsh (2005)
refer to as low-error simulations.

In the Bern3D model, with physics based on Edwards and Marsh (2005) and thus similar to
GENIE, Miiller et al. (2006) doubled the observed wind stress (W = 2) to get a more realistic
gyre circulation. Marinov et al. (2008 a,b) used the Geophysical Fluid Dynamics Laboratory
Modular Ocean Model version 3, which has the same default value for isopycnal diffusivity
(1500 m? s ) as our model. Marinov et al. (2008 a,b) explore a range of 1000-2000 m” s™
(c.f. our range of 750-3000 m* ™). When comparing with models that have different available
tuning parameters, diagnostic variables such as temperature, salinity and AMOC volume
transport can indicate whether our achieved states are within the common tuning range for
ocean circulation.

We compare the temperature and salinity ranges in two selected grid points of the ensemble
of pre-industrial control states (PIC) of PMPI2 and CMIP5/PMIP3 (IPCC; see Table B1) to



the corresponding grid cell ranges of our equilibrium states SE/-SE/2. In these selected grid
cells, we cover a similar span in salinity and an equally broad range in temperatures as the
PMIP-ensemble, though the temperatures in our ensemble are higher (range shifted by
~1.5°C). According to Muglia and Schmittner (2015), the PMIP3 PIC AMOC range is 12.6-
23.0 Sv (Table B1). If we exclude the combined simulation with halved wind stress and
halved diapycnal (vertical) diffusivity (SEZ2, now denoted WS/2 _DD/2), which has a very
weak AMOC (2.0 Sv), the AMOC range for our equilibrium states is 8.3-18.0 Sv (Table B1).
Thus, there is a difference of ~8-9 Sv between highest and lowest value, which is also the
case for the PMIP3 PIC:s, but our ensemble does not cover the two highest PMIP3 AMOC
values.

Table B1 Diagnostic variables of the pre-industrial control states of PMIP2 and CMIPS5/PMIP3
(temperature and salinity as read from Fig. 9.18. of WG1 in IPCC ARS and AMOC as given in Table 1
in Muglia and Schmittner (2015)) compared to similar diagnostics for our ensemble SE/-SE12 and
control state PIES278.

Variables PMIP2 + CMIP5/PMIP3 | Odalen et al. cGENIE
pre-industrial control states SEI-SEI2 and PIES278
Potential temperature | 2.9 — 6.4' 4.6-8.0°
(°C), N.Atl.
Potential temperature | -1.6 — 2.0 -0.3-3.7"
(°C), S.Atl.
Salinity, N.Atl. 34.8 —35.5' 35.3-35.6°
Salinity, S.Atl. 34.6 —35.0° 34.9-35.1"
iAMOC (1 Sv=10°m’s | 12.64 —23.02° 2.0-18.0°
)

" North Atlantic PMIP grid point: 55.5°N, 14.5°W, 2,184 m depth

North Atlantic cGENIE closest corresponding grid cell: 51-56°N, 10-20°W, 1,738-2,100 m depth
?South Atlantic PMIP grid point: 50°S, 5°E, 3,636 m depth

* South Atlantic cGENIE closest corresponding grid cell: 46-51°S, 0-10°E, 3,008-3,576 m depth

3 Muglia and Schmittner (2015), PMIP3 pre-industrial control ensemble AMOC at 25°N, average with
interval of one standard deviation

% ¢cGENIE maximum Atlantic overturning. The SE ensemble member with halved wind stress and low
vertical (diapycnal) diffusivity has a collapsed AMOC circulation (2.0 Sv). The average of this variable
for all other SE:s is 13.8 Sv (range 8.3 — 18.0 Sv).

- This full response has been added as a new subsection “Sensitivity experiment tuning parameters”

* Pg. 9 LN 13 — confusing — do you mean that you hold ALK and P constant in your
experiments?

Response not given — corrected directly in manuscript

—> Clarification given: During the spin-up phase, pCO,"™ is still restored to 278 ppm (Fig. 1)
and the ocean reservoir of nutrients (in this case, PO,) is the same as PIES278, though
nutrients are redistributed. 4y has no external sources/sinks and is only affected by the
biological pump, which means it is negligibly different between ensemble members.

atm

* Pg 9 LN 14-20 — Upon first reading, it was unclear what delta (A, D" ) represents. Please
define specifically that you are comparing the carbon estimates from PIES278 with
equilibrium values from SE(n).

Response not given — correct directly in manuscript

—> Clarified by changing the sentence at Pg. 9 LN 19, which introduces the equation, to: “The
change in the total carbon inventory, $\Delta{TC}$ [mol] between SPIES278$ and some
equilibrium state $SE(n)$, where $n = (1, ..., 12)$, can be described by”




* Pg 9 and then again on Pg 10 — when you describe the experiments in which you have
implemented artificially fast gas exchange to remove Cdis, please identify this experiment
with its number listed in Table 1.

Response not given — correct directly in manuscript

- The experiments with artificially fast gas exchange are no longer used, so this has been
removed from the manuscript.

-- p. 10, lines 14-24: Another important reference is Ito et al. (2004), GRL.

Response: The citation will be added in the updated manuscript.

- Reference added in the manuscript in the section about preformed nutrients, where the
issue of oxygen disequilibrium is mentioned.

-- Section 3.3: Do you use the same parameterisation for preformed alkalinity in all
simulations? Please specify the errors in Cres in the surface field.

Response: Yes, for comparability we were using the same parametrisation. Since we are now
running with pre-formed tracers (including ALKpre), this question is no longer relevant for
the updated manuscript.

- Deleted

-- p. 12, lines 17-22: Again, please specify the size of the error introduced by making this
approximation.

Response: First, we want to emphasise that the dissociation constants used to determine CO2
solubility in the model (Mehrbach et al., 1973) are only defined for temperatures between 2—
35 °C. Since this restriction is applied in the model, we also apply it in the calculation of Csat
throughout the manuscript. To make estimates of the error caused by the restriction, we must
assume that the dissociation constants are valid for all temperatures and then make a new
calculation of Csat without the restriction (henceforth we call this fullCsat). This assumption
inevitably makes the error estimates approximate. However, the dissociation constants
determined by Goyet and Poisson (1989) for artificial seawater between -1-40°C are similar
to the constants given by Mehrbach et al. (1973). Thus, the assumption that the dissociation
constants are applicable for a wider range of temperatures appears to be partly valid. When
we calculate fullCsat, we find that this is larger than Csat in all ensemble members, by
between 0.06 and 0.6% (clarification of line 20). When use the inventories of fullCsat to
calculate DfullCsat (between the SEs and PIES278), we find that the contribution by
temperature changes to DTC is on average underestimated by approximately 33 +/- 36%
when the temperature restriction is applied. This hence strengthens our argument in Section
5.1. that the effects of the changes in the solubility pump should not be disregarded.

The paragraph on p. 12, lines 17-22 will be rephrased as follows:

“The dissociation constants used in the cGENIE calculations of solubility for CO2 in sea
water follow Mehrbach et al. (1973), which are only defined for waters between 2-35 °C.
Hence, the expression for CO2 solubility in the model is restricted so that all water below 2
°C has the same CO?2 solubility (similarily for all water above 35°C). In the calculations of
Csat, we use CO25YS with this temperature restriction, to accurately represent the model
behaviour. In order to estimate the error introduced by this restriction, we need to assume that
the same dissociation constants can be used outside the given temperature interval. The
validity of this assumption is supported by the results of Goyet and Poisson (1989), who find
similar dissociation constants for the interval -1-40°C in a study on artificial seawater. When
CO2SYS is run using model ocean temperatures without the temperature restriction, we find
that the calculated inventory of Csat in the SEs is 0.06-0.6% larger than with the restriction.
For PIES278 the inventory of Csat is 0.25% larger. In terms of DCsat, the unrestricted Csat
inventories indicate that the contribution by temperature changes to DTC is on average
underestimated by approximately 33 +/- 36% when the restriction is active. Since the
restriction is used consistently, the error caused by the restriction being present in the model
should not constitute a significant problem for our analysis. Nonetheless, the underestimation



of the effect of temperature changes should be heeded in the discussion of our results.”

On p. 19, line 10, after the sentence ending with “...the dominant response”, we add: “Due to
the temperature restriction on the CO2 solubility constants (see Section 3.4), the effect of
DCsat is likely to be underestimated by on average 33 +-/36 % in our results, further
emphasising its importance.”

—> added to Appendix B and Discussion

* Results section: The results section is similarly very wordy; it mixes methods, results, and
discussion together; many points that take multiple paragraphs to make could be simplified to
1-2 sentences. I suggest a thorough attempt to go through this paper and streamline the
writing.

- We have made thorough changes to the Results section and separated methods, results and
discussion (see List of relevant changes and marked up manuscript)

* The entire top of page 13 describes how figure 2 will be put together, with only two half-
sentences (regarding ensemble range of pH and pCO2atm) that describe results.
—> replaced by actual results (ranges)

-- p. 14, lines 6-7: Isn’t this relationship true per definition of Csoft?

Response: The text on line 6-7 on p. 14 does not mention Csoft. We assume the referee is in
fact referring to the sentence starting on p. 15, line 6-7, which mentions the linear relationship
between Csoft and P*. It is true that this linear relationship results from the definitions of
Csoft and P*, which is also mentioned in the next sentence, starting with “P* is a direct
measure...” on p. 15, line 7.

—> Sentence partially rephrased to clarify that the linearity is expected.

*p. 14 LN 12-17 — this section does not describe any results presented.
- moved to Methods

* p. 14 LN 27 — here and throughout this discussion, the authors indicate that horizontal
diffusivity affects Csat and Cres more than Csoft, but the more obvious result is the minimal
impact on deltaTC overall. This is worth noting.

Response not given — correct directly in manuscript

- note added

* p. 15 LN 28 — “In ensemble members in which horizontal diffusivity in the ocean is
changed, Csat is larger than Csoft.” When horizontal diffusivity is reduced or increased?
Specify that it is larger whether horizontal diffusivity is increased or decreased. It is near
impossible from Figure 2 to discern this.

Response not given — correct directly in manuscript

—> The paragraph is re-written according to the results of the calculations using preformed
tracers.

*p. 15 In 29-37 — estimating the implications of the relationship between Csat and aveT for
the glacial ocean is a point for discussion, not results

Response not given — Correct directly in manuscript

- Moved to subsection ‘Solubility pump and disequilibrium’ under Discussion

-- p. 15, lines 29-31: Please describe here the importance of the temperature limit on the
calculation of Csat, if this is on a comparable order of magnitude.

Response: On line 28, after sentence ending “... larger that DCsoft.”, we add:

“In addition, the temperature restriction on the dissociation constants (see Section 3.4) is



likely to cause DCsat to be underestimated by on average 33 +/- 36% in our ensemble.”
- added

Lines 29-31 are moved to Section 5.3, implications for glacial studies. After the sentence
ending “...were likely larger than in our set of experiments.”, we add: “Fig. 7 suggests that
DCsat for a change in Tavg of -2.6°C c.f. pre-industrial would be approximately 2.6 * 1lel6
mol (310 GtC), whereas DCsat for the coldest of our simulations is only 1.3 * 1e16 mol (160
GtC). If we account for a likely underestimation of DCsat of 30% (see Section 3.4) in Fig. 7,
a simulation as cold as the LGM state suggested by Headly and Severinghaus (2007) would
have an increase in strength of the solubility pump corresponding to ~400 GtC.

- moved and added

*p. 15 LN 18-31 — the average global temperature of simulations has a range of 2.3-4.9 C,
which results in a range in delta pCO2atm from Csat of -16 — +17 ppm or -13 to +12ppm
(depending upon how the calculation is made). = Suggested shortening of the paragraph by
the referee.

- The suggested shortening removes some vital information that we want to include,
especially the range in Csat. Also, we want to emphasise the usefulness of the Goodwin et al.
equations and would prefer to keep the specific mention of it. Therefore, we suggest the
following shortened paragraph:

“Csat,T is the contribution to Csat from water temperature. Global average temperature,
Tavg, of the equilibrium states has a range of 2.3—4.9 °C (see Table 3), resulting in an interval
of change in Csat;T of -0.8*%10'° — +0.6 *10'° mol (Fig. 2b, Fig. 6), or -96 — +72 GtC. Note
that this includes a restriction on the solubility constants which prevents solubility from
increasing with temperatures below 2°C, which weakens the close-to-linear relationship
between Tavg and Csat;T (Fig. 6). This corresponds to a range in pCOzatm of about -7 —
+11 ppm (Figs. 2f and S1) when we solve the carbon system equations Appendix C). The
simplified equation (Eq. C9) suggested by Goodwin et al. (2011) yields results for  pCO2
that in general are 10 — 20 % lower compared to using the carbon system equation solver (Fig.
S1). Changes in Csat caused by changes in preformed alkalinity (Csat;Apre ) spans -1.9 * 10"
— 1.8%10'° (Fig. 2b), which roughly corresponds to a range in pCO’atm of -21 — +21 ppm
(Fig. 21).”

which spans approximately 8 lines in the updated manuscript (c.f. 13 lines in the discussion

paper).

--p. 17, lines 13-14: Have you done experiments to specifically examined he role of sea ice in
determining Cdis? Quantitative results would be very interesting!

Response: We have done experiments to examine the differences in Cdis between simulations
in a subset of the ensemble (as described in the manuscript). There is some sea ice output
available from these simulations, but we have chosen not to include a deeper analysis of this
output in this already long manuscript. We have not made separate simulations where we e.g.
only vary the extent of the sea ice, but this could potentially be done for a future study.

- No change

--p. 17, line 15: Only 0.01%? This seems to be at odds with Fig. 2.

Response: The number should be 0.1% (the model carbon inventory is approximately 3* 1el8
mol and DeltaCdis is on the order of 1e16 mol). The calculation giving the number 0.01%
used the difference between runs with normal and artificially fast gas exchange, which
underestimated the signal of Cdis. We thank the referee for finding this error. The estimates
of Fig. 2 agree better with the calculation of Cdis = Cpre — Csat, resulting from the new runs
with pre-formed tracers (see new Fig. 9).

— Changed to 0.1%, figures replaced



-- p. 18, line 15: Changes in the solubility due to ocean temperature changes don’t seem
“indirect”

Response: By indirect we mean secondary, as in a response that is the result of some other
change. In this case, the primary change is to pCO2atm as the result of increased biological
efficiency. As a response to the lower CO2, climate changes in terms of changed ocean
circulation and ocean temperature occur. There is then a secondary, or rather additional,
response of the ocean carbon system to these changes.

We will rephrase the sentence as follows: “There are also additional effects on pCOatm due
to changes in ocean temperature caused by changes in radiative balance, circulation and
disequilibrium.

- “indirect” replaced by “additional”

<DISCUSSION>

-- p. 19, lines 31-32: Ito and Follows (2013), GBC also uses the same scheme to look
specifically at this; please include this.

Response: The citation will be added in the updated manuscript.

—> citation added and discussed

* Pg 20 LN 17 — Technically the authors have not shown the role of “AMOC strength,” which
refers specifically to the Atlantic overturning limb. The plots calculate the difference between
northern (Atlantic) and southern source components and thus combine the roles of the
northern and southern overturning strengths. Changes in the southern source might mask
changes in the AMOC alone. I suggest using a different phrase here.

—> Changed to overturning circulation strength, SOVTS, which is defined in the new Section
3.4 (see List of relevant changes)

-- p. 20, lines 23-24: Please specify what you mean by “an LGM-like circulation” and add
appropriate citations

Response: By an LGM-like circulation we mainly mean that the boundary between North
Atlantic Deep Water (NADW) and Antarctic Bottom Water (AABW) was substantially
shallower during the LGM than today. This circulation pattern is supported by paleonutrient
tracers (reviewed by Marchitto and Broecker, 2006). This will be added to the updated
manuscript.

—> added description and citation

<CONCLUSIONS>

-- p. 22, line 27: Please cite the statement that “there may have been more, not less, preformed
nutrients in the deep ocean during the last glacial”

Response: The reference is Homola et al. (2015), but the reference is located in the wrong
part of the sentence.

—> This study is not yet published, but has been presented at AGU by Kira Homola and
discussed in personal communication with Arthur Spivack. This has been clarified in the
manuscript, where the sentence has been rewritten as: “However, on-going studies indicate
that there may have been more, not less, preformed nutrients in the deep ocean during the last
glacial \citep[][and Spivack, A. J. (P.C., 2015)]{HomolaEtAl2015}, which implies less
efficient nutrient utilisation by biology.”

<APPENDIX AND FIGURES>

-- p. 24, line 6: please specify if you mean the soft tissue pump and/or the carbonate pump
Response: We mean both pumps. There are alkalinity corrections that are associated with the
carbonate system as well as with the formation and destruction of organic matter (related to



the nitrogen cycle).
- clarification added

* Figure 2 summarizes all results, but its current presentation makes it very difficult to distill
anything more than the general magnitudes. I suggest (1) providing the labels of the
sensitivity experiments and sorting them somehow, perhaps by the anticipated magnitude of
total effects, from largest to smallest; (2) separating this figure in to 3-4 panels: biological,
residual, solubility, and total (indicating on the total plot the largest contributor to the total
change).

Response: We have attempted to make the figure clearer by (1) providing the labels of the
sensitivity experiment (note: the acronyms in the labels have changed from the submitted
manuscript, to acronyms that should be easier to remember); (2) separating the figure in to the
suggested panels; and 3) by re-sorting the simulations. We have chosen to keep the results
sorted in pairs of high/low adjustments of circulation parameters (denoted x2 for doubled and
/2 for halved, of which the doubled are always listed on top), and made this separation into
pairs clearer, in order to make it easy to see the expected range of carbon storage differences
within the span of the chosen parameter values. We have changed the order so that all the SEs
with changes to atmospheric parameters come first, and put wind stress (WS) on top of
atmospheric heat diffusivity (AD) because the wind effect is stronger. Then come the changes
to the ocean diapycnal (DD, “vertical”) and isopycnal (ID, “horizontal”) diffusivities. Finally
come the combined simulations, also re-ordered to have the simulations with larger DeltaTC
come first. Sorting them by anticipated magnitude of total effects appears to be less useful,
since the values of the explored parameters do not cover the full range of extreme values that
could potentially be used in climate simulations (see response to point 3). The new version of
the figure is attached to this response.

- Figure updated accordingly

-- Fig. 8: Perhaps difference sections would be more useful?

Response: We wish to also show the structure of the water mass in the different states. Hence,
we suggest adding difference sections as supplementary material, showing how SE5 and SE6
deviate from PIES278.

—> Difference sections added to supplementary material (Fig. S2)

-- Fig. 9: It would be more illustrative to zoom in with the colourbar.

Response: This figure will be updated to show Cpre — Csat, which improves the estimate of
Cdis and shows that the previous method (calculating the difference between runs with
normal and artificially fast gas exchange) did not fully reveal Cdis. See new, updated figure,
which is attached to this response. When pre-formed tracers are available, the simulations
with unrealistically fast gas exchange are no longer used for the analysis.

- Figure updated

*#* Fig. 10 showing the CO2 drawdown potential as a function of a change in the mean
ocean temperature does not convey any messages. There seems no relationship between the
two. Plus, if my reading is correct, water temperature does not control the strength/efficiency
of the biological pump in the model. Therefore, there is no reason that the CO2 drawdown
potential should be correlated with ocean temperature. Why don’t the authors use other
metrics such as the initial preformed PO4 as an X-axis instead, as was done in Marinov et al.,
2008?

Response: The referee is correct in saying there is no direct relationship between mean ocean
temperature and the efficiency of the biological pump. Any relationship between the two is
indirect and due to the fact that the ocean circulation affects both variables. This is what we
were trying to show with this figure. However, we agree with the referee that the figure is not
crucially important for the story and it will therefore be removed. The figure described by the
referee, which presents CO2 drawdown potential and initial preformed POs4, is present in the



manuscript, but in a slightly different format. Panel ¢ in Figure 6 shows CO, drawdown
potential on the Y-axis and global average P* on the X-axis. P* = Preg/P and Ppre = P — Preg
(see Egs. 2 and 8), so the quantities of P* and Ppre are closely related. We therefore think an
additional figure showing CO, drawdown potential vs. Ppre would be redundant.

- Fig. 10 removed together with the paragraph where it was discussed.

-- Figures: Please make the font size larger, particularly in Fig. 7-10
Response: This will be corrected in the updated manuscript.
—> Figures updated

-- Table 3: Please give units for DC; why not include DCcarb?

Response: The table shows correlation coefficients between circulation strength and DC, not
values of DC in different ocean basins. The order of magnitude of DC could be specified in
the table caption. DCcarb will be included in the updated manuscript. The first sentence of the
table caption will be rephrased as follows: “Correlations between the changes in carbon
species and the changes in strength of the zonal average overturning streamfunction (PSImax
- PSImin) below 556 m depth in different geographical regions.”

—> After further revisions, the caption is rephrased to: “Correlation coefficients of the changes
in OV T (see Section 3.4), sorted by geographical regions, and the anomaly in each carbon
species for the SE-ensemble (relative to PIES278).”



List of relevant changes

e Abstract

e}

The abstract has been clarified to better describe the manuscript’s relevance.

e Introduction

e}

The introduction has been restructured and clarified to better describe the
manuscript’s relevance.

* Framework and general concepts:

e}

The section has been significantly shortened and now lacks subsections. The
concepts are briefly introduced, while most of the explanations of Sections
2.1 (‘The ocean carbon pumps’) and 2.3 (‘Nutrient utilisation efficiency’)
have been moved to Appendix A, sections Al and A2 respectively.

e Methods

e}

e Results
o

o
o

The general model description (Section 3.1) has been clarified according to
specific requests of the referees and the text that was in Section 3.1.2
(‘Remineralisation scheme’) has been shortened incorporated into 3.1.

A new Section 3.1.2 on the use of preformed tracers in the model has been
added to the updated manuscript.

Section 3.2 has been shortened and some explanations of concepts have been
moved to Appendices A2, B and Bl. Concept explanations have been
updated to match the methods that make use of preformed model tracers.
Section 3.3-3.4 on methods concerning the separation of carbon species have
been moved to Appendices B3 and B2 respectively. Methods have been
updated for the use of preformed model tracers, e.g. the regression model for
preformed alkalinity has been removed and we no longer use runs with
artificially fast gas exchange in order to capture the effects of Cgs.

A new section 3.3 ‘Sensitivity experiment tuning parameters’ has been
added, in accordance with referee requests.

A new section 3.4 ‘Overturning’ has been added to introduce the metric
OVT, which was not properly described in the initial manuscript.

All results of the carbon separation have been updated according to the new
methods, which make use of preformed model tracers.

Ensemble members have been given names (descriptive abbreviations).

In the initial manuscript, the Results section mixed methods, results and
discussion. We have attempted to make a clearer separation between these
and move each part to where they belong. We have also made an effort to
streamline the writing. The updated Results section is therefore shorter.

We have shifted the order of the subsections 4.1.3 and 4.1.4 to match the
subsection order with the order of the carbon species as listed in Eqgs. 4 and 5.
Fig. 10 has been removed along with the associated discussion in the final
paragraph of Section 4.2.

e Discussion

e}

The discussion has been re-written according to the results obtained with the
updated methods using preformed model tracers.

A new section 5.2 ‘Implications of changes in OVT in relation to changes in
carbon’ has been added. Some of the contents were previously in the Results
section, but have been moved here to get a better structure for the manuscript.



* Conclusions

e}

e}

The conclusions have been updated to better describe the manuscript’s
relevance

In order to shorten the Conclusions section, the final paragraph has been
moved to Section 5.4

* Appendices

o
o

The old Appendix A is now Appendix C
Some concepts and methods described in Sections 2 and 3 have been moved
to the new appendices A and B.

e References

e}

* Figures

e}

o
o

Several new references have been added, some requested by referees and
some that are relevant to other updates in the manuscript (Brovkin et al.,
2012; DeVries and Primeau, 2009; Eggelston and Galbraith, 2017; Goodwin
et al., 2015; Goyet and Poisson, 1989; Heinze et al., 1991; Ito and Follows,
2013; Klockmann et al., 2016; Marchitto and Broecker, 2006; Martin, 1990;
Marzocchi and Jansen, 2017; Mehrbach et al., 1973; Munhoven, 2002;
Ridgwell, 2001; Sijp et al., 2014; Sime et al., 2016; Stocker, 2014; von der
Heydt and Dijkstra, 2006)

References that are no longer relevant for the text in the updated version of
the manuscript have been removed (Aumont et al., 2016; Broecker, 1974;
Zeebe and Wolf-Gladrow, 2001)

Relevant figures that show carbon components have been updated with
results given by the new methods using preformed model tracers

Font size has been increased in most figures

Fig. 2 has been updated (requested by referee #1), and now shows subpanels
for each of the carbon components. The ensemble members have been re-
ordered to give a clearer structure to the results. All other figures that list the
SEs in order have been updated according to the same structure.

Figs. 6-8 have been re-ordered to match the new structure of the text

Fig. 7 (Fig. 6 in the updated manuscript) has been updated with results from
non-linear calculations of Cgy 1

Fig. 9 has changed significantly, because the new results for Cgs are given by
the methods using preformed model tracers instead of subtraction of runs
with artificially fast gas exchange.

Tables have been updated with results given by the new methods using
preformed model tracers

Tables have been re-ordered according to the new structure of SEs given in
Fig. 2

A new Table 2 has been added, which compares diagnostic variables of the
SE ensemble to PMIP/CMIP ensembles. The table is part of the new Section
3.3 on sensitivity experiments

Tables 2 and 3 have been re-numbered 3 and 4 respectively.
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Abstract. During the four most recent glacial cycles, atmospheric COy during glacial maxima has been lowered by about
90-100 ppm with respect to interglacials. There is widespread consensus that most of this carbon was partitioned in the ocean.
It is however still debated which processes were dominant in achieving this increased carbon storage. In this paper, we use
an Earth system model of intermediate complexity to constrain the range in ocean carbon storage for an ensemble of ocean
circulation equilibrium states. We do a set of simulations where we run the model to pre-industrial equilibrium, but where
we achieve different ocean circulation by changing forcing parameters such as wind stress, ocean diffusivity and atmospheric
heat diffusivity. As a consequence, the ensemble members also have different ocean carbon reservoirs, global ocean average
temperatures, biological pump efficiencies and conditions for air-sea CO» disequilibrium. We analyse changes in total ocean
carbon storage and separate it into contributions by the solubility pump, the biological pump and the CO; disequilibrium
component. We also relate these contributions to differences in strength of ocean overturning circulation. In cases with weaker
circulation, we see that the ocean’s capacity for carbon storage is larger. Depending on which ocean forcing parameter that
is tuned, the origin of the change in carbon storage is different. When wind stress or ocean vertical diffusivity is changed,
the response of the biological pump gives the most important effect on ocean carbon storage, whereas when atmospheric heat
diffusivity or ocean horizontal diffusivity is changed, the solubility pump and the disequilibrium component are also important
and sometimes dominant. Finally, we do a drawdown experiment, where we investigate the capacity for increased carbon
storage by maximising the efficiency of the biological pump in our ensemble members. We conclude that different initial states
for an ocean model result in different capacities for ocean carbon storage, due to differences in the ocean circulation state.
This could explain why it is difficult to achieve comparable responses of the ocean carbon pumps in model intercomparison
studies, where the initial states vary between models. The drawdown experiment highlights the importance of the strength of

the biological pump in the control state for model studies of increased biological efficiency.
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Abstract. During the four most recent glacial cycles, atmospheric CO5 during glacial maxima has been lowered by about
90-100 ppm with respect to interglacials. There is widespread consensus that most of this carbon was partitioned in the ocean.
It is however still debated which processes were dominant in achieving this increased carbon storage. In this paper, we use an
Earth system model of intermediate complexity to explore the sensitivity of ocean carbon storage to ocean circulation state. We

carry out a set of simulations where we run the model to pre-industrial equilibrium, but where we achieve different states of

ocean circulation by changing forcing parameters such as wind stress, ocean diffusivity and atmospheric heat diffusivity. As a
consequence, the ensemble members also have different ocean carbon reservoirs, global ocean average temperatures, biological
pump efficiencies and conditions for air-sea CO5 disequilibrium. We analyse changes in total ocean carbon storage and separate
it into contributions by the solubility pump, the biological pump and the CO; disequilibrium component. We also relate these
contributions to differences in strength of ocean overturning circulation. Depending on which ocean forcing parameter that
is tuned, the origin of the change in carbon storage is different. When wind stress or ocean diapycnal diffusivity is changed,
the response of the biological pump gives the most important effect on ocean carbon storage, whereas when atmospheric heat
diffusivity or ocean isopycnal diffusivity is changed, the solubility pump and the disequilibrium component are also important
and sometimes dominant. Despite this complexity, we obtain a negative linear relationship between total ocean carbon and the
combined strength of the northern and southern overturning cells. This relationship is robust to different reservoirs dominating
the response to different forcing mechanisms. Finally, we do a drawdown experiment, where we investigate the capacity for
increased carbon storage by maximising the efficiency of the biological pump in our ensemble members. We conclude that
different initial states for an ocean model result in different capacities for ocean carbon storage, due to differences in the
ocean circulation state and the origin of the carbon in the initial ocean carbon reservoir. This could explain why it is difficult
to achieve comparable responses of the ocean carbon pumps in model inter-comparison studies, where the initial states vary
between models. We show that this effect of the initial state is quantifiable. The drawdown experiment highlights the importance

of the strength of the biological pump in the control state for model studies of increased biological efficiency.

i-net PDFC comparison results from 29/12/2017

Page 1/51




Profile Text only Comparison bg-2017-166-manuscript-version2.pdf - bg-2017-166-manuscript-version3.pdf

Copyright statement. All authors accept the licence and copyright agreement.

i-net PDFC comparison results from 29/12/2017 Page 2/51



Profile Text only

Comparison bg-2017-166-manuscript-version2.pdf - bg-2017-166-manuscript-version3.pdf

20

25

30

1 Introduction

When going from and interglacial toward a glacial maximum, atmospheric COs is significantly lowered. During the last four
glacial cycles (since ~ 400000 years B.P.), the decrease has been about 1/3 and atmospheric pC'O at these glacial maxima
(marine isotope stages 2, 6, 8 and 10) was approximately 180 ppm (see e.g. Petit et al. (1999); Liithi et al. (2008) and refer-
ences therein). The ocean’s capacity for storing carbon is many times larger than its atmospheric and terrestrial (biosphere)
counterparts. CO, reacts with water to form bicarbonate and carbonate ions, and because of this, a lot more CO5 than expected
(compared to e.g. O2) is dissolved before chemical equilibrium is achieved. This leads to the ocean holding 50 times more
carbon than the atmosphere (Williams and Follows, 2011; Falkowski et al., 2000) and over 13 times that of the terrestrial
biosphere (Falkowski et al., 2000; IPCC, 2007). Due to this big difference in size between the carbon reservoirs, it is highly
likely that most of the CO, that was taken out of the atmosphere during glacials was partitioned in the deep ocean rather than
in the terrestrial biosphere (Kohfeld and Ridgwell, 2009).

That the oceanic carbon storage increased during glacials is a well established idea, and there are numerous studies of how
and why this happened (e.g., Broecker, 1982; Sarmiento and Toggweiler, 1984; Archer et al., 2000a; Sigman and Boyle, 2000;
Brovkin et al., 2007; Hain et al., 2010; Sigman et al., 2010). However, the relative effects of different processes contributing
to this oceanic uptake have not yet been well constrained and, so far, there is a lack of consensus on which processes that were
dominant (reviewed in Kohfeld and Ridgwell (2009)). Understanding these relative effects of oceanic CO5 uptake mechanisms
can also be important in other climate scenarios than glacial simulations.

To understand the oceanic uptake of CO, and the different processes involved, it is helpful to think about the different
pathways that exist for carbon that is taken up in the surface layer to reach the deep ocean. These pathways are often referred to
as the solubility pump and the biological pump (further described in Section 2.1). In this work, we focus on better constraining;
1) the effects of changes in global ocean mean temperature on the abiotic ocean-atmosphere CO5 equilibrium and hence on the
solubility pump; 2) the effect of changed CO- disequilibrium; and 3) the effects of increased efficiency of the biological pump.
By performing ensemble runs using the Earth system model cGENIE (Ridgwell et al., 2007; Cao et al., 2009), we examine the
changes in the carbon system that result from changes in ocean circulation.

Changes in ocean circulation, which can be due to climate change or other, independent physical processes (e.g. changes
in bathymetry), will lead to changes in global ocean mean temperature, through e.g. redistribution and changes in formation
rates of water masses. Firstly, if surface ocean temperature changes, this will have a direct effect on CO; solubility and hence
on the atmosphere-ocean CO equilibrium. Secondly, if the temperature, and thus the concentration of dissolved COz, in the
deepwater formation areas changes, this will impact on the deep-ocean concentration of CO2 (Goodwin et al., 2011). Ocean
circulation changes will also affect the ocean carbon content by influencing nutrient distributions, biological efficiency and
time scales for outgassing of CO5 in upwelling areas.

Model studies of glacial climate generally start from pre-industrial atmospheric CO», that is prescribed, while the circulation
model is tuned in order to achieve the target ocean fields of tracers such as salinity, temperature, and dissolved chemical com-

pounds. However, the desired tracer fields can be achieved through multiple different combinations of the tuning parameters,
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1 Introduction

The transition from interglacials to glacial maximums is associated by a substantial reduction in atmospheric CO- (henceforth,
pCOZ™). During the last four glacial cycles (since ~ 400,000 years B.P.), the decrease has been about 1/3 and atmospheric
pCO; at these glacial maxima (marine isotope stages 2, 6, 8 and 10) was approximately 180 ppm (see e.g., Petit et al., 1999;
Liithi et al., 2008, and references therein). When CO, dissolves in water, most of the molecules react with the water to form
bicarbonate and carbonate ions. To achieve equilibrium between the atmospheric and surface ocean partial pressures of COg,
further dissolution is then required (c.f. e.g. O, which does not react with water). As a consequence, the ocean holds 50 times
more carbon than the atmosphere (Williams and Follows, 2011; Falkowski et al., 2000) and over 13 times that of the terrestrial
biosphere (Falkowski et al., 2000; IPCC, 2007). Due to this size difference between the carbon reservoirs, a larger fraction
of the CO, that was missing from the atmosphere during glacials is likely to have been stored in the deep ocean than in the
terrestrial biosphere (Kohfeld and Ridgwell, 2009).

That the oceanic carbon storage increased during glacials is a well established idea, and there are numerous studies of how
and why this may have happened (e.g., Broecker, 1982; Sarmiento and Toggweiler, 1984; Archer et al., 2000a; Sigman and
Boyle, 2000; Brovkin et al., 2007; Hain et al., 2010; Sigman et al., 2010). However, the relative effects of different processes
contributing to this oceanic uptake have not yet been well constrained and, so far, there is a lack of consensus on which
processes that were dominant (reviewed in Kohfeld and Ridgwell, 2009).

To understand the controls on oceanic storage of CO, and the different processes involved, it is helpful to think about the
different pathways that exist for carbon that is taken up in the surface layer to reach the deep ocean. These pathways are often
referred to as the solubility pump and the biological pump (further described in Section 2). In this work, we focus on better
constraining: 1) the effects of changes in global ocean mean temperature on the abiotic ocean-atmosphere CO equilibrium
and hence on the solubility pump; 2) the effect of changed CO; disequilibrium; and 3) the effects of increased efficiency of
the biological pump. By performing ensemble runs using the Earth system model cGENIE (Ridgwell et al., 2007; Cao et al.,
2009), we examine the changes in the carbon system that result from changes in ocean circulation.

Changes in ocean circulation, which can be due to climate change or other independent physical processes (e.g. tectonic and
ocean gateway changes, such as the opening of the Drake Passage, (e.g., von der Heydt and Dijkstra, 2006; Sijp et al., 2014)),
will lead to changes in global ocean mean temperature, through e.g. changes in the locus and strength of deep water formation.
Firstly, if surface ocean temperature changes, this will have a direct effect on CO, solubility and hence on the atmosphere-
ocean CO; equilibrium. Secondly, if the temperature, and thus the concentration of dissolved COs, in the deepwater formation
areas changes, this will impact on the deep-ocean concentration of CO2 (Goodwin et al., 2011). Ocean circulation changes will
also affect the ocean carbon content by influencing nutrient distributions, biological efficiency and time scales for outgassing
of COy in upwelling areas.

When studying glacial ocean CO5 uptake, the most common modelling approach is to aim at reproducing a glacial climate
by adjusting physical parameters, such as orbital parameters, pCO$'™, bathymetry, sea level, topography and/or ice sheets

(e.g., Ganopolski et al., 2010; PMIP3), in ways that they may have changed during glacials. These changes influence the ocean
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which means similar tracer fields can be achieved in different model states despite differences in their circulation. With this
study, we aim to investigate the consequences of the circulation differences that result from this tuning; are there other aspects
of the climate system, such as the strengths of the ocean carbon pumps, that become so significantly different that they can
be crucial for the outcome of e.g. model intercomparison studies? As discussed in Zhang et al. (2013), overturning circulation
differences in the initial glacial state can cause differences in results in model intercomparison studies of deglacial CO, rise.

Specifically, we aim to clarify how the ocean carbon storage, and in particular the COy drawdown potential (DP, see
Section 2.3, Eq. (3)), of a model depends on its equilibrium state. This will provide insight about why it is difficult to compare
results from different model studies that have attempted to simulate and explain the lowering of atmospheric pC' O (henceforth,
pCOS'™). One example of a model study where this dependence on the initial state may have been key is Archer et al. (2000b).
They investigated the abiotic chemical equilibrium in a few different models and showed that there was a consistent difference
between box models and general circulation models (GCMs). They attributed this to differences in complexity. However, they
also found a significant difference in behaviour between different GCMs, which they were unable to explain. We hypothesize,
and show, that such differences could instead be due to differences in the initial state, where differences in circulation are
causing the strengths of the carbon pumps, and thus model carbon inventories, to be different.

When studying glacial ocean CO; uptake, the most common modelling approach is to aim at reproducing a glacial climate
by adjusting physical parameters, such as orbital parameters, pCOS$'™, bathymetry, sea level, topography and/or ice sheets
(e.g., Ganopolski et al., 2010; PMIP3), in ways that they may have changed during glacials. These, in turn influence the ocean
circulation by affecting e.g. climate (temperature), tidal dissipation (Schmittner et al., 2015) and wind stress (Sime et al., 2013).
In the first step of this modelling study, we instead do a process study where we change physical parameters in the model, one
or two at a time, while restoring pCO$*™ to the pre-industrial value. The parameters we change are common tuning parameters
in climate models, such as wind stress intensity and ocean diffusivity. This approach allows us to see how the ocean circulation
changes that follow from tuning each of these parameters affect the ocean carbon storage. We are particularly interested in the
relative importance of the changes in the solubility pump, the biological pump and in CO disequilibrium.

Through the first step of the modelling, we will show that the effect of changes in ocean circulation on global ocean mean
temperature, and thus on the solubility pump, is significant and in some cases of similar importance as the effect on the
biological pump. This first step will also allow us to discuss how specific changes to circulation parameters will influence the
total carbon uptake in model simulations of e.g. glacial scenarios. In particular, we will focus on the influence of the strength
of the global and basin scale overturning circulation.

In the second step, we enforce 100 % nutrient utilisation efficiency (see Section 2.3) in the different circulation patterns of
the ensemble. This allows us to measure the difference in drawdown potential for CO5 between different ocean circulation
states. A new equilibrium in CO, between atmosphere and ocean will be established, and thus also pCO$™, will be different
depending on the ocean circulation. This will illustrate how the initial state of a model can be important for the outcome of a
glacial CO5 drawdown experiment and highlight the importance of differences in the initial states of models in intercomparison
studies. Our theoretical approach is similar to those taken by Marinov et al. (2008a, b); Kwon et al. (2011). However, these

studies all focus mainly on the contributions to ocean dissolved inorganic carbon (DIC') by the biological pump. In this study,
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circulation by affecting e.g. climate (temperature), tidal dissipation (Schmittner et al., 2015) and wind stress (Sime et al., 2013).
Model studies of glacial climate are generally based on a pre-industrial control state, where pCO$*™ is prescribed, while the
circulation model is tuned in order to achieve the target ocean fields of tracers such as salinity, temperature, and dissolved
chemical compounds (e.g. Heinze et al., 1991; Brovkin et al., 2007; PMIP3). However, the desired tracer fields can be achieved
through multiple different combinations of the tuning parameters, which means that similar tracer fields can be achieved in
different model states despite differences in their circulation. In this study, we aim to investigate the consequences of the initial
state circulation differences that result from this tuning: are there other aspects of the climate system, such as the strengths of
the ocean carbon pumps, that become so significantly different that they can be crucial for the outcome of e.g. model inter-
comparison studies of glacial CO5 drawdown? As discussed in Zhang et al. (2013), overturning circulation differences in an
initial glacial state could similarily cause differences in results in model inter-comparison studies of deglacial CO rise.

Specifically, we aim to clarify how the initial equilibrium state, not only in terms of ocean circulation, but in terms of ocean
carbon inventory and the origin of the already stored carbon (e.g. biological or solubility pump), is crucial for the outcome of
a study investigating increased efficiency of the biological pump. This will provide insight about why it is difficult to compare
results from different model studies that have attempted to simulate and explain the glacial lowering of pCO%'™. One example
of a model study where this dependence on the initial state may have been key is Archer et al. (2000b). They investigated
the abiotic chemical equilibrium in a few different models and showed that there was a consistent difference between box
models and general circulation models (GCMs). They attributed this to differences in complexity, although Ridgwell (2001)
found that the box vs. GCM differences could be explained by inappropriately low ocean surface temperature assumptions in
the original box model descriptions. However,Archer et al. (2000b) also found a significant difference in behaviour between
different GCMs, which they were unable to explain. We show that such differences could instead be due to differences in the
initial state, where differences in circulation are causing the strengths of the carbon pumps, and thus model carbon inventories,
to be different. More importantly, we highlight that this effect of the initial state is quantifiable.

In this study, we do not attempt to reproduce glacial climate. In the first step of the modelling, we instead carry out a process
study where we change physical parameters in the model, one or two at a time, while restoring pCO$*™ to the pre-industrial
value. The parameters we change are common tuning parameters in climate models, such as wind stress intensity and ocean
diffusivity. This approach allows us to see how the ocean circulation changes that follow from tuning each of these parameters
affect the ocean carbon storage. We are particularly interested in the relative importance of the changes in the solubility pump,
the biological pump and the CO, disequilibrium. Through the first step, we will show that the effect of changes in ocean
circulation on global ocean mean temperature, and thus on the solubility pump, is non-negligible and in some cases of similar
importance as the effect on the biological pump. We will also show that the relative contributions by the biological pump,
the solubility pump and by C'O, disequilibrium to the ocean carbon inventory in the initial equilibrium state depends on the
model tuning strategy, yet these combine in a manner to give a response in total carbon that is more straightforwardly related
to the circulation than any of the individual components. This first step will also allow us to discuss how specific changes to
circulation parameters will influence the total carbon uptake in model simulations of e.g. glacial scenarios. In particular, we

will focus on the influence of the strength of the global and basin scale overturning circulation.
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we give equal attention to the perspective of the solubility pump and disequilibrium contributions to the total ocean carbon
storage in a similar set of simulations.

Some general concepts and the framework we have used are introduced in Section 2. Theory and methods are described in
Section 3. We then present the model ensemble output in Section 4. These results are discussed and put into perspective in

5 Section 5.

2 Framework and general concepts
2.1 The carbon pumps

COy, that is dissolved in the ocean surface layer is often described as being able to reach the deep ocean via two pathways —
the solubility pump and the biological pump. These pathways are thouroughly described in Volk and Hoffert (1985) and later
10 in Williams and Follows (2011).

The abiotic (non-biological), physical patwhay, or the solubility pump, begins with air-sea gas exchange, which acts to
achieve a chemical equilibrium between the atmosphere and the surface ocean. This equilibrium depends on temperature.
Colder surface water can dissolve more CO5 which can then be transported (or pumped) down into the deep ocean with the
ocean circulation. This carbon is also referred to as preformed carbon. Due to the fact that deep water forms in cold regions,

15 the sinking water is enriched in carbon compared to surface waters in warmer regions. Since this cold water fills up the deep
ocean everywhere, there will be a close link between the global ocean averages of temperature and preformed carbon.

The biological pathway, or the biological pump, begins with biological production in the surface ocean. Carbon is incor-
porated into soft-tissue organic compounds. Some of this material then reaches the deep ocean, either by being advected in
currents or by simply falling out of the surface layer. When the organic material is decomposed, inorganic carbon (CO3) comes

20 back into dissolution in the water. This fraction of DIC is referred to as regenerated carbon. Carbon is also incorporated into
hard-tissue (shells) in the form of CaCOs which can be dissolved in the deep ocean. This dissolution influences deep ocean
alkalinity (Section 2.2).

Due to the difference in the chemical role of soft-tissue and hard tissue carbon, the biological pump is more correctly

referred to as being two separate pumps; the soft-tissue pump and the carbonate (hard-tissue) pump. The soft-tissue pump acts
25 to increase deep ocean DIC, whereas the hard-tissue pump has a counter effect (Section 2.2), but net effect of the biological
pump is to enhance the deep ocean concentration of DIC.

In the massive ocean carbon reservoir, about 90 % is expected to be preformed carbon and the remaining 10 % organic or
regenerated carbon. (Williams and Follows, 2011). If the capacity of one or all of the carbon pumps to redistribute carbon from

the surface to the deep ocean increased, this would act to decrease EQOm;S.
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In the second step, we enforce 100 % nutrient utilisation efficiency (see Section 2) in the different circulation patterns of
the ensemble. This allows us to measure the difference in drawdown potential for CO, between different ocean circulation
states. A new equilibrium in CO, between atmosphere and ocean will be established, and thus also pCO$™, will be different
depending on the ocean circulation. This will illustrate how the initial state of a model can be important for the outcome of a
glacial COy drawdown experiment and highlight the importance of differences in the initial states of models in inter-comparison
studies. The effect of the solubility pump on pCO$'™ has previously been studied by e.g. DeVries and Primeau (2009). The
effect of air-sea disequilibrium of C'O5 and its connection with biological carbon sequestration was studied by Ito and Follows
(2013) and in recent work by Eggleston and Galbraith (2017) (in review). Our theoretical approach is similar to those taken
by Marinov et al. (2008a), Marinov et al. (2008b) and Kwon et al. (2011). However, these studies all focus mainly on the
contributions to ocean dissolved inorganic carbon (DIC) by the biological pump. In this study, we aim to determine a robust
relationship between a model’s initial-state and its drawdown potential that accounts for the biological pump, the solubility
pump and disequilibrium contributions. Such a relationship, if it is sufficiently simple, will be useful in assessing the effect of

model biases on the sensitivity of the carbon cycle to climate perturbations.

2 Framework and general concepts

COx, that is dissolved in the ocean surface layer is often described as being able to reach the deep ocean via two pathways — the
solubility pump and the biological pump. These pathways are thouroughly described in Volk and Hoffert (1985) and later in
Williams and Follows (2011). More details are given in Appendix Al. Our separation of DIC into its different sources of origin
(see Section 3.2), which is related to the two carbon pumps, will largely follow the framework of Ito and Follows (2005). This
framework has been widely applied (e.g., Williams and Follows, 2011; Marinov et al., 2008b; Kwon et al., 2011; Lauderdale
etal., 2013).

Of the total ocean carbon reservoir, about 90 % is expected to be preformed carbon, i.e. from the solubility pump, and the
remaining 10 % organic or regenerated carbon, i.e. from the biological pump (Williams and Follows, 2011). If the net capacity
of the carbon pumps increased, this would act to decrease pCO$!"™. For instance, increased efficiency of the biological pump is
a frequently proposed explanation for the glacial CO, drawdown (e.g. Sarmiento and Toggweiler, 1984; Martin, 1990; Sigman
and Boyle, 2000). By “increased efficiency” we mean that more of the available nutrients in the surface layer are used for
biological production before the water is subducted into the deep ocean. When the nutrient utilisation efficiency (NUE) is
increased, the biological pump gets stronger and transfers more carbon to the deep ocean. As a result, the air-sea equilibrium
of COy is shifted and more CO is drawn from the atmosphere into the surface layer of the ocean, reducing pCO$'™.

As described in the framework of Ito and Follows (2005), NU E can be described in terms of the parameter P*, which is the
global average ratio of regenerated to total nutrients in the deep ocean (see Appendix A2). In Earth system models, how much
CO that can be removed from the atmosphere by increasing the NUE depends on P*, which can differ between models and

between different climate states achieved in the same model (Marinov et al., 2008b). The difference between BQQmNE in the
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2.2 Alkalinity

An important player in the oceanic carbon cycle is alkalinity. It describes the buffer capacity of the ocean; hence, the ocean’s
capacity to resist a change in pH despite the addition of an acid, such as CO,. Sea water total alkalinity is the number of moles
of H* equivalent to the excess of proton accepting ions (bases), mainly CO3;~ and HCO3~, over proton donors (acids). If
there is an excess of proton acceptors, the addition of an acid to the sea water will only weakly affect the pH (Zeebe and
Wolf-Gladrow, 2001). The main external source of alkalinity to the ocean is weathering of carbonates on land and the main
sinks are precipitation of CaCO3 by marine organisms, such as microorganisms and reef building corals, and burial of these
carbonates in both shallow and deep sea sediments (Sarmiento and Gruber, 2006).

Biological production affects the vertical distribution of ocean alkalinity, due to the hard-tissue pump. In the surface ocean,
some microorganisms such as coccolithophores and foraminifera surround their cells with a shell consisting of CaCOs. Since
OOw\ is one of the H*-accepting ions that contribute to ocean alkalinity, the formation of shells will decrease the alkalinity
of the surface ocean. This leads to a reduction of the surface ocean capacity to dissolve CO,. Hence, this will act to increase
pCOS™™ . Due to this, the hard-tissue pump is sometimes called the ‘carbonate counter pump’ (Kohfeld and Ridgwell, 2009).

When the shells are exported to the deep ocean and dissolved, alkalinity is returned to solution. Hence, some of the alkalinity
in the deep ocean is of biological, or regenerated, origin. This part of the alkalinity, we will denote A, . The rest of the
alkalinity in the deep ocean was set at the surface and then brought into the deep ocean by the circulation; this is preformed
alkalinity, A,,.. Unlike CO3, A, does not have a typical, expected value, set by processes in the surface ocean. However,
sea surface salinity and oxygen concentration are correlated with surface alkalinity and can therefore be used to estimate A,
(see section 3.3).

Total alkalinity, A, is

Ar = Apret Areg &)

This partitioning of alkalinity will be useful for understanding the relative importance of the hard-tissue biological pump in
oceanic carbon storage.

It is likely that ocean alkalinity increased during glacials due to ice formation and associated sinking sea levels, causing e.g.
more weathering of carbonates. This may have contributed to the substantial drawdown of CO; into the ocean that happened
during glacials (see e.g. Sigman and Boyle (2000) and references therein).

In order to model the effect of alkalinity changes on pCO$!™, we would need an open ocean-atmosphere system with river
supply and sedimentation of alkalinity. This would require a different type of modelling than we do here and our analysis is

restricted to the ocean-atmosphere system, excluding sediment feedbacks.
2.3 Nutrient utilisation efficiency

Increased efficiency of the biological pump is a frequently proposed explanation for the glacial CO, drawdown (eg. Sarmiento

and Toggweiler (1984); Sigman and Boyle (2000). By “increased efficiency”” we mean that more of the available nutrients in
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initial equilibirum state, pCO5%, and the lowest pCO$'™ that can be achieved by increased NU E, pCOF*™ (achieved when
P* = 1), will be referred to as the COy drawdown potential of a model, DP:

DP = pCO5¢ — pCOmn M

When the biological pump is working at maximum efficiency (when P* = 1), we can assume that a specific amount of
carbon proportional to the total amount of nutrients in the ocean will be trapped in the deep ocean at all times, assuming fixed
stoichiometric ratios (see Section 3.1.1). This carbon will not participate in the chemical equilibrium between atmosphere and
ocean which decides the pCOZ'™.

An important component of the oceanic carbon cycle is alkalinity. It is related to the buffer capacity of the ocean; hence, the
ocean’s capacity to resist a change in pH despite the addition of an acid, such as CO,. Biological production affects the vertical
distribution of ocean alkalinity through the hard-tissue pump. When the CaCOs shells of micro-organisms are exported to the
deep ocean and dissolved, alkalinity is returned to solution. Hence, some of the alkalinity in the deep ocean is of biological, or
regenerated, origin. This part of the alkalinity, we will denote A,..,. The rest of the alkalinity in the deep ocean was set at the

surface and then brought into the deep ocean by the circulation; this is preformed alkalinity, A,,.. Total alkalinity, A, is

Ar = Apre + Areg ()]

This partitioning of alkalinity will be useful for understanding the relative importance of the hard-tissue biological pump in
oceanic carbon storage.

It is likely that ocean alkalinity increased during glacials due to more weathering of carbonates caused by lower sea levels
(e.g., Munhoven, 2002; Brovkin et al., 2012). This may have contributed to the substantial drawdown of COj into the ocean that
happened during glacials (see e.g. Sigman and Boyle, 2000, and references therein). In order to model the effect of alkalinity
changes on pCO$'™, we would need an open ocean-atmosphere system with river supply and sedimentation of alkalinity.
This would require a different type of modelling than we do here. Our analysis is restricted to the ocean-atmosphere system,

excluding sediment feedbacks. A7 thus has no external sources/sinks and is only affected by the biological pump.

3 Methods
3.1 Model

‘We use the model cGENIE, an Earth System Model of Intermediate Complexity (EMIC), which is a computationally efficient
model developed for studying the ocean carbon cycle on timescales of 100-100,000 years. cGENIE is higher in complexity
than box models, but is still efficient enough to allow running a large ensemble to equilibrium for the carbon system. In terms
of ocean carbon system tracers, the minimum required for this type of study is P, DIC, O and Ar. cGENIE includes many

additional tracers, out of which only some are used in this study. For example, particulate (POC') and dissolved organic carbon
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the surface layer are used for biological production before the water is subducted into the deep ocean. The remaining, unused,

nutrients are brought with the circulation into the deep ocean, where no new production is possible. In the same way as carbon

and alkalinity, the inorganic nutrients in the deep ocean can be separated into a preformed and a regenerated contribution; pre-

formed nutrients are the unused nutrients subducted during deepwater formation (the physical pathway), whereas regenerated
5 nutrients have been transported to the deep via the biological pump (Ito and Follows, 2005).

When the nutrient utilisation efficiency is increased, the concentration of preformed nutrients, P,.., decreases and the
concentration of regenerated nutrients, P4, increases. This means that the biological pump gets stronger and transfers more
carbon to the deep ocean. The air-sea equilibrium of COj is shifted and more CO; is drawn from the atmosphere into the
surface layer of the ocean, reducing pCO§'™.

10 As described in the framework introduced by Ito and Follows (2005), the global average of P, relative to the overall global
average concentration of inorganic nutrients (denoted by P) is a measure of nutrient utilisation efficiency. This can be described

using the parameter P*,

Pr= o) @

Here, the overbars mark that we are using the global average of a quantity. If P* is 1, all available nutrients in the deep
15 ocean were brought there by the biological pump. In other words, the deep ocean is ventilated by surface waters that have had
all nutrients removed, hence (at steady state,) the ocean interior will have no preformed nutrients.

In Earth system models, how much CO; that can be removed from the atmosphere by increasing the nutrient utilisation
efficiency depends on P*, which can differ between models and between different climate states achieved in the same model
(Marinov et al., 2008b). The difference between pCO4™ in the initial equilibirum state, pCO37, and the lowest pCO3"™ that

20 can be achieved by increased nutrient utilisation efficiency, pC'O5*™ (achieved when P* = 1), will be referred to as the CO5

drawdown potential of a model, DP:

DP =pCOYt — pCOT ©)

When the biological pump is working at maximum efficiency (when P* = 1), we can assume that a specific amount of
carbon proportional to the total amount of nutrients in the ocean will be trapped in the deep ocean at all times, assuming fixed
25  stoichiometric ratios (see Section 3.1.1). This carbon will not participate in the chemical equilibrium between atmosphere and

ocean which decides the pCO3"™.
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3 Methods
3.1 Model

We use the model cGENIE, an Earth System Model of Intermediate Complexity (EMIC), which is a computationally efficient
model developed for studying the ocean carbon cycle on timescales of ~ 100 — 100,000 years. cGENIE is higher in complexity
than box models, but is still efficient enough to allow running a large ensemble to equilibrium for the carbon system, and has
a level of detail for the carbon system that made it particularly suitable for this study. Model characteristics are described in
Edwards and Marsh (2005) and Ridgwell et al. (2007).

The physical ocean is modeled using a frictional-geostrophic 3D model on a 36x36 equal area grid in the horizontal and 16
depth levels. The atmospheric model is an Energy Moisture Balance Model (EMBM) with prescribed, climatological wind-
fields. Ocean biogeochemistry and atmospheric chemistry are treated by separate modules that are coupled to the physical
models and to each other. The biogeochemical module is based on a phosphate-only nutrient scheme. Hence, phosphate (P) is
the limiting nutrient. The nitrogen (N) cycle is not modelled, but the effect of N on alkalinity during production and reminer-
alisation of organic matter is represented. In those cases, N is assumed to have a fixed stoichiometric relationship with P (see
Section 3.1.1).

As our control state, we use the pre-industrial equilibrium state described in Cao et al. (2009). During the spin-up (10,000
years) to this equilibrium state, pC O™ is restored to 278 patm (= 278 ppm), while the inventory of carbon in the model is

allowed to change. Henceforth, this pre-industrial equilibrium state will be referred to as P1ES278.
3.1.1 Stoichiometry

The stoichimoetric relationships in cGENIE is based on Redfield (1963). As such, there is, on average, a fixed relationship
between the number of moles of the elements that are taken up (or released) in organic processes in the ocean. This relationship
iSN:P:C:02=16:1:106: —138; for each 1 mole of P used in biological production, 16 moles of N and 106 moles of C
are also used, but 138 moles of O, are released. The same relationship applies to the decomposition of organic material, which
releases N, P and C, but consumes O. Any stoichiometric ratio involving oxygen is negative, e.g. the ratio between C and O5
is Reuo, = 106/ — 138 ~ —0.768.

Adjustments to the stoichiometric ratios given in Redfield (1963) have been proposed by e.g. Takahashi et al. (1985) and
Anderson and Sarmiento (1994), but the classic Redfield ratios are still widely accepted and used. The choice of constants
is not crucial for the outcome of the study, and we have hence stayed with the default model setup of the official release of
c¢GENIE.

More recently, the stoichiometry of production of new organic material has been shown to be highly variable, between
species but also within the same species while living under different conditions, such as nutrient availability (e.g., Quere et al.,
2005; Galbraith and Martiny, 2015). While this does not contradict that the ratios are on average similar to the results by
Redfield (1963), this in-situ variability in stoichiometric ratios could potentially be important in a glacial scenario. However,

evaluating the influence of such variability is beyond the scope of the present study.
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(DOC) are included in the calculations of model carbon inventory (see Appendix B). Of particular importance for this study
is the possibility to run with preformed tracers (Ppy.c, qum,bmw: , Apre, see Section 3.1.2). Model characteristics are described
in Edwards and Marsh (2005); Ridgwell et al. (2007) and Cao et al. (2009).

The physical ocean is modeled using a frictional-geostrophic 3D model on a 36x36 equal area grid in the horizontal and 16
depth levels. The atmospheric model is an Energy Moisture Balance Model (EMBM) with prescribed, climatological wind-
fields (Cao et al., 2009). Ocean biogeochemistry and atmospheric chemistry are treated by separate modules that are coupled
to the physical models and to each other (Ridgwell et al., 2007). The biogeochemical module is based on a phosphate-only
nutrient scheme. Hence, phosphate (P) is the limiting nutrient. The model description of export flux of organic matter is based
on available surface nutrients (see Ridgwell et al., 2007, Eqs. 1-4), and instead of having a “standing plankton biomass” in the
model, the export of particulate organic matter is derived directly from uptake of P. Remineralisation in cGENIE primarily
depends on oxygen availability (Ridgwell et al., 2007). POC' is modelled as two fractions: one more easily degradable (labile)
fraction, which undergoes an exponential decay with depth, and one fraction that is more resistant to degradation, which
remineralises at the ocean floor. In the drawdown experiment (Section 3.2), the length scale of the exponential decay is adjusted.
The remineralisation of CaCOg in the water column is treated in a similar manner to POC'. The carbonate precipitation rate
is thermodynamically-based and relates export flux of CaCOj to the flux of POC (see Ridgwell et al., 2007, Eq. 8). As
investigation of carbonate system feedbacks are not the purpose of this study, interactive sediments are not used, and in terms
of carbon cycling, the atmosphere-ocean is studied as a closed system.

As our control state, we use the pre-industrial equilibrium state described in Cao et al. (2009). During the spin-up (10,000
years) to this equilibrium state, pCO$'™ is restored to 278 patm (= 278 ppm), while the inventory of carbon in the model is

allowed to change. Henceforth, this pre-industrial equilibrium state will be referred to as PIES278.
3.1.1 Stoichiometry

The stoichimoetric relationships in cGENIE is based on Redfield (1963). Thus, when organic material is formed, the elements
are taken up in the proportions N : P: C': O3 =16 : 1: 106 : —138. For example, 138 moles of O, are released for every mole
of phosphorus that is taken up. The same relationship applies to the decomposition of organic material, which releases N,
P and C, but consumes O,. The nitrogen (N) cycle is not modelled, but the effect of N on alkalinity during production and
remineralisation of organic matter is represented, based on the fixed stoichiometric relationship with P. Adjustments to the
stoichiometric ratios given in Redfield (1963) have been proposed by e.g. Takahashi et al. (1985) and Anderson and Sarmiento
(1994), but the classic Redfield ratios are still widely accepted and used. The choice of constants is not crucial for the outcome
of the study, and we have hence stayed with the default model setup of the official release of cGENIE.

More recently, the stoichiometry of production of new organic material has been shown to be highly variable, between
species but also within the same species while living under different conditions, such as nutrient availability (e.g., Quere et al.,
2005; Galbraith and Martiny, 2015). While this does not contradict that the ratios are on average similar to the results by
Redfield (1963), this in-situ variability in stoichiometric ratios could potentially be important in a glacial scenario. However,

evaluating the influence of such variability is beyond the scope of the present study.
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3.1.2 Remineralisation scheme

Remineralisation in cGENIE primarily depends on oxygen availability, but if O5 is depleted and N Os is selected as an active
tracer, denitrification will allow for remineralisation to continue. When N O3 is depleted, sulphate reduction can also occur if
SO;~ is an active tracer. When supply of oxidants is exhausted, remineralisation is inhibited.

In cGENIE, POC is modelled as two fractions: one more easily degradable (labile) fraction and one fraction that is more
resistant to degradation. In terms of remineralisation, this means the labile fraction undergoes an exponential decay with depth,
whereas the other fraction is remineralised at the ocean floor. The remineralisation scheme is described in detail in Ridgwell
etal. (2007).

To further improve the representation of carbon fluxes to the deep ocean, a more explicit approach with several different

types of particulate organic matter with different reactivity can be used (Aumont et al., 2016).
3.2 Theory and experimental setup

The inventory of total carbon, 7'C' [mol], in the equilibrium state can be described by

TC = M, pCO3*™ + Mo(Csar + Cooft + Coars + Cres) )

Equation (4) sums the contributions to 7'C'. The atmospheric carbon content, which in this model is limited to its content
of CO», is given by the partial pressure of CO, times the number of moles of gas in the atmosphere, M,. Assuming an
atmospheric thickness of 7,777 m, M, is given to 1.7692 - 10%° mol. In this case 1 ppm of CO, corresponds to 2.123 PgC,
which is consistent with the OCMIP recommendation. M,, is the mass of the ocean [kg], which in our ensemble of simulations
is kept constant at 1.34 - 102! kg. Implications of changes in volume are further discussed in Section 5.3. For one individual
water parcel, C,; corresponds to the concentration [mol kg~'] of carbon the water parcel would have had if it would have
been in equilibrium with the atmosphere, taking into account its temperature, salinity, alkalinity and also the minor effect of
the concentration of POy in the absence of biology. Cisy; corresponds to the carbon that has been added to the water parcel
through the remineralisation of the soft tissue of biogenic material that has entered the water parcel. The biogenic material
also carries hard tissue and the carbon contained in this tissue is denoted Ctqrp. Cres is the residual needed to get the actual
carbon concentration in the water parcel. C,..s contains three components; 1) The first, and most interesting, contribution to
C'es is the disequilibrium component Cy;5. This is the part of the water parcel carbon concentration which results from the
water parcel not being in perfect equilibrium with the atmosphere at the time when it left the surface. Hence, the concentration
of carbon of abiotic origin (preformed carbon) in the water parcel consists of Cq¢ + Cyis. 2) The second contribution to Cqs
is the presence of carbon in the form of particulate and dissolved organic matter. At any one model time step, the concentration
of such carbon is very small compared to the other terms in the equation (<1 %, ~ 1-10'® mol) and this is therefore not
considered separately. 3) The third contribution to C...; consists of the errors associated with any imperfect assumptions in the

theory used for calculating Csq¢, Csof¢ and Ceqpp. To allow us to distinguish between the components 1 and 3, we will make
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3.1.2 Preformed tracers

In cGENIE, we also employ a set of preformed nutrients, carbon, oxygen and alkalinity (Ppyye, DICpye, Oapre and Apy.). The
initial concentrations of the preformed tracers are set in the surface ocean, where they are set equal to the concentration of the
corresponding active tracers. After the surface water is submerged, they are passively advected and mixed in the interior ocean.
We use these tracers to calculate e.g. P* (see Appendix A2), apparent oxygen utilisation (AOU, see Appendix B2) and for
separating ocean DIC into categories of different origin (see Appendices B1 and B2).

Preformed tracers are a recent addition to the model, which have only been used to a limited extent in previous studies
(Goodwin et al., 2015). Studies using other models have shown the usefulness of e.g. Ppc, DICpyc, Apre as explicit model
tracers (e.g., Marinov et al., 2008b; Duteil et al., 2012; Bernardello et al., 2014; Eggleston and Galbraith, 2017), but in this
case we expand this by using as many as four preformed tracers simultaneously. This eliminates errors that would result from
using a linear regression for A, (Lauderdale et al., 2013; Eggleston and Galbraith, 2017), or from the presence of oxygen
disequilibrium in the calculation of AOU (Eq. B3), as discussed by Ito et al. (2004). Consequently, there is no need to make
simulations with infinitely fast gas exchange, which is a common approach to remove errors due to O disequilibrium (e.g.,
Marinov et al., 2008b). Concerns as those raised by Bernardello et al. (2014), regarding the ‘back-tracking’ methods of the Ito
and Follows framework and the errors introduced by oxygen disequilibrium, are hence not an issue here. P,,.. allows direct
determination of nutrient utilisation efficiency, eliminating any sources of error that could be associated with indirect methods
of determination. Finally, DIC,,,. allows us to estimate the errors associated with the carbon species separation (see e.g.
Section 4.1.4).

3.2 Theory and experimental setup

The inventory of total carbon, 7'C' [mol], in the equilibrium state can be described by

TC = M, pCO3™ + Mo(Csat + Cooft + Ceart + Cres) 3)

Equation (3) sums the contributions to 7C'. The atmospheric carbon content is given by the partial pressure of CO5 times
the number of moles of gas in the atmosphere, M. M,, is the mass of the ocean [kg]. C.q; is the concentration [mol kg ~'] of
carbon an individual water parcel would have had if it were in equilibrium with the atmosphere at the ambient temperature,
salinity, alkalinity and concentration of POy. C,, originates from remineralisation of the soft tissue of biogenic material that
has entered the water parcel. Carbon from biogenic hard tissue is denoted Cq.p. Cres is the residual needed to get the actual
carbon concentration in the water parcel. C,..; contains three components; 1) The disequilibrium component Cy; 5, which we
will quantify in Section 4.1.5. 2) Carbon in the form of particulate and dissolved organic matter. 3) Errors associated with any
imperfect assumptions in the theory used for calculating Cyq¢, Csoft and Cearp. The overbars represent global averages. The
concentration C,.. in the water parcel consists of Csqs + Cais, Whereas Cio 5 + Ceqppy gives regenerated carbon, Chey. We

calculate the contributions to Eq. 3 and and any changes to this inventory (see Eq. 4) using methods of Kwon et al. (2011) and
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simulations with artificially fast gas exchange to remove as much of Cy;, as possible. These simulations are further described
at the end of this section. The overbars represent global averages. In the deep ocean overall, C,+ and C..s together constitute
the concentration of preformed carbon plus any calculation errors, whereas adding C', s and Cq,, gives regenerated carbon.

Initialising from our pre-industrial equilibrium state P1ES278, we perform 12 different spin-ups in which one or two
physical parameters have been changed compared to the control (Fig. 1, Table 1). They are run for 10,000 years, which
is enough to reach a new equilibrium state. These sensitivity experiment equilibrium states are denoted SE1 — SE12. The
physical parameters that we change are atmospheric heat diffusivity, wind stress and ocean vertical and horizontal diffusivity.
They are selected because they are common tuning parameters (e.g., Miiller et al., 2006; Marsh et al., 2013), which influence
the ocean circulation.

These modifications of physical parameters will cause the ocean circulation to change c.f. PIFES278; the circulation gets
weaker/stronger, overturning cells change their latitudinal extent etc. During the spin-up phase, pCO$'™ is still restored to 278
ppm (Fig. 1) and the ocean reservoir of nutrients (in this case, PO4) and alkalinity is the same as in PI ES278. Hence, the
atmospheric carbon inventory is identical in all ensemble members and in P E.S278, but the ocean carbon inventory, as well
as the T'C of these 12 ensemble members will be different than in P/ ES278. We aim at comparing the drawdown potential
of models that have the same ﬁQQm:: , but different oceanic carbon distributions and inventories, which is usually the case in
model intercomparison projects. For example, the instructions for the LGM simulations within the framework of the current
PMIP3-CMIP5 project specify the LGM pCO$'™ to be set to 185 ppm, whereas there are no specifications for the ocean
carbon inventory (see https://pmip3.1sce.ipsl.fr/).

The change in the total carbon inventory, AT'C' [mol] can be described by

ATC = Mo(ACsat + ACsost + ACcary + ACres) (5)

The theoretically determined contributions by Cisof¢, Ceary and Cyqy to this observed change in 7'C' in Eq. (5) are then
evaluated as described in the subsections 3.3 and 3.4, excluding the change in C,.,. The change in C,..; will simply be the
residual between the observed change in T'C' and sum of the theoretically determined contributions by Co ¢, Ceart and Ciqy.

The changes in inventories of TC, Cyat, Csofts Cear and Che, are translated into the equivalent change in pCO3'™ that
would occur if we were not restoring it to pre-industrial levels. This translation is performed as described in detail in Appendix
A. This translation allows us to test the validity of the equation describing the effect on global ocean mean temperature effect
on pCOS!™ suggested by Goodwin et al. (2011) (see Appendix A)

Finally, starting from each of SE1 — SE12 as well as from PIES278, we run experiments where the nutrient utilisation
efficiency of biology is maximised (100 % efficiency) (Fig. 1) and again allow the model to run for 10,000 years to new equi-
librium states (DE1 — DE12). This reveals the differences in drawdown potential between ensemble members with different
ocean circulation characteristics. Maximum nutrient utilisation efficiency, i.e. P* = 1 (see Eq. (2)), is achieved by changing
the remineralisation length scale in the model. It is made deep enough (10,000 m) for any carbon that is taken up in organic

material to be highly efficiently trapped in the deep ocean and not undergo any significant remineralisation. The concentration
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Lauderdale et al. (2013), when necessary solving the carbon system equations using the solver of Lewis et al. (1998). More
details about the calculations of the contributions to 7'C' are given in Appendix B.

Initialising from our pre-industrial equilibrium state P1E.S278, we perform 12 different equilibrium experiments in which
one or two physical tuning parameters have been changed compared to the control (Fig. 1). The parameters and their ranges
are further described in Section 3.3 and listed in Table 1. The experiments are run for 10,000 years, which is enough to
reach a new equilibrium state. These 12 sensitivity experiment equilibrium states (S E1-SE12) are given descriptive notations
listed in Table 1. These modifications of physical tuning parameters will cause the ocean circulation to change c.f. PIES278;
the circulation gets weaker/stronger, overturning cells change their latitudinal extent etc. During the spin-up phase, pCO$'™
is still restored to 278 patm (Fig. 1). The ocean reservoir of nutrients (in this case, POy) is the same as in P/ES278, but
the partitioning between P, and Pp,.. is changed, and thereby the strength of the biological pump. Likewise, the mean
temperature of the ocean changes, and thereby the strength of the solubility pump. Hence, while the atmospheric carbon
inventory is identical in all ensemble members and in P ES278, but the ocean carbon inventory, as well as the T'C' of these
12 ensemble members will be different. We aim at comparing the drawdown potential of models that have the same pCOg!™
in their initial equilibrium state, but different oceanic carbon distributions and inventories, which is usually the case in model
inter-comparison projects. For example, the instructions for the LGM simulations within the framework of the current PMIP3-
CMIP5 project specify the LGM pCO$'™ to be set to 185 ppm, whereas there are no specifications for the ocean carbon
inventory (see https://pmip3.1sce.ipsl.fr/).

The change in the total carbon inventory, AT'C [mol] between PIES278 and some equilibrium state SE(n), where n =
(1,...,12), can be described by

ATC = M,(ACsqt + ACo5t + ACcart + ACres) 4)

The theoretically determined contributions by Ciof¢, Ceary and Ciqy to this observed change in 7'C' in Eq. (4) are then
evaluated as described in the subsections B2 and B1, excluding the change in C'..s. The change in C,.., will simply be the
residual between the observed change in 7'C’ and sum of the theoretically determined contributions by Co s, Cearp and Ciay.
pC O™ is restored and thus the atmospheric carbon reservoir does not contribute to ATC.

The changes in inventories of T'C, Csat, Csofts Ceary and Che, are translated into the equivalent change in %Qom:: that
would occur if we were not restoring it to pre-industrial levels, but instead kept 7’C' constant in the ensemble (cf. methods of
Marinov et al., 2008a, b). This translation is performed as described in detail in Appendix C. This translation allows us to test
the validity of the equation describing the effect on global ocean mean temperature effect on pCO$'™ suggested by Goodwin
etal. (2011) (see Appendix C).

Finally, starting from each of SE1-S E12 as well as from PI ES278, we run experiments where the NU E of biology is max-
imised (100 % efficiency) (Fig. 1) and again allow the model to run for 10,000 years to new equilibrium states (DE1— D E12).
This reveals the differences in drawdown potential between ensemble members with different ocean circulation characteristics.

Note that in this step, EQOm:: is not restored, thus 7'C' is held constant between SE(n) and DE(n) and carbon is only redis-
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of dissolved P (at the surface, and on a global annual mean) being reduced by two orders of magnitude in all DE's, due to P

being bound in organic material, confirms that this effect is achieved.

To calculate P* according to the framework by Ito and Follows (2005) (Section 2.3), we need to know P4, the concentration

of dissolved phosphate in the deep ocean that is of regenerated origin. P, is derived from global average apparent oxygen

utilisation, AOU, using the Redfield ratio of phosphate to oxygen, Rp.o,, as shown below in Egs. 6-7. By removing P, from

the overall global average concentration of phosphate, P, we get the global average concentration of preformed phosphate,
Py (see Eq. (8)).

Preg =—Rp.0, - AOU (6)
AOU =0s,,, = O, (O]
=P =] ®)

As seen in Eq. (7), AOU is the difference between the saturation concentration of oxygen, Os,,, which is the concentration
that would be present if the water were at saturation at the ambient potential temperature and salinity, and the actual concentra-
tion of oxygen, Ox, that is registered in the water. It is assumed that most of this difference is due to decomposition of organic
soft-tissue material, which consumes oxygen. According to Williams and Follows (2011), this is a valid assumption since the
equilibration time with the atmosphere of oxygen at the ocean surface is only a few days. Hence, oxygen disequilibrium is

likely to be small and O, at the surface is very close to Os,,,. Therefore, AOU can be used to ‘back-track’ the amount of

2..
nutrients or carbon that was brought into the deep ocean trapped in organic material and which has then been remineralised.

The Ito and Follows framework has been widely applied, e.g. by Williams and Follows (2011); Marinov et al. (2008b); Kwon
et al. (2011); Lauderdale et al. (2013). However, the validity of using this framework has been questioned (Bernardello et al.,
2014). In the real ocean, oxygen disequilibrium is negative and though it is small, it is not negligible. The result is that P,..
and Cl ¢ are overestimated when calculated with the ‘back-tracking” method. This overestimation may not be critical when
looking at the total global ocean inventory of carbon, but in the present study that looks at small changes in this inventory,
the error is significant and of the same order of magnitude as the observed changes in C, ;. Hence, Bernardello et al. (2014)
are right in their critisism. We have therefore made sure to eliminate this issue by running the model with artificially fast gas
exchange for Oz, which rules out any disequilibirum effects on C, ;.

For CO2, we have run the model with both fast and normal gas exchange, because we are interested in effects of Cyy;5. By
applying fast gas exchange we are theoretically able to remove Cy; and can thus get an indication of how large the contributions
of Cyis is to Cyes in each simulation. To achieve artificially fast gas exchange we have multiplied the scaling constant (k =
0.31, following Wanninkhof (1992)) used in the calculation of the gas exchange coefficient by 100 (higher numbers did not

achieve any significant difference) and removed the physical barrier effect of sea-ice on air-sea gas exchange.
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tributed between reservoirs (see Eq. 3). Eq. 4 is not applicable in this step, because it assumes constant pC'O3'™. Maximum
NUBE, i.e. P* =1 (see Eq. (Al)), is achieved by changing the remineralisation length scale in the model (Section 3.1). It
is made deep enough (10,000 m) for any carbon that is taken up in organic material to be highly efficiently trapped in the
deep ocean and not undergo any significant remineralisation. The concentration of dissolved P (at the surface, and on a global
annual mean) being reduced by two orders of magnitude in all D Es, due to P being bound in organic material, confirms that
this effect is achieved. However, due to convection, mixing and local remineralisation of dissolved organic matter, the surface
concentration of P does not go to zero. Note that the contribution of organic material to the carbon inventory 7T'C' is substatial
in this step. Thus, quantifying ACs, s and ACq for this step is not useful unless the carbon contained in organic material is
also considererd to contribute to these reservoirs. However, the very deep remineralisation length scale is a highly hypothetical

case and we therefore choose not to separate the contributions by the different carbon reservoirs to the drawdown of pCOS!™.
3.3 Sensitivity experiment tuning parameters

The physical tuning parameters that we change are atmospheric heat diffusivity, wind stress and ocean vertical and isopycnal
diffusivity. They are selected because they are common tuning parameters (e.g., Miiller et al., 2006; Marsh et al., 2013), which
influence the ocean circulation.

For this study, our intention is for the ensemble to be representative of a wide range of plausible ocean circulation states. The
chosen parameter ranges correspond to a halving and doubling of the values used in the control simulation. Our chosen values
are within the parameter space explored for a predecessor to the GENIE-model by Edwards and Marsh (2005), except the low
wind stress simulation (see below). Similar parameter ranges are also explored for GENIE by e.g. Marsh et al. (2013). For the
most part, our selected values are within the parameter ranges that generate the subset Edwards and Marsh (2005) refer to as
low-error simulations. In the Bern3D model, with physics based on Edwards and Marsh (2005) and thus similar to GENIE,
Miiller et al. (2006) doubled the observed wind stress (W = 2) to get a more realistic gyre circulation. Marinov et al. (2008a,
b) used the Geophysical Fluid Dynamics Laboratory Modular Ocean Model version 3, which has the same default value for
isopycnal diffusivity (1500 m?2s~') as our model. Marinov et al. (2008a, b) explore a range of 1000-2000 m?s = (cf. our range
of 750-3000 m?s~1).

‘When comparing with models that have different available tuning parameters, diagnostic variables such as temperature,
salinity and AMOC volume transport can indicate whether our achieved states are within the common tuning range for ocean
circulation. The IPCC AR5 WGI report (Stocker, 2014) shows temperature and salinity ranges in two selected deep ocean
grid points, in the North and South Atlantic respectively, of the ensemble of pre-industrial control states (PIC') of PMPI2
and CMIP5/PMIP3 (see grid point positions and data in Table 2). We compare those ranges to the corresponding grid cell
ranges of our equilibrium states SE1-SE12. In these selected grid cells, we cover a similar span in salinity and an equally
broad range in temperatures as the PMIP-ensemble, though the temperatures in our ensemble are higher (range shifted by
1.5°C). According to Muglia and Schmittner (2015), the PMIP3 PIC' AMOC range is 12.6-23.0 Sv (Table 2). If we exclude
the combined simulation with halved wind stress and halved diapycnal (vertical) diffusivity (W.S/2_DD/2), which has a very
weak AMOC (2.0 Sv), the AMOC range for our equilibrium states is 8.3-18.0 Sv (Table 2). Thus, there is a difference of 8-9

10
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3.3 Contribution by the biological pumps

The calculations in this section largely follow the Appendix in Lauderdale et al. (2013), who studied the correlation between
wind-driven changes of the residual circulation in the Southern Ocean and changes in ocean carbon reservoirs and atmospheric
COs,. All stoichiometric ratios for organic material are based on Redfield (1963) (see Section 3.1.1).

The ocean global average of Cl,y is calculated from apparent oxygen utilisation, AOU, as

Csort = —Rci0, - AOU, ©)

where Rc.0, is the stoichiometric ratio of carbon to oxygen of —106/138 ~ —0.768. Here, we make use of the assumption
that AOU is due to decomposition of organic soft-tissue material (see also Section 3.2).

To calculate the ocean inventory of Ceqp, We need to know the preformed alkalinity, A, of each grid cell. For this,
we make a linear regression from model control state surface ocean data of salinity, oxygen and phosphate, similar to the
regression made in Lauderdale et al. (2013). Note that the regression model is adapted for concentrations given in mmol L~

to be comparable to the regression made by Lauderdale et al. (2013).

Apre =0.0339+40.0642- S +0.1777- PO (10)
where
PO =03~ Rp.o,P. (11)

Here, S is salinity and the second term represents the effect on alkalinity due to dilution. The third term represents alterations
of alkalinity due to biological activity. PO is oxygen distribution with alterations due to respiration and remineralisation
removed Broecker (1974), O, is the oxygen concentration, P is the phosphate concentration and Rp.o, is the stoichiometric
ratio of phosphorus to oxygen of 1:-138 (= —7.25- 10~%). This means that with a stronger biological pump, surface alkalinity
is reduced by a factor corresponding to this ratio.

We can now calculate the grid cell concentration of Ciqyp, as
1
Cearb = mgﬂ = Apre = R0, - AOU) (12)

where Ay is the grid cell alkalinity and R0, is the stoichiometric ratio of nitrogen to oxygen of 16:-138 (~ —0.116). We

can then calculate the volume-weighted global average of Ceqrp.
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Sv between highest and lowest value, which is also the case for the PMIP3 PIC', but our ensemble does not cover the two

highest PMIP3 AMOC values.
3.4 Overturning

In a coarse-resolution model like cGENIE, the overturning circulation, which transports carbon to the deep ocean and back
up to the surface again (Eriksson and Welander, 1956), is one of the most sensitive cirulation components. We diagnose an
overturning circulation strength (henceforth denoted OV'T) by taking the difference between the maximum and minimum
(i.e. the maximum of the negative overturning cell) of the zonal average overturning streamfunction, », below 556 m depth
(excluding the uppermost five gridboxes), as shown in Eq. 5. The subscript gr in Eq. 5 denotes the geographical region. OVT
is diagnosed for the Atlantic basin and the Pacific basin separately. A global measure of OV'T is calculated by taking the

difference between the Northern hemisphere maximum and the Southern hemisphere minimum of ¢ below 556 m depth.

OVT = Ymaz,. — Yming, )

The OV'T measures the amount of flushing of the deep water, which is important for the carbon storage (Eggleston and
Galbraith, 2017). Another important factor influencing the carbon pools is which overturning cell is dominating in terms of
volume (Eggleston and Galbraith, 2017); the northern cell (producing North Atlantic Deepwater, NADW) or the southern cell
(producing Antarctic Bottom Water, AABW, and Circumpolar Deep Water, CPDW). Since these water masses are of different
origin, they will differ in properties, such as water temperature and nutrients, and will therefore have different capacities
for holding Ciqt, Csopt and Cyys. However, the inter-member differences in this aspect are difficult to discern and we have

therefore chosen to focus on the impact of OV'T" described above, which are more clearly identifiable.

4 Results

‘We use a two-step modelling approach, as explained in Section 3.2; the first step is where we change the ocean circulation by
changing physical parameters as listed in Table 1, and the second is where we force the biological pump to become 100 %

efficient. The results from this two-step approach are described in Sections 4.1 and 4.2.
4.1 Step 1 - The effects of ocean circulation changes

In this first step, we achieve a set of pre-industrial equilibrium states — all with pre-industrial pCO$'™ of 278 ppm — where,
as a result of ocean circulation differences, the ensemble members have different carbon reservoirs.

In PIES278 and SE1-SE12, global average salinity, total alkalinity and PO, are 34.90, 2363 pumolkg™' and 2.15
pmolkg~! respectively. These properties are conserved, but redistributed, which gives some very small differences in the
global averages between ensemble members. Global average temperature, Ty, = 3.58°C in PIES278, which is close to the

modern day observational estimate 3.49°C (Locarnini et al., 2013)). In the SEs, Ty,  ranges between 2.31-4.91°C. Sea-ice
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3.4 Contribution by the solubility pump

Since pCOS'™ is constant and the global ocean mean salinity is similar in all ensemble members SE1 — SE12, any changes

in global average C's,¢ between PIES278 and the SE:s will be due to changes in ocean temperature or alkalinity:

KO = AT g Dot

or pCO2,5,Apre ﬁ;mb‘?m pCO2,8,T -
5 Note: Salinity is conserved, but re-distributed. Hence, when using Eq. (13) at the local scale, the term dependent on AS
must be included. It only disappears after global integration, assuming that Pmm@h =~ constant, which is done here.

We calculate the first term in Eq. (13) in a non-linear way, based on the changes in temperature in each grid cell of each
ensemble member SE,, (n=1-12) compared to P ES278, while keeping salinity and alkalinity constant using the P/ ES278
grid cell salinity and A,,... We calculate the global average of grid cell Csut(Tsg, ) — Csat(TPrEs2rs) solving the carbon

10 system equations using the solver CO2SYS (Lewis et al., 1998). The constants used in the scheme do not match exactly with
those used in the model, but the differences are minor, which makes it relevant to assume that this is an acceptable choice.

The partial derivative in the second term on the right hand side of Eq. (13) is also calculated by solving the carbon system
equations using CO2SYS. While keeping 7' constant we change grid cell A, by 1 % to get WLMM.W. To get the full contribution
to ACqq by changes in A, we then multiply by grid cell AA,,,.. before averaging globally. Because the change in alkalinity

15  is small between the different ensemble members, the contribution to the change in Cy,; by the second term in Eq. (13) is much
smaller, and even negligible, compared to the contribution by changes in temperature (the first term).

In cGENIE, there is a restriction of the solubility coefficients for CO which are only defined for waters between 2-35 °C.
Hence, all water below 2 °C has the same CO; solubility in the model. In the calculations of Cs,, we use CO2SYS with
this temperature limitation. The difference in global average C's,: between the case when this restriction is used with CO2SYS

20 compared to when it is not used is smaller than 0.6 % for all ensemble members, including the control state. Since the restriction
is used consistently, the error caused by the restriction being present in the model should not constitute a significant problem

for our analysis.

4 Results

We use a two-step modelling approach, as explained in Section 3.2; the first step is where we change the ocean circulation by
25 changing physical parameters as listed in Table 1, and the second is where we force the biology to become 100 % efficient.

The results from this two-step approach is described in Sections 4.1 and 4.2.
4.1 Step 1 - The effects of ocean circulation changes

In this first step, we achieve a set of pre-industrial equilibrium states — all with pre-industrial pCO$'™ of 278 patm —
where, as a result of ocean circulation differences, the ensemble members have different carbon reservoirs. We use this set of

30 equilibrium states to investigate what controls these differences in reservoirs.
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To allow for comparison between the control equilibrium state PIES278 and the ensemble members SE1 — SE12, Table
2 lists important diagnostic variables; global ocean averages of temperature (74.,4) and pH (pH,,,), surface ocean average
pH (pHy,rf), global percentage of sea ice cover, global average nutrient utilisation efficiency (in terms of P*) and a measure
of the strength of the global ocean overturning circulation. For reference, the table also includes observational estimates (Lo-
carnini et al., 2013; Comiso, 2008; Ito and Follows, 2005; Raven et al., 2005). In PI ES278 and SE1— SFE12, global average
salinity, alkalinity and POy are 34.90, 2363 pmolkg~" and 2.15 pmolkg ™! respectively. These properties are conserved, but
redistributed, which gives some very small differences in the global averages between ensemble members.

The changes in model total carbon inventory, AT'C, in the biological and the solubility pumps and the contributions from
Cres (Eq. (5)) in the ensemble — which are effects of the changes in ocean circulation — are presented and compared in Fig.
2a. The control P1E.S278 model T'C'inventory is 3 - 10*® mol (~ 36,000 Pg C), so the changes are of the magnitude of a few
percent. This corresponds to a range in pHyyg between 7.79 and 7.97 (Table 2), while pHy;y stays close to the observational
estimate (~ 8.2, see Raven et al. (2005)).

For reference, we have also added a second panel (Fig. 2b), showing the changes in T'C' expressed as changes in pCO3™
(see Appendix A). Hence, if we were not restoring pCO3'™ to pre-industrial conditions, but instead kept 7’C' constant, this is

atm

how much pC'O5"™ would approximately have changed due to the changes in physical characteristics of the system. In this

ensemble, these changes in pCO$'™ stay between 50 ppm.

The methods we use to convert our carbon inventory changes to changes in pCO$'™ assume that the changes are small
(Appendix A). Hence, the methods become less valid, and the estimates of the corresponding changes in CO5 become less
reliable for ensemble members with greater changes, e.g. SE4 and SE12. This should be kept in mind when examining
Fig. 2b. However, this is not considered a major issue, since these calculations are only made to give an idea of the order of

magnitude of the effects on pCO3*™ rather than exact numbers.
4.1.1 Sensitivity of overturning streamfunction

In a coarse-resolution model like cGENIE, the overturning circulation, which transports carbon to the deep ocean and back up
to the surface again (Eriksson and Welander, 1956), is one of the most sensitive cirulation components.

The overturning circulation strength (henceforth denoted OVT) is diagnosed by taking the difference between the maximum
and minimum (i.e. the maximum of the negative overturning cell) of the zonal average overturning streamfunction, 1, below
556 m depth (excluding the uppermost five gridboxes). ¢ for different ocean basins are shown in Table S.1.

Figure 3 suggests a linear relationship between the OVT and the total carbon inventory T'C, in this case represented by
ATC, in the ensemble members. The relationship is clearer for the Atlantic and the global measure (Fig. 3a and 3c) than for
the Pacific (Fig. 3b). The correlation coefficients indicate that as much as 90 % of the variance in 7'C' can be explained by
changes in the OVT (Table 3).

For the different carbon pumps, the correlation with OVT is most clear for Cioz; (see Fig. 4), where 73 — 79 % of the
variance can be explained by the OVT (Table 3). Note that since no biogeochemical manipulations have been made in this step,

the remaining variance (21 — 27 %) is also due to physical perturbations. For C,; and C., the correlation is weak (26 — 49
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cover ranges from 0.0-10.6% in the SFEs, with PIES278 in the centre of the interval (c.f. observational estimates of sea-ice
cover, which range between 3-6% due to seasonal variability (Comiso, 2008)). Diagnostic variables for all the individual SE's
are given in (Table 3).

The control PIES278 model total carbon inventory, 7'C, is 3 - 108 mol (~ 36,000 Pg C). ATC, and the contributions to
ATC by the biological and the solubility pump and by C,..s (Eq. (4)) in the SE's — which are effects of the changes in ocean
circulation — are of the magnitude of a few percent (~ 10 mol, Fig. 2a~d). This corresponds to a range in pH,,q between
7.79 and 7.97 (Table 3), while pH.,, s stays close to the observational estimate (~ 8.2, see Raven et al., 2005). For reference,
Fig. 2e~h show the approximate differences in pCO$'™ that would have occurred in the SEs, if we were not restoring it to
278 ppm (see Section 3.2 and Appendix C). In this ensemble, these differences in pCO$*™ stay between £50 ppm (Fig. 2¢),
because of cancellation between the effects of the different carbon pumps. Note that the methods of Appendix C Fig. 2e-h are
based on the assumption that changes in pCO$"™ are small and are therefore less reliable for SEs with large changes, e.g.
W Sx2 and WS/2_DD /2. Because the computed changes in pCO$'™ are approximate, the sum of the contributions from the
different pumps do not exactly equal the ApCO$'™ corresponding to ATC.

4.1.1 Sensitivity of overturning streamfunction

The range of OVT (see Eq. 5) resulting from the differences in zonal average overturning stream function (1), Table S1), is
10.1-32.6 Sv for the global measure (Table 3). The range of Atlantic OV'T"is 4.1-19.5 Sv (see Figs. 3a and 4a). Note that OVT
is not the same as AM OC strength, which ranges between 2.0-18.0 Sv for the S E's (Table 2), though the AM OC'is a large part
of the OV'T in the Atlantic. The zonal average overturning streamfunction, 1), for a typical weak (DD/2 with OVT =17.4
Sv) and strong (DDz2 with OVT = 32.6 Sv) circulation SE in Fig. 5a-b show that the overturning circulation patterns in
comparison to the control PIES278 (OVT = 20.4 Sv) are similar, with no major changes in extent of the overturning cells.
Figure 3 suggests a linear relationship between OV'T (Eq. 5) and the total carbon inventory T'C,, in this case represented by
ATC, in the SEs. The relationship is clearer for the Atlantic and the global measure (Fig. 3a and 3c) than for the Pacific (Fig.
3b). The correlation coefficients indicate that as much as 90 % of the variance in 7'C' can be explained by changes in OVT
(Table 4). For the different carbon pumps, the correlation with OV'T is most clear for C,y; (see Fig. 4), where 75-80 % of
the variance can be explained by the OV'T" (Table 4). Note that since no biogeochemical manipulations have been made in this
step, the remaining variance (20-25 %) is also due to physical perturbations. For C,; and C,., the correlation is weak (40-57
% and 25-30 % respectively, Table 4), but statistically significant. If we add C.f; and C;.c, and correlate with the OV'T, the
correlation gets stronger than it is for C.,; alone. In experiments with stronger OV'T (global and/or basin scale), the relative
importance of AC,,s; (negative, see Table 4), AC,; (positive for total, negative for temperature contribution and positive for
alkalinity contribution) and AC,.., (negative) will determine the sign of AT'C. In our ensemble, stronger OVT" (global and

basin scale) leads to a decreased storage of carbon in the ocean compared to PIES278 (Figure 3).

12

i-net PDFC comparison results from 29/12/2017

Page 14/51




Profile Text only

Comparison bg-2017-166-manuscript-version2.pdf - bg-2017-166-manuscript-version3.pdf

5

15

20

25

30

% and 40 — 48 % respectively, Table 3), but statistically significant, especially for the Atlantic basin. If we add Cs,f¢ and C.cs
and correlate with the OVT, the correlation gets stronger than it is for C,7; alone.

In experiments with stronger OVT (global and basin scale) than in PIES278, e.g. SE6 (see Figs. 5b, 2 and 8b), a water
parcel will, on average, stay near the ocean surface for a shorter amount of time than if the OVT is weaker (e.g SEb, see Figs.
Sa, 2 and 8a). Hence, biology will have less time to use the nutrients available and AC, s, will be negative. Meanwhile, there
will be more mixing, leading to a deepening of the thermocline, and 7,,, will increase. Thus, AC,,; will also be negative.
However, AC,.s will be more likely to be positive, due to changes in the temperature gradient (especially important in the
North Atlantic), sea ice and outgassing (dominant in the Southern Ocean). These effects on C,., are further discussed in 4.1.5.

In experiments with stronger OVT (global and/or basin scale), the relative importance of AC,,y; (negative, see Table 3),
AC;q+ (negative) and AC,.., (positive) will determine the sign of AT'C'. In our ensemble, stronger OVT (global and basin
scale) leads to a decreased storage of carbon in the ocean compared to P1ES5278 (Figure 3).

Another important factor influencing the carbon pools is which overturning cell is dominating in terms of volume; the
northern cell (producing North Atlantic Deepwater, NADW) or the southern cell (producing Antarctic Bottom Water, AABW,
and Circumpolar Deep Water, CPDW). Since these water masses are of different origin, they will differ in properties, such as
water temperature and nutrients, and will therefore have different capacities for holding Cia¢, Csof¢ and C.c,. However, the
inter-member differences in this aspect are difficult to discern and we have therefore chosen to focus on the impact of OVT

described above, which are more clearly identifiable.
4.1.2 Sensitivity of total carbon inventory

The relative contributions of the carbon pumps to AT'C' are very different depending on the modified physical characteristics
(Fig. 2). In experiments in which the modified atmospheric heat diffusivity is partly driving the circulation (and temperature)
changes (SE1, SE2 and SE11), the contributions by changes in the three components Ciso ¢, Csqr and C.cs are of similar
magnitude and are all important for the change in T'C'. This is also the case for some ensemble members with changes in ocean
diffusivity (SE7 and SE9).

In other experiments (e.g. with altered wind stress intensity, SE:s 3,4 and 12) or in most cases where vertical diffusivity has
been changed (SE:s 5, 6, 10)), the change in C,,; is dominant. In such experiments, AC.q,4 can be as significant as ACq;
and 6C'..5, whereas it, in most other experiments, plays a minor role. In experiments where only the horizontal diffusivity has
been changed (SE:a 7 and 8), the contributions by Cq¢ and C'.., are larger than the contribution from Ci5¢.

This shows that no contributing terms can be considered negligible relative to the other terms. The importance of a given
term for AT'C' depends on the mechanism and the origin of the circulation change (Section 4.1.1).

In the following subsections, some results for each of the contributing terms are analysed.
4.1.3 Sensitivity of biogenic carbon

Changes in Cop; and Ceqpp, always have the same sign, but the effect of Cqrp has a smaller magnitude (Fig. 2). The ratio
AC qrb/AC 5t spans between 0.23 and 0.42 for SE:a 7 and 8 (halved and doubled horizontal ocean diffusivity respectively),
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4.1.2 Sensitivity of total carbon inventory

Although the total carbon inventory is strongly correlated with OV'T (Fig. 3), the relative contributions of the carbon pumps to
ATC are very different depending on the modified physical characteristics (Fig. 2). They combine in a way to make AT'C' be
more closely correlated with OVT" than any of the individual components (Table 4). Altered wind stress (WW.S) intensity (SEs
1, 2 and 9), and diapycnal diffusivity (DD, SEs 5, 6, 8), has a large impact on 7'C', dominated by changes in Cj, st. Here,
AC.qrp can be as significant as ACj,; and 0C,..s, whereas it in most other experiments plays a minor role. The overall impact
on T'C from changing isopycnal diffusivity (I Dx2 and 1D /2 (SET — —8) is small, with larger contributions by C¢ and Cy.
than from C ;. For SEs 3, 4 and 10, in which the modified atmospheric heat diffusivity (AD) is partly driving the circulation
(and temperature) changes, the contributions by changes in Cl s and C'y,; are of similar magnitude and equally important for
the change in T'C'. This is also the case for some SEs with changes in ocean diffusivity (/D /2 and DD /2_IDx?2). Overall,
no contributing terms can be considered negligible relative to the other terms, though ACjq¢ 4 and AC.q, partly cancel each
other. The importance of a given term for AT'C' depends on the mechanism and the origin of the circulation change (Section
4.1.1).

In the following subsections, we analyze each of the contributing terms.
4.1.3 Sensitivity of temperature and saturation carbon

Cgat,7 is the contribution to C4; from water temperature. Global average temperature, 7.4, of the equilibrium states has a

range of 2.3-4.9 °C (see Table 3), resulting in an interval of change in Cqs 1 0f -0.8 106 —+0.6 -10%6 mol (Fig. 2b, Fig. 6), or

-96 — +72 GtC. Note that this includes a restriction on the solubility constants which prevents solubility from increasing with

temperatures below 2°C, which weakens the close-to-linear relationship between 75,4 and Cyq¢, 7 (Fig. 6). This corresponds to
atm

arange in ApCOS"™ of about -7 — +11 ppm (Figs. 2f and S1) when we solve the carbon system equations (Appendix C). The
simplified equation (Eq. C9) suggested by Goodwin et al. (2011) yields results for ApC'O5 that in general are 10 — 20 % lower

compared to using the carbon system equation solver (Fig. S1). Changes in Cj,; caused by changes in preformed alkalinity
(ACiat,4,,..
(Fig. 2f).

Fig. 2a—c stresses that, in some SEs the contribution by ACy,; r to ATC, and hence to changes in pCO$!™, is nearly as

important as (e.g. ADx2, ADx2_DDx2, DD /2_IDx2, ID/2) or even more important than (/Dx2) the changes in Cy,fy.

) spans -1.9 -10%6 — 1.8 -10'® (Fig. 2b), which roughly corresponds to a range in ApC'O§"" of -21 — +21 ppm

pre

Further, the temperature restriction on the C'Os dissociation constants (see Appendix B1) is likely to cause an underestimation
of the effect of ACj,,; by on average 56 £67% in our results.

In the ensemble, simulations with a weaker OV'T than PI ES278 tend to have a lower T, (thus larger C,; ) and a larger
ocean storage of ’C' (SE's 4, 6,7, 9 and 12 in Table 3 and in Fig. 3). The correlation between Cs,; 7 and OVT (see Table 4) is
-0.63 globally. The temperature sections in Fig. 7 show that when increased mixing is achieved by higher diapycnal diffusivity
(DDz2), this causes the stratification to be less sharp between warm surface water and cold deepwater, because the warmer

waters are mixed deeper, and T, increases while C.; 7 decreases. The colder, and more stratified simulation (DD/2) is
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and spans 0.15 and 0.20 in other ensemble members. The effects that the changes in Csoz¢ and Ceqrp have on pCO3™™ are of

opposite signs due to the effect of the carbonate pump on preformed alkalinity (Goodwin et al., 2008) (Fig. 2b).

Globally, about 75 % of the variance in C, ; is explained by the strength of the OVT (Fig. 4 and Table 3). This correlation is
strongest over the Atlantic basin. The rest of the variance is likely explained by e.g. redistribution of nutrients, light limitation
regions or similar.

Fig. 6 b, suggests a tight, linear relationship between the inventory of C's, s and nutrient utilisation efficiency (here in terms
of P*, Eq. (2)). P* is a direct measure of the efficiency of the biological pump, and the linear relationship is expected from its
definition (Egs. 2, 6 and 7). Since the ratio between AC.q,, and AC,,; is similar across ensemble members, the relationship
between Clqrp and P* is also fairly linear.

The relationship between 7'C' and P (Fig. 6 a) is quite linear too and is presumably dominated by Cl,; and Ceqyrp, together
(compare Figs. 6a and 6b). Deviations from a perfect straight line are caused by changes in the other carbon species. The
influence of ACy,: and AC,..s on ATC can be fairly small compared to the influence of biogenic carbon (see Fig. 2, e.g.
SE:s 3,5, 6, 12) or fairly large but of opposite sign (see Fig. 2, e.g. SE:a 2, 4, 11), thus cancelling each other out to some
extent, resulting in biogenic carbon “passing on” its linear relationship with P* to AT'C.

P+ is important for the drawdown potential of a model (Fig. 6¢), which is examined in the second step of the modelling
(Section 4.2).

4.1.4 Sensitivity of temperature and saturation carbon

In the ensemble, global average temperature, 7,4, spans 2.3 and 4.9 °C, and in PIES278 it is 3.6 °C (see Table 2). This
corresponds to an interval of change in ocean carbon storage of -1.4 -10'¢ — +1.3 -10*® mol (Fig. 2 a). Solving the carbon
system equations (Appendix A), indicates that this is equivalent to an interval of about -16 — +17 ppm in terms of pCO§'™
change (ApCOs, Fig. 2 b.). The response in pCO$™ to changes in temperature is very close to linear; about 12.9 ppm °C~*
(12.5-13.1 ppm °C~! , Fig. S1).

Calculating ApC'O, for the temperature range of the ensemble using the simplified equation (A9) suggested by Goodwin
etal. (2011), which is based directly on 7., (Appendix A), gives an interval of -12 —+13 ppm. In this case, the linear fit gives
changes of 9.8 ppm °C~! (9.1-11.1 ppm °C~! , Fig. S1). For this ensemble, using the simplified equation yields results for
ApCO; that in general differ by ~ 20-25 % compared to using the carbon system equation solver.

Fig. 2 stresses that the contribution by AC4 to ATC, and hence to changes in pCO$'™, is nearly as important as the
changes in C, ;. In ensemble members in which horizontal diffusivity in the ocean is changed, AC;q; is larger than AC,f¢.

According to Headly and Severinghaus (2007), the global average temperature of the glacial ocean was 2.6 + 0.6 °C colder
than the modern day ocean. Since the ensemble member with the coldest ocean is only 1.3 °C colder than PIES278, the
variations in Clso; during the past glacial cycles were likely larger than in our set of experiments.

The relationship between the changes in T7,,,, andAC,,; is linear (Fig. 7), indicating that the changes in C',; brought about

by changes in alkalinity are insignificant in our model ensemble. The slope of the line is $zet = —1.02-10 mol °C~1. If the

global ocean cooled by ~ 2.6 °C, as expected in a glacial state, the slope of the line suggests the excursion in Cs4¢ would be
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~ 2.7-10'6 mol. In the context of a 2.6 °C cooling, the carbon system equations (see Appendix A) yield that this corresponds
to a decrease of about 30 ppm in pCO$*™. Here, we cannot use the simplified Eq. (A9), because the buffered carbon inventory
is unknown in this hypothetical case.

The temperature sections in Fig. 8 show that when increased mixing is achieved by higher vertical diffusivity, this causes the
stratification to be less sharp between warm surface water and cold deepwater, because the warmer waters are mixed deeper.
Thus, T,,, increases because of increasing vertical diffusivity. The colder, and more stratified simulation is also the simulation
with the weakest OVT (Fig. 5a, Fig. 8a). Note: the deepest water in the Pacific Ocean is actually warmer in this simulation, but
the effect of the shallower thermocline compensates for this and the net effect is a decreased T.4. In the ensemble, simulations
with a weaker OVT than PIES278 tend to have a lower T5,, and a larger ocean storage of TC (SE:s 1, 5, 8,9 and 12 in
Table 2 and in Fig. 3). Despite this, the correlation between Cj,; and the strength of the OVT (see Table 3) is weak. This is

because the ocean cooling and the OVT are also influenced by other factors; as such they are not linearly related.
4.1.5 Sensitivity of residual carbon

The global inventory of C,. in the initial equilibrium states is slightly negative in all cases and of the magnitude 106 mol (c.f.
global T'C inventory of ~ 3 - 10'® mol). Hence, when we look at Fig. 2 and we see a positive contribution from C,., keeping
in mind that the global inventories of C,..s are negative in all ensemble members, this actually means it has only become less
negative.

Comparing to observations described in Williams and Follows (2011), it seems like the inventory of C'..; would be slightly
positive or close to zero in the modern ocean (see the patterns in Fig. 11.21 and 11.22, where the Atlantic interior is slightly
negative, but the surface and the Pacific are positive). Though Williams and Follows (2011) do not state a number for the global
inventory, they mention that the magnitude is close to the uncertainties in the analysis. Hence, it is possible, and even likely,
that our global inventory of C.. is slightly negative due to these uncertainties.

When looking at C,..;, we are mainly interested in the contribution by Cy;s. The experiments with artificially fast gas ex-
change for CO; indicate that the contribution to C,..s by calculation errors (see Section 3.2) is in some cases of the same
magnitude as the contribution by Cy;,. This makes it difficult to constrain the effect of changes in Cy; in the ensemble by
looking at C...s. However, when the model is run with artificially fast gas exchange, noticable changes in local DIC concen-
trations occur (examples shown in Fig. 9). These changes in DIC can be directly attributed to removing the contribution from
C.s- The changes are of the magnitude 10-20 zmol kg, which is on the order of 0.5-1 % of the grid cell DIC concen-
tration. Hence, an ocean circulation change that drastically changes Cy;5 in the deep ocean will potentially see a significant
contribution to AT'C' from this component.

The processes influencing C'y;5 will be different in the deepwater formation areas in the Northern and Southern hemispheres
(Toggweiler et al., 2003; Ito and Follows, 2005; Lauderdale et al., 2013). In the deepwater formation areas in the North Atlantic,
Cyis is mainly a result of the temperature gradient. If a water parcel cools too fast before it sinks, there is not enough time
to equilibrate with the atmosphere and the result will be a negative Cy;,. This is seen as a negative signal in the upper half

of the sections in Figure 9c. In a warmer global ocean, the temperature gradient between the equator and the poles will be
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also the simulation with the weaker OV'T' (Fig. 5b, Fig. 7b). Note: the Pacific Ocean deep water is warmer in DD/2 than in

DDux2, but the shallower thermocline has a compensating effect and the net result is a decreased T4, (Fig. S2).
4.1.4 Sensitivity of biogenic carbon

Theoretical (Ciof¢ + Cearp) underestimates Cy.g, c.f. the model tracer (DIC).cqy = DIC — DICy,.), by 1-3%. Because this
error is consistent, the contribution to AC.., (Section 4.1.5) is negligible. Changes in Cy,f¢ and Ceqrp, always have the same
sign, but the effect of C'qp, has a smaller magnitude (excepted I D2, Fig. 2 c). The effects of AC, ¢ and AC.qrp on pC' Qm::
are of opposite signs (Fig. 2 g) as expected due to the effect of the carbonate pump on preformed alkalinity (Goodwin et al.,
2008). Globally, 75-80 % of the variance in Cs,y; is explained by the OV'T (Fig. 4, Table 4). This correlation is strongest over
the Atlantic basin.

P* in the SEs ranges between 0.32-0.59 (Table 3), while P* = 0.43 in PI ES278. For reference, the observational estimate
for P* of the modern ocean is 0.36 (Ito and Follows, 2005). The tight, linear relationship between the inventory of C. s and
P* (Fig. 8b) is expected from the definition of P* (Eqs. Al and B3), since it is a direct measure of the efficiency of the
biological pump. The relationship between T'C' and P* (Fig. 8 a) is also close to linear and appears dominated by biogenic
carbon (compare Figs. 8a and 8b). Deviations from a perfect straight line are caused by AC.qpp, ACsq: and AC,¢s. Their
influence on AT'C' can be small compared to the influence of biogenic carbon (see Fig. 2, e.g. SE's 2, 6, 9) or large but partly
cancelling each other (see Fig. 2, SEs 1, 3, 5, 10, 11), thus resulting in biogenic carbon “passing on” its linear relationship
with P* to AT'C. P~ is important for the drawdown potential of a model (Fig. 8¢), which is examined in the second step of

the modelling (Section 4.2).
4.1.5 Sensitivity of residual and disequilibrium carbon

The global inventory of C.. in the SEs ranges between —3.7- 101 — 2.3 - 101 (c.f. global 7'C' inventory of ~ 3-10'% mol).
The contribution from AC,.s to ATC ((Fig. 2 d)) is generally of the order ~ 1-10'®, and the inventory of AC,. in the SEs
changes c.f. PIES278 by 0-30 %.

When looking at AC,., (Fig. 2 d), we are mainly interested in the contribution by Cy;s. We have previously confirmed

that the contribution to AC,..s by errors in calculations of biogenic carbon are negligible (Section 4.1.4), and we find that the

AC,.s given by Egs. 4, B1 and B5-B6 corresponds closely to D§ — Cjat, where DIC,,. is preformed carbon from the
model. Thus, AC,. is representative of ACy;s.

The processes influencing Cy;5 will be different in the deepwater formation areas in the Northern and Southern hemispheres
(Toggweiler et al., 2003; Ito and Follows, 2005; Lauderdale et al., 2013). In the deepwater formation areas in the North Atlantic,
Cyis is mainly a result of the temperature gradient. If a water parcel cools too fast before it sinks, there is not enough time

to equilibrate with the atmosphere and the result will be a negative Cy;s. This i

seen as a negative signal in the NADW in

Figure 9a—c. In a warmer global ocean, the temperature gradient between the equator and the poles is smaller. This makes
it easier for a parcel travelling north in the Atlantic to reach equilibrium with the atmosphere before deepwater forms, since

the parcel does not have to cool as much as in a colder simulation. In a warmer ocean, there is also less sea ice preventing
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smaller. This makes it easier for a parcel travelling north in the Atlantic to reach equilibrium with the atmosphere before
deepwater forms, since the parcel does not have to cool as much as in a colder simulation. In a warmer ocean, there is also less
sea ice preventing exchange with the atmosphere. However, a warmer global ocean is often associated with faster circulation
(see Section 4.1.1), and if the circulation becomes faster at the same time, the negative effect of the shorter time available for
equilibration will compete with the positive effect of a smaller temperature gradient and less sea ice. In some cases, but not all,
the warmer high latitude temperatures can compensate for the speed up of the circulation.

In the Southern Ocean there will also be less time for the surface water to equilibrate its gas concentrations with the atmo-
sphere. Here, oversaturated deepwater coming back to the surface in this area may not have the time to release its carbon to the
atmosphere before the water sinks back into the deep, producing positive Cy;s. This appears as a positive signal in the lower
half of the sections in Figure 9c. In a case with faster circulation, the contribution of positive Cy;s will be even larger. This
effect dominates over the temperature gradient effect in this area, because the waters being brought back to the surface are

already very cold. However, in this model, the effect of sea ice on Cy;5 can also be very pronounced in this area, if it caps the

upwelling area and prevents outgassing.

As we have seen in Figure 9, the local effects of Cy;, for the simulations with artificially fast gas exchange are noticable.
Despite this, the net effect on global ocean T'C' by the changes in Cy; is very small (on the order of 0.01 %). This is due to the
fact that both the northern and the southern sinking are affected simultaneously; since they are of opposite signs they cancel
each other. In a case with changes in ocean circulation, both sinking branches are not necessarily affected to equal amounts.
As we will see below, this means the net effect on Cy;5, and thus on 7'C’, can still be significant.

Figure 9a shows the indication of Cy; in SE1 (halved atmospheric heat diffusivity), given by the runs with fast gas exchange
for CO,. We see a signal of positive Cy;s originating in the Southern Ocean that is much more pronounced in S E1 compared to
the control PIES278 (Fig 9c). SE1 is by far the coldest state and the global percentage of sea ice cover is doubled compared to
PIES278 (for reference, in the second coldest state the sea ice cover has increased by less than 40 % compared to P1ES278,
see Table 2). It is likely that the extensive sea ice in SE1, to a larger extent than in the control, prevents the oversaturated
deepwater from equilibrating with the atmosphere before sinking again. For SE1, the analysis of the run with artificially fast
gas exchange reveals that the contribution of Cy;s to C.cs is large enough in this case to be critical for the sign of AT'C (see
SFE1 in Figure 2); it shifts from being +0.64 -10'® mol with normal gas exchange to being -0.43 -10'® mol when the gas
exchange is artificially fast.

Comparing panels b and ¢ in Figure 9, we see that the differences are more difficult to attribute to one single process.
The overturning circulation in SE4 is stronger than in PIES278. This makes the global ocean warmer, reduces sea ice, but
also shortens the time for equilibration with the atmosphere in the North Atlantic branch. In this particular case of stronger
circulation, the shorter time for equilibration dominates over the reduced temperature gradient and causes more negative dise-
quilibrium in the North Atlantic deepwater formation area compared to the control in panel c. In the Southern Ocean, there is
less sea ice, which allows more direct contact between the ocean and the atmosphere. However, due to the faster overturning,

the deep waters that upwell here will quickly sink again. This is particularily seen in the Pacific sector, as a band of positive
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exchange with the atmosphere. However, a warmer global ocean is often associated with faster circulation (see Section 4.1.1),
and if the circulation becomes faster at the same time, the negative effect of the shorter time available for equilibration will
compete with the positive effect of a smaller temperature gradient and less sea ice. In some cases, but not all, the warmer high
latitude temperatures can compensate for the speed up of the circulation. In the Southern Ocean there will also be less time for
the surface water to equilibrate its gas concentrations with the atmosphere. Here, oversaturated deepwater coming back to the
surface in this area may not have the time to release its carbon to the atmosphere before the water sinks back into the deep,
producing positive Cy;s. This appears as a positive signal in the lower half of the sections in Figure 9c. In a case with faster
circulation, the contribution of positive Cy;s will be even larger. This effect dominates over the temperature gradient effect in
this area, because the waters being brought back to the surface are already very cold. However, in this model, the effect of sea
ice on Cy;5 can also be very pronounced in this area, if it caps the upwelling area and prevents outgassing. This effect is evident
in AD/2, which has, by far, both the largest sea ice cover (10.6 %, Table 3) and the largest inventory of Cyy;s (2.1 106 mol).
The competing effects described above result in significant correlations betwen C,..s (and similarily Cy;5) and global OVT
(Table 4), T, and sea ice cover (%) of -0.30, -0.65 and 0.50 respectively.

Comparing panels a and ¢ in Figure 9, we see that the differences are difficult to attribute to one single process. The overturn-
ing circulation in W.Sz2 is stronger than in PIE.S278. This makes the global ocean warmer, reduces sea ice, but also shortens
the time for equilibration with the atmosphere in the North Atlantic branch. In this particular case of stronger circulation,
the shorter time for equilibration dominates over the reduced temperature gradient and causes more negative disequilibrium
in the North Atlantic deepwater formation area compared to the control case in panel c. In the Southern Ocean, there is less
sea ice, which allows more direct contact between the ocean and the atmosphere. However, due to the faster overturning, the
deep waters that upwell here will quickly sink again. This is particularly seen in the Atlantic sector, as a band of positive Cy;s
extending from the surface and down, whereas in the control, the positive Cy;, is more confined to just below the sea ice area.

In AD/2 (Fig. 9b), we see a signal of positive Cy;s originating in the Southern Ocean that is much more pronounced
compared to the control PIES278 (Fig. 9c). AD/2 is by far the coldest state and the global percentage of sea ice cover is
doubled compared to PIES278 (for reference, in the second coldest state the sea ice cover has increased by less than 40 %
compared to PIES278, see Table 3). It is likely that the extensive sea ice in AD/2, to a larger extent than in the control,
prevents the oversaturated deepwater from equilibrating with the atmosphere before sinking again. For AD /2, the contribution

of Cyjs to Cys is large enough to be critical for the sign of AT'C (see AD /2 in Figure 2).
4.2 Step 2 - Drawdown potential

In this step, we use the set of equilibrium states (S E's and the control PIES278) from step | as initial states for determining the
drawdown potential, D P (Fig. 1). This reveals the dependence of the resulting equilibrium state D E1— — D E12 on differences
in the initial states SE1-SE12. The control drawdown equilibrium is denoted CDE. DP is computed as the difference in
pC O™ between 278 ppm and the drawdown equilibrium states.

The DP varies strongly between the ensemble members and is close to linearly related to the biological efficiency, in terms

of P, of the initial equilibrium state (Fig. 8 c). The near linear relationship between DP and P* of the initial SE is expected
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Cis extending from the surface and down, whereas in the control, the positive Cy;5 is more confined to just below the sea ice

area.
4.2 Step 2 - Drawdown potential

In this step, we use the set of equilibrium states (SE:s and the control PI E.S278) from step 1 as initial states for determining the
drawdown potential, D P (Fig. 1). This reveals the dependence of the resulting equilibrium state DE1 — DFE12 on differences
in the initial states SE1— SE12. The control drawdown equilibrium is denoted CDE. D P is computed as the difference in
pCOS'™ between 278 ppm and the drawdown equilibrium states.

The DP varies strongly between the ensemble members. We see that DP is close to linearly related to the biological
efficiency, in terms of P~, of the initial equilibrium state (Fig. 6 c). The near linear relationship between D P and P* of the
initial SE is expected (see e.g. Marinov et al. (2008a)). If the biological efficiency in the SE is small, there is a larger pool
of unused nutrients that can be used to capture carbon when biological efficiency is increased to 100 %. In this ensemble,
an increase in biological efficiency manifested by an increase in P* of 0.1, corresponds to a drawdown of CO, from the
atmosphere of about 20-30 ppm. This is similar to the theoretical prediction by Ito and Follows (2005) of ~ 30 ppm.

However, the drawdown of atmospheric CO2 achieved during the drawdown experiments is not purely due to biology. There
are also indirect effects on pCO$'™ due to changes in ocean temperature caused by changes in radiative balance, circulation
and disequilibrium. Hence, we can not expect the model results to correspond exactly to the theoretical prediction in this case.
The most prominent example is SE1, which has a low initial P*, but still has a low DP. This is the coldest of all initial states,
with very high ocean sea ice cover (Table 2) compared to the other SE:a, and the cold conditions are likely to be affecting the
conditions for biological production. Another example is that the near-linear relationship between P* and D P does not predict
DP to be exactly zero for P* =1, as would have to be the case.

There is a tendency that those experiments that have a lower T4 (thus a larger inventory of C's4) compared to PIES278
have a smaller D P than those with higher temperatures (Fig. 10). This has to do with circulation changes acting in a predictable
way. The circulation change that is causing a colder temperature is also causing the OVT to be weaker, and at the same time
causing a more efficient biological pump (more C',; and higher P*) and hence a smaller DP (Fig. 10). When OVT is weaker,
there is more time for biology to take up nutrients and there is hence less preformed nutrients left at the surface, which means
the DP will be smaller.

When compared to the C'DE, there are two exceptions to the rule of colder temperatures in the initial state being associated
with a smaller DP and warmer temperatures being associated with a larger DP; 1) DE3 (cyan star in Fig. 10), where the
circulation in the initial state SE3 is slightly weaker than the control P1ES278 (see Table S1 and Fig. 4). In this experiment,
the Southern Ocean cell retreats while the NADW-cell expands. Since temperatures in the North Atlantic are higher, 77,4
increases. In this case, D P is smaller, as expected for a case with weaker circulation. 2) DE10 (yellow square in Fig. 10),
where the circulation in the initial state SE10 is stronger, but the global ocean temperature is in fact lower, than in the control
PIES278, due to the expansion of the Southern Ocean cell. However, D P is still larger, as expected in a case with stronger

circulation.
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(see e.g. Marinov et al., 2008a). If the biological efficiency in the SE is small, there is a larger pool of unused nutrients that can
be used to capture carbon when biological efficiency is increased to 100 %. In this ensemble, an increase in biological efficiency
manifested by an increase in P* of 0.1, corresponds to a drawdown of CO, from the atmosphere of about 20-30 ppm. This
is similar to the theoretical prediction by Ito and Follows (2005) of ~ 30 ppm. However, the drawdown of atmospheric CO»
achieved during the drawdown experiments is not purely due to biology. There are also additional effects on pCO$'™ due to
changes in ocean temperature (caused by changes in radiative balance), circulation and disequilibrium, and due to the climatic
conditions of the initial state. Thus, the model results do not correspond exactly to the theoretical prediction in this case. The
most prominent example is AD /2, which has a low initial P*, but still has a low DP. This is the coldest of all initial states,
with very high ocean sea ice cover (Table 3) compared to the other SESs, and the cold conditions are likely to be affecting the
conditions for biological production and disequilibrium. Note also that the near-linear relationship between P* and D P does
not predict D P to be exactly zero for P* = 1, as would have to be the case. When all climatic changes caused by the drawdown
experiment itself are removed, D P is reduced by 4 — 7 ppm. This shows that the biological component is highly dominant in
the total drawdown. However, the climatic differences between the initial states will still not allow the theoretical prediction to
be exact.

Those experiments that have a lower Tg,4 (thus a larger inventory of Csq) compared to P1FES278) tend to have a smaller
DP than those with higher temperatures, which is due to circulation changes acting in a predictable way. The circulation
change that is causing a colder temperature is also causing the OVT' to be weaker (Table 3), and at the same time causing a
more efficient biological pump (more C, ;) (Fig. 4), because there is more time for biology to take up nutrients. Hence, there

is less preformed nutrients left at the surface, which means P~ is higher and the DP is smaller.

5 Discussion
5.1 Solubility pump and disequilibrium

The effect on pCOS'™ of a change in the solubility pump is approximately quantifyable from the change in global ocean av-
erage temperature, AT, between two simulations, as described by Eq. (C9) suggested by Goodwin et al. (2011). According
to this equation, the span of AT, in our ensemble would correspond to 10.5 0.2 °C~*. Solving the carbon system for the
same span of AT}, yields 12.8 0.1 ppm °C~L. The error in using the simplified equation seems to be on the order of 20
%. Depending on which process is causing the change in ocean circulation, the impact of changes in the solubility pump on
pC O™ can be almost as important as the impact of changes in the biological CO; efficiency of carbon uptake. For changes in
ocean isopycnal diffusivity, the solubility pump effect is even the dominant response. Due to the temperature restriction on the
C'O4 solubility constants (see Appendix B1), the effect of ACj,, is likely to be underestimated by on average 56 +67% in our
results, further emphasising its importance. In previous studies, this has to some extent been disregarded, when the response
of the biological pump has been assumed to be the dominant response to the applied changes in circulation (e.g., Archer et al.,

2000a; Kwon et al., 2011).
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5 Discussion
5.1 Solubility pump and disequilibrium

The effect on pCOS'™ of a change in the solubility pump is approximately quantifyable from the change in global ocean aver-
age temperature, ATy, 4, between two simulations, as described by Eq. (A9) suggested by Goodwin et al. (2011). According to
this equation, the span of AT}, in our ensemble would correspond to 9.1-11.1 ppm °C~* (linear fit: 9.8 ppm °C~!). Solving
the carbon system for the same span of AT, yields 12.5=13.1 ppm °C (linear fit: 12.9 ppm °C~1). The error in using the
simplified equation seems to be on the order of 20 %. Depending on which process is causing the change in ocean circulation,
the impact of changes in the solubility pump on pCO$*™ can be almost as important as the impact of changes in the biological
CO,, efficiency of carbon uptake. For changes in ocean horizontal diffusivity, the solubility pump effect is even the dominant
response. In previous studies, this has to some extent been disregarded, when the response of the biological pump has been
assumed to be the dominant response to the applied changes in circulation (e.g., Archer et al., 2000a; Kwon et al., 2011).

It has been more difficult to quantify the effects of CO5 disequilibirum, but in this model it appears to be particularily
important in simulations with a lot of sea ice (e.g. SE1). This leads us to the conclusion that it may also be of importance in
glacial simulations. A caveat to this finding is cGENIE’s coarse resolution at high latitudes, and its simplified representation
of sea ice as a complete barrier to gas exchange. If we assume that calculation errors are small, and thus that AC,..s is mainly
due to ACy;s, the circulation changes we impose would contribute ~ 10-30 ppm of atmospheric CO5, which is comparable to

the results of Marinov et al. (2008a).
5.2 Implications for model validation

When comparing model studies, it is important to recognize differences in biological efficiency in their control states. The
pre-industrial P* of a model will determine its pre-industrial inventory of Cj,y; but also its drawdown potential. If the pre-
industrial P~ is incorrect, the total carbon inventory in the model will adjust to compensate this error, in order to achieve
equilibirum with pre-industrial pC'O$*™. Hence, failing to tune the models for pre-industrial P* will mean that they start from
a non-representative state of the carbon system. Thus, models with different initial P* will have different ApC'O5 in response
to similar circulation changes. This point was mentioned in Marinov et al. (2008a), but does not seem to have been picked
up in the model intercomparison community and, still, models are not tuned for P*. The range of P* in our pre-industrial
ensemble (SE1 — SE12) is 0.34-0.62. This range includes the current estimate for the global ocean, which according to Ito
and Follows (2005) is 0.36. Our range in initial state P* corresponds to a range in drawdown potential of 94—139 ppm. While
using a different model, but a similar approach, we confirm the conclusion of Marinov et al. (2008a) and want to stress the
importance of a similar initial efficiency of the biological pump in model intercomparison studies where COy drawdown is
diagnosed.

Few studies have simultaneously diagnosed the individual contributions by the solubility and biological pumps and the
effect of surface CO, disequilibrium. Studies by Lauderdale et al. (2013) and Bernardello et al. (2014) use a similar separation

of the carbon storage processes as we do. For increases in wind stress, the sign of AT'C' (and thus of ApCO$'™) and the
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The relationship between the changes in T4,y andAC,q¢ 7 is close to linear (Fig. 6). Any deviation from a perfect, straight

line is caused by the temperature restriction on the solubility equation (Appendix B1) The slope of the line is mwm,i =—0.59-
10'¢ mol °C~1. If the global ocean cooled by ~ 2.6 °C, as expected in a glacial state (Headly and Severinghaus, 2007), the
slope of the line suggests the excursion in Cy,; would be ~ 1.5 - 101 mol. Note that this excursion is underestimated due to
the restriction on the solubility equation. In the context of a 2.6 °C cooling, the carbon system equations (see Appendix C)
yield a corresponding decrease of about 30 ppm in pCO$'™. Here, we cannot use the simplified Eq. (C9), because the buffered
carbon inventory is unknown in this hypothetical case.

In a set of idealised GCM simulations, Eggleston and Galbraith (2017) show that CO, disequilibirum can be as important
as Cyop¢. In this ensemble, the effects of Cy; appear to be particularily important in simulations with a lot of sea ice (e.g.
AD/2, see Fig. 2d,h). This leads us to the conclusion that it may also be of importance in glacial simulations. A caveat to
this finding is cGENIE’s coarse resolution at high latitudes, and its simplified representation of sea ice as a complete barrier
to gas exchange. Assuming that AC).. is mainly due to ACly;s, the circulation changes we impose correspond to a change in
pCOg™ of ~ —30 — — 4 10 ppm due to ACy;,. This is comparable to the results of Marinov et al. (2008a), while Eggleston
and Galbraith (2017) suggest as much as ~ 40 — —70 ppm drawdown of C'O; due to increased Cg; in glacial like simulations.
This emphasises the need for further studies on the role of Cy;, in glacial as well as other climate scenarios with changes in

ocean cirulation.
5.2 Implications of changes in OV T in relation to changes in carbon

In experiments with stronger OV'T" (global and basin scale) than in PIES278, e.g. DDx2 (Figs. 5a and 7a), a water parcel
will, on average, stay near the ocean surface for a shorter time than if the OV'T" is weaker (e.g DD /2, see Figs. 5b and 7b).
Hence, biology will have less time to use the available nutrients and this will give less C's, s, thus AC,,; has a strong negative
correlation with OV'T (Fig. 4, Table 4). Changes in OV'T explains 75-80% of the variance in Cy,; in the S E ensemble, while
the rest of the variance is likely explained by e.g. redistribution of nutrients, light limitation regions or similar. Meanwhile, with
stronger OVT there will be more mixing, leading to a deepening of the thermocline, and T}, will increase (Fig. 7a, Tables 3
and 4). Thus, the correlation with AC,,  will also be negative, though weaker (4364 %). The response of ACy; is more
difficult to predict from the OV'T, due to competing changes in the temperature gradient (especially important in the North
Atlantic), sea ice and outgassing (dominant in the Southern Ocean) resulting from a change in OV'T'. Interestingly, the total
carbon inventory 7'C' shows a closer correlation with the OV'T than any of the individual ocean carbon components (Figs. 3
and 4, Table 4). Thus, the inventories of the individual DIC components are affected by the choice of model tuning strategy,
whereas the total carbon inventory is mainly a result of the strength of the circulation i.e. the ventilation of the deepwater.
Similar results are found for Cy, s and Cyg;s by Eggleston and Galbraith (2017), who describe the changes in ocean ventilation
using an ideal age tracer. Here, we show that the correlation with ocean ventilation holds even stronger for total carbon and is

also present for Cisqy.
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individual contributions by the carbon pumps and Cy;, agree with those found by Lauderdale et al. (2013). Compared to the
scenario-specific results of Bernardello et al. (2014), our results could be used more generally as a way of anticipating the
model behaviour, based on in which way the ocean circulation changes in a model study. Depending on in which way we
have changed the ocean forcing, and what the resulting effect on ocean circulation is, the origin of the change in ocean carbon
storage is different. When wind stress or ocean vertical diffusivity is changed, the response of the biological pump gives the
most important effect on ocean carbon storage, whereas when atmospheric heat diffusivity or ocean horizontal diffusivity is
changed, the solubility pump and the disequilibrium component are also important and sometimes dominant. Our results give
a first approximation of the effect of these ocean circulation changes on the ocean carbon storage, but it is important to keep in
mind that the results of changes in individual parameters do not always combine linearly. For example, in the case of halved
winds combined with low ocean vertical diffusivity (SE12), we see that the response of the biological pump in the combined
case is more or less a linear combination of the cases where these changes were made individually (SE's 3 and 5 respectively).
However, the solubility pump behaves in the same way as in the case with low ocean vertical diffusivity and control state winds
(SE5). This is because the low ocean vertical diffusivity is more important for the global ocean mean temperature, and thus

for the solubility pump, than the surface wind stress.
5.3 Implications for glacial studies

‘We have shown that, when comparing model simulations with the same EQCm::. but with differences in ocean circulation and
AMOC strength, the compared simulations will have different carbon inventories, and different strengths of the ocean carbon
pumps. In the PMIP3 intercomparison project, where glacial simulations with different models are compared, the models are
forced with glacial pCO$*™ to achieve the LGM state (https://pmip3.Isce.ipsl.ft/). The ocean circulation state is however not
specified. Otto-Bliesner et al. (2007) showed that model simulations in the PMIP2 project developed very different LGM ocean
circulation patterns and specifically large differences in AMOC strength, despite displaying similar ocean circulation patterns
in pre-industrial simulations. Most models in the studied ensemble had been initiated with pre-industrial circulation and LGM
boundary conditions according to the PMIP2 protocol. When run to quasi-equilibrium, some models would develop an LGM-
like circulation (when compared to proxy data) and some would keep a more pre-industrial like simulation. Since the ocean
circulation patterns differ, the ocean carbon storage and thus the model carbon inventories of the compared PMIP-simulations
also differ. This will be important when comparing e.g. deglacial scenarios run with these different models (e.g., Zhang et al.,
2013).

‘When attempting to simulate the glacial CO5 drawdown, it is crucial to critically evaluate the changes in forcing that need to
be applied to achieve a glacial state in the model. We should ask ourselves whether these changes agree with what we believe
actually happened in the climate system during a glacial.

When applying PMIP3 boundary conditions for the LGM, the height of the ice sheet in the northern hemisphere will tend
to intensify both the wind stress over the North Atlantic basin and as a result the AMOC-circulation (Muglia and Schmittner,
2015). Similar effects on the wind fields due to the Laurentide ice sheet are seen in e.g. Lofverstrom et al. (2014). Sime et al.

(2013) suggest that Southern Hemisphere winds will also be stronger when applying LGM boundary conditions, though they
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5.3 TImplications for model validation

‘When comparing model studies, it is important to recognize differences in biological efficiency in their control states. The
pre-industrial P* of a model will determine its pre-industrial inventory of Cior¢ but also its drawdown potential. If the pre-
industrial P~ is incorrect, the total carbon inventory in the model will adjust to compensate this error, in order to achieve
equilibirum with pre-industrial pCO$'™. Hence, failing to tune the models for pre-industrial P* will mean that they start from
a non-representative state of the carbon system. Thus, models with different initial P* will have different ApC'Os in response
to similar circulation changes. This point was mentioned in Marinov et al. (2008a) and emphasised by Duteil et al. (2012), but
does not seem to have been recognised in the model inter-comparison community and, still, models are not tuned for P*. The
range of P* in our pre-industrial ensemble (SE1-SE12) is 0.32-0.59. This range includes the current estimate for the global
ocean, which according to Ito and Follows (2005) is 0.36. Our range in initial state P* corresponds to a range in drawdown
potential of 94-139 ppm. While using a different model, but a similar approach, we confirm the conclusion of Marinov et al.
(2008a) and want to stress the importance of a similar initial efficiency of the biological pump in model inter-comparison
studies where COy drawdown is diagnosed.

Few studies have simultaneously diagnosed the individual contributions by the solubility and biological pumps and the
effect of surface CO, disequilibrium. Studies by Ito and Follows (2013), Lauderdale et al. (2013), Bernardello et al. (2014)
and Eggleston and Galbraith (2017) use a similar separation of the carbon storage processes as we do. For increases in wind
stress, the sign of AT'C' (and thus of ApC'O$'™) and the individual contributions by the carbon pumps and Cy;s agree with
those found by Lauderdale et al. (2013). In our ensemble, the anomalies in C's, ¢ and Cq¢, 4 in the equilibrium states, resulting
from differences in circulation between ensemble members, tend to be partially compensating each other. Thus, AT'C' does
not fully reveal the magnitude of the differences in the individual carbon pumps between ensemble members. We show that
the differences in equilibrium state efficiency of the biological pump between S E's manifests itself as as differences in model
sensitivity to the perturbation in biological pump efficiency, as predicted by Ito and Follows (2013). Our result can be important
for future model inter-comparison studies, in explanations of results, but also in planning for common tuning strategies and

experimental design. Compared to the scenario-specific results of Bernardello et al. (2014), our results could be used more

generally as a way of anticipating the model behaviour, based on in which way the ocean circulation changes in a model study.
Depending on in which way we have changed the ocean forcing, and what the resulting effect on ocean circulation is, the origin
of the change in ocean carbon storage is different. When wind stress (W.S) or ocean diapycnal diffusivity (D.D) is changed,
the response of the biological pump gives the most important effect on ocean carbon storage, whereas when atmospheric heat
diffusivity (AD) or ocean isopycnal diffusivity (I D) is changed, the solubility pump and the disequilibrium component are also
important and sometimes dominant. Our results give a first approximation of the effect of these ocean circulation changes on
the ocean carbon storage, but it is important to keep in mind that the results of changes in individual parameters do not always
combine linearly. For example, with doubled atmospheric heat diffusivity (ADx2) and doubled ocean diapycnal diffusivity
(D Dx2), the response of the solubility pump is very similar in both simulations. In the combined simulation (ADz2_D Dx2),

the response of the solubility pump is larger, but far from doubled, and the response of the soft tissue pump is smaller than
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in D Dx?2 alone. In this particular case, it is difficult to discern which of these two parameters has the strongest impact on the
system.

The four different preformed model tracers (Ppyc, DIC) e ,O2pre, Apre) are shown to be useful for accurate determination

of the initial state carbon partitioning and nutrient utilisation efficiency, of which we demonstrate the importance for model

5 drawdown potential. They eliminate errors associated with indirect methods used to determine AOU and A,,,.. (as described

by e.g., Ito et al., 2004; Bernardello et al., 2014; Eggleston and Galbraith, 2017), and facilitate error estimates for the carbon

partitioning methods. Some useful applications of preformed tracers have previously been presented by e.g. Marinov et al.

(2008b), Bernardello et al. (2014) and Eggleston and Galbraith (2017), but such extensive use of preformed tracers is, to our

knowledge, unprecedented in studies of the ocean carbon system.
10 5.4 Implications for glacial studies

We have shown that, when comparing model simulations with the same pC O™, but with differences in ocean circulation and

overturning circulation strength (OVT, see Section 3.4), the compared simulations will have different carbon inventories, and

different strengths of the ocean carbon pumps. In the PMIP3 inter-comparison project, where glacial simulations with different

models are compared, the models are forced with glacial pCO$'™ to achieve the LGM state (https:/pmip3.1sce.ipsl.fr/). The

15 ocean circulation state is however not specified. Otto-Bliesner et al. (2007) showed that model simulations in the PMIP2

project developed very different LGM ocean circulation patterns and specifically large differences in AMOC strength, despite

displaying similar ocean circulation patterns in pre-industrial simulations. Most models in the studied ensemble had been

initiated with pre-industrial circulation and LGM boundary conditions according to the PMIP2 protocol. When run to quasi-

equilibrium, some models would develop an LGM-like circulation, with a shallower boundary between NADW and AABW

20 than today, as indicated by paleonutrient tracers (see e.g., Marchitto and Broecker, 2006), and some would keep a more pre-

industrial like circulation. Since the ocean circulation patterns differ, the ocean carbon storage and thus the model carbon

inventories of the compared PMIP-simulations also differ. This will be important when comparing e.g. deglacial scenarios run
with these different models (e.g., Zhang et al., 2013).

‘When attempting to simulate the glacial CO drawdown, it is crucial to critically evaluate the changes in forcing that need to

25 be applied to achieve a glacial state in the model. We should ask ourselves whether these changes agree with what we believe

actually happened in the climate system during a glacial. When applying PMIP3 boundary conditions for the LGM, the height

of the ice sheet in the northern hemisphere will tend to intensify both the wind stress over the North Atlantic basin and as a

result the AMOC-circulation, (Muglia and Schmittner, 2015; Klockmann et al., 2016). In a full glacial state, the associated

deepening of the AMOC is however counteracted by the decrease in pCO$™ (Klockmann et al., 2016). Similar effects on

30 the wind fields due to the Laurentide ice sheet are seen in e.g. Lofverstrom et al. (2014). Sime et al. (2013) and Sime et al.

(2016) suggest that Southern Hemisphere winds will also be stronger when applying LGM boundary conditions, though they

emphasise that results from different palaeoproxies and models disagree on this. In our simulation, we intensify the wind stress

in both hemispheres and this leads to decreased capacity of both the biological and the solubility pump, and effectively an

increase in wQDm;S. Lauderdale et al. (2013) showed similar results, but for increased Southern Ocean winds. Hence, the
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emphasise that results from different palacoproxies and models disagree on this. In our simulation, we intensify the wind stress
in both hemispheres and this leads to decreased capacity of both the biological and the solubility pump, and effectively an
increase in %ﬁ‘Omt;. Lauderdale et al. (2013) showed similar results, but for increased Southern Ocean winds. Hence, the
changes in wind fields achieved by the applied LGM boundary conditions in models may be contributing to the difficulties in
simulating the glacial decrease in pCO$'™.

In those of our ensemble members where ocean vertical diffusivity is halved, we achieve some glacial-like ocean charac-
teristics; the circulation is weaker, the global ocean temperature is colder and the biological pump is stronger. However, it
has been shown by Schmittner et al. (2015) that open ocean mixing is likely to have been intensified during glacials, when
lower sea level made shelf areas decrease and tidal mixing was shifted to the deep ocean. In their model, global ocean mean
vertical diffusitivy increased by more than a factor of 3, leading to an intensification of ocean overturning. In our experiments,
a doubling of vertical diffusivity leads to a decrease in ocean carbon storage corresponding to an increase of pCO3"™ of more
than 20 ppm (see S EG in Figure 2). Hence, in a full glacial scenario, processes causing increased ocean carbon storage would
have to offset this effect before causing any net decrease in pCO§'™. Other effects on glacial pCO3*™ linked to lower sea level
(reduced ocean volme) during glacials, caused by higher salinity, and higher concentration of DIC, alkalinity and nutrients,
have been constrained to +12—16 ppm (Kéhler and Fischer, 2006; Brovkin et al., 2007; Kohfeld and Ridgwell, 2009). In this
process study we are not aiming to reproduce LGM conditions in the model and such effects of changes in ocean volume are
beyond the scope of our investigations. Ocean volume, and global averages of salinity, alkalinity and phosphate have thus been
kept constant in our simulations.

Since numerous studies of proxy data indicate that the global ocean was in fact less ventilated during glacials (e.g., Broecker
et al., 1990; Sikes et al., 2000; Keigwin and Schlegel, 2002; Skinner et al., 2010, 2015), it seems possible that the effect of

increased mixing was indeed offset by some other process. One such factor could be that the global ocean was saltier and more

stratified (Ballarotta et al., 2014). In our simulations, weaker overturning circulation is also connected to colder temperatures.
These cold simulations show a tendency towards lower drawdown potentials. It is likely that the more sluggish circulation is

already allowing a more efficient biological pump, leading to a higher P* and thus a smaller drawdown potential.

6 Conclusions

In this paper, we have studied three mechanisms for ocean carbon storage — the biological pump, the solubility pump and
the contribution from air-sea CO disequilibrium — and quantified the response of these mechanisms to differences in the
equilibrium ocean circulation state. For a given set of equilibrium states in the model cGENIE, we have constrained the
response of the carbon storage associated with the first two mechanisms reasonably well and diagnosed their influence on
pCOS™™ . We have also seen some response related to ocean CO> disequilibrium.

‘We have obtained different states of equilibrium ocean circulation by varying forcings and model parameters (listed in Table
1) in a model ensemble. This was not done with the aim to achieve a glacial-like circulation, but to study how the ocean carbon

storage responds to changes in a wide range of circulation processes. We change forcing parameters such as wind stress, ocean
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changes in wind fields achieved by the applied LGM boundary conditions in models may be contributing to the difficulties in
simulating the glacial decrease in pCO$'™.

In those of our ensemble members where ocean diapycnal (i.e. near vertical) diffusivity is halved, we achieve some glacial-
like ocean characteristics; the circulation is weaker, the global ocean temperature is colder and the biological pump is stronger.
However, it has been shown by Schmittner et al. (2015) that open ocean mixing is likely to have been intensified during
glacials, when lower sea level made shelf areas decrease and tidal mixing was shifted to the deep ocean. In their model, global
ocean mean vertical diffusitivy increased by more than a factor of 3, leading to an intensification of ocean overturning. In our
experiments, a doubling of diapycnal diffusivity leads to a decrease in ocean carbon storage corresponding to an increase of
pC O™ of more than 20 ppm (see D Dz2 in Figure 2¢). Hence, in a full glacial scenario, processes causing increased ocean
carbon storage would have to offset this effect before causing any net decrease in pCO3'™. Other effects on glacial pCOg*™
linked to lower sea level (reduced ocean volme) during glacials, caused by higher salinity, and higher concentration of DIC,
alkalinity and nutrients, have been constrained to +12—16 ppm (K&hler and Fischer, 2006; Brovkin et al., 2007; Kohfeld and
Ridgwell, 2009). In this process study we are not aiming to reproduce LGM conditions in the model and such effects of
changes in ocean volume are beyond the scope of our investigations. Ocean volume, and global averages of salinity, alkalinity
and phosphate have thus been kept constant in our simulations.

Since numerous studies of proxy data indicate that the global ocean was in fact less ventilated during glacials (e.g., Broecker
et al., 1990; Sikes et al., 2000; Keigwin and Schlegel, 2002; Skinner et al., 2010, 2015), it seems possible that the effect of
increased mixing was indeed offset by some other process. One such factor could be that the global ocean was saltier and more
stratified (Ballarotta et al., 2014). In our simulations, weaker overturning circulation is also connected to colder temperatures.

These cold simulations show a tendency towards lower drawdown potentia

It is likely that the more sluggish circulation is
already allowing a more efficient biological pump, leading to a higher P* and thus a smaller drawdown potential. According
to Headly and Severinghaus (2007), the global average temperature of the glacial ocean was 2.6 = 0.6 °C colder than the
modern day ocean. Since the ensemble member with the coldest ocean is only 1.3 °C colder than PIES278, the variations
in Cj, during the past glacial cycles were likely larger than in our set of experiments, allowing for a larger contribution by
the solubility pump. Hence, the colder temperatures could play an important role in offsetting the effect of increased mixing.
Fig. 7 suggests that AC's, for a change in T}, of -2.6°C c.f. pre-industrial would be approximately 1.5 - 106 mol (180 GtC),
whereas AC,; for the coldest of our simulations is only 0.58 - 106 mol (70 GtC). If we account for a likely underestimation
of AC, of ~ 50 % (see Section 4.1.3 and Appendix B1) in Fig. 6, a simulation as cold as the LGM state suggested by Headly
and Severinghaus (2007) would have an increase in strength of the solubility pump corresponding to ~ 300 GtC. Another
important mechanism for the global glacial deep ocean circulation is surface buoyancy loss around Antarctica driven by the
brine rejection associated with sea ice formation (Klockmann et al., 2016; Marzocchi and Jansen, 2017). This effect is not
explored in our simulations.

In our ensemble of simulations, 100 % nutrient utilisation efficiency (NU E) causes more drawdown than is necessary to
reach glacial values. Future efforts need to deduce how big an increase in NUE we could expect for a glacial, when using

proxy data of e.g. iron fertilisation (e.g., Petit et al., 1999) and water mass properties (e.g., Elderfield and Rickaby, 2000) as
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diffusivity and atmospheric heat diffusivity and run the model to equilibrium while keeping atmospheric CO» constant. We
study the response of the three mechanisms for ocean carbon storage and relate it to differences in ocean circulation strength.
In cases with weaker circulation, we see that the ocean’s capacity for carbon storage is larger. The contributions to the change
in carbon storage by the solubility pump, the biological pump or CO, disequilibrium are different depending on the origin of
the ocean circulation change. When wind stress or ocean vertical diffusivity is changed, the response of the biological pump
has the strongest impact on ocean carbon storage. In contrast, when atmospheric heat diffusivity or ocean horizontal diffusivity
is changed, the solubility pump and the disequilibrium component also give important, and sometimes dominant, contributions
to the change in ocean carbon storage.

Finally, to constrain the biological pump, we used the SE ensemble members (Fig. 1) as initial states to see how their
pCOZ*™ responded when the model was forced into a state with 100 % efficient biology. We applied similar adjustments to
circulation parameters as those tested in Marinov et al. (2008b), in order to allow some direct comparison of our results with
their study. In agreement with Marinov et al. (2008b), we find that the drawdown potential of an ensemble member is a direct
result of its biological efficiency, as measured by the ratio between global average regenerated Aﬁv and total (P) phosphorus,
denoted P~ , in its initial equilibirum state.

This study shows that, a model’s control pre-industrial state will determine the sensitivity of the mechanisms for ocean
carbon storage to changes in biological efficiency. Often, a model with stronger circulation will have a higher global ocean
mean temperature, thus a weaker solubility pump, and lower biological efficiency, thus also a weaker biological pump. This
leads to that model having a smaller ocean carbon inventory in the control state, but a larger drawdown potential for CO»,
compared to a model with weaker circulation. Hence, when different models are used to simulate a glacial scenario, it is likely
that a significant part of the difference in their CO, drawdown potentials results from differences that are already present, but
not directly visible, in their control states. This has potentially important implications for model intercomparison studies.

In our entire ensemble of simulations, 100 % nutrient utilisation efficiency causes more drawdown than necessary to reach
glacial values. Future efforts need to deduce how big an increase in nutrient utilisation we could expect for a glacial, when
using proxy data of e.g. iron fertilisation (e.g., Petit et al., 1999) and water mass properties (e.g. Elderfield and Rickaby, 2000)
as a constraint. By understanding how ocean circulation changes during the glacials may have contributed to altering the ocean
nutrient utilisation efficiency, it will be easier to quantify how much it may have increased due to e.g. fertilisation by deposition
of iron from dust. However, recent studies have shown that there may have been more, not less, preformed nutrients in the deep
ocean during the last glacial, which implies less efficient nutrient utilisation by biology Homola et al. (2015). One aspect that
could explain how more carbon could still be trapped by biology in such a case is if the stoichiometric ratios in a glacial
scenario no longer follow the averages described by Redfield (1963). In most climate models, this is currently not taken into

account. Implementation of variable stoichiometry in models could however bring interesting insights in the future.
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a constraint. By understanding how ocean circulation changes during the glacials may have contributed to altering the ocean
NUE, it will be easier to quantify how much it may have increased due to e.g. fertilisation by deposition of iron from dust.
However, on-going studies indicate that there may have been more, not less, preformed nutrients in the deep ocean during the
last glacial (Homola et al., 2015, and Spivack, A. J. (P.C., 2015)), which implies less efficient nutrient utilisation by biology.
One aspect that could explain how more carbon could still be trapped by biology in such a case is if the stoichiometric ratios
in a glacial scenario no longer follow the averages described by Redfield (1963). In most climate models, this is currently not

taken into account. Implementation of variable stoichiometry in models could however bring interesting insights in the future.

6 Conclusions

In this paper, we have studied three mechanisms for ocean carbon storage — the biological pump, the solubility pump and
the contribution from air-sea CO disequilibrium — and quantified the response of these mechanisms to differences in the
equilibrium ocean circulation state. For a given set of equilibrium states in the model cGENIE, we have constrained the
response of the carbon storage associated with the first two mechanisms reasonably well and diagnosed their influence on
pCOZ'™. We have also seen some response related to ocean CO disequilibrium.

‘We have obtained different states of equilibrium ocean circulation by varying forcings and model parameters (listed in Table
1) in a model ensemble, while keeping atmospheric CO5 constant. This was not done with the aim to achieve a glacial-like
circulation, but to study how the ocean carbon storage responds to changes in a wide range of circulation processes and relate
the response of the three mechanisms for ocean carbon storage to differences in ocean circulation strength. The contributions
to the change in carbon storage by the solubility pump, the biological pump or CO2 disequilibrium are different depending on
the origin of the ocean circulation change, i.e. the model tuning strategy. When wind stress or ocean diapycnal diffusivity is
changed, the response of the biological pump has the strongest impact on ocean carbon storage. In contrast, when atmospheric
heat diffusivity or ocean isopycnal diffusivity is changed, the solubility pump and the disequilibrium component also give
important, and sometimes dominant, contributions to the change in ocean carbon storage. Despite this complexity, we obtain
a negative linear relationship between total ocean carbon and the combined strength of the northern and southern overturning
cells. This relationship is robust to different reservoirs dominating the response to different forcing mechanisms. We show that
the individual carbon components are all to some extent correlated with the strength of the circulation, but they combine in a
way that makes the response in total carbon inventory be nearly fully explained by changes in circulation strength.

Finally, to constrain the biological pump, we used the SE ensemble members (Fig. 1) as initial states to see how their
pCOZ"™ responded when the model was forced into a state with 100 % efficient biology. We applied similar adjustments to
circulation parameters as those tested in Marinov et al. (2008b), in order to allow some direct comparison of our results with
their study. In agreement with Marinov et al. (2008b), we find that the drawdown potential of an ensemble member is a direct
result of its biological efficiency, as measured by the ratio between global average regenerated (P,,) and total (P) phosphorus,

denoted P* , in its initial equilibirum state. We show that it is possible to quantify, from theory, the effect of biases in the carbon

inventory of a model’s control state on its sensitivity to changes in the biological pump. We test a wide range of changes to the
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forcing in order to demonstrate that the result is robust. This result should be of value in understanding the biases of individual
models, in model inter-comparison studies, and potentially for choosing tuning criteria. Often, a model with stronger circulation
will have a higher global ocean mean temperature, thus a weaker solubility pump, and lower biological efficiency, thus also
a weaker biological pump. This leads to that model having a smaller ocean carbon inventory in the control state, but a larger
5 drawdown potential for CO,, compared to a model with weaker circulation. Hence, when different models are used to simulate
a glacial scenario, it is likely that a significant part of the difference in their CO, drawdown potentials results from differences

that are already present, but not directly visible, in their control states.

Code and data availability. The source code for cGENIE is publically available at http://www.seao2.info/mycgenie.html. Data is available

upon request (e-mail to the corresponding author).

10 Appendix A: The ocean carbon system
Al The ocean carbon pumps

The abiotic, physical pathway, or the solubility pump, begins with air-sea gas exchange, which acts to achieve a chemical
equilibrium between the atmosphere and the surface ocean. This equilibrium depends on temperature. The ocean circulation
then advects both the temperature and the dissolved carbon into the deep ocean. This carbon is also referred to as preformed

15 carbon. Since the solubility of C'O, is larger in colder water, the sinking cold water is enriched in carbon compared to surface
waters in warmer regions.

The biological pathway, or the biological pump, begins with biological production in the surface ocean. Carbon is incor-
porated into soft-tissue organic compounds. Some of this material then reaches the deep ocean, either by being advected in
currents or by falling out of the surface layer. When the organic material is decomposed, inorganic carbon (CO3) comes back

20 into dissolution in the water. This fraction of DIC is referred to as regenerated carbon. Carbon is also incorporated into hard
tissue (shells) in the form of CaCO3 which can be dissolved in the deep ocean. This dissolution influences deep ocean alkalinity
(Section 2).
Due to the difference in the chemical role of soft-tissue and hard-tissue carbon, the biological pump is more correctly referred
to as being two separate pumps; the soft-tissue pump and the carbonate (hard-tissue) pump (e.g., Sarmiento and Gruber, 2006;
25 Kohfeld and Ridgwell, 2009). The soft-tissue pump acts to increase deep ocean DIC. The carbonate pump has a counter effect,
because uptake of CaCO3 for shell formation reduces alkalinity and the capacity to dissolve C'O5 in the surface ocean. The
soft-tissue pump is stronger than the carbonate pump. Therefore, the net effect of the biological pump is to enhance the deep

ocean concentration of DIC.
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A2 Nutrient utilisation efficiency and P*

Biology in the surface ocean uses a fraction of the available nutrients to produce new organic material and binds CO; in the

process. The remaining, unused (or preformed), nutrients, denoted P, are brought with the circulation (the physical pathway)

into the deep ocean, where no new production is possible. The nutrients transported to the deep ocean via the biological pump

5 are called regenerated nutrients, P,4. If the biology becomes more efficient at using the nutrients in the surface ocean, the
fraction of P, in the deep ocean increases and P, decreases.

As described in the framework introduced by Ito and Follows (2005), the global average of P, relative to the overall global

average concentration of inorganic nutrients (denoted by P) is a measure of nutrient utilisation efficiency, NUE. This can be

described using the parameter P*,

—_ P,
10 Pr= =2l Al
=5 (AD)

Here, the overbars mark that we are using the global average of a quantity. If P* is 1, all available nutrients in the deep
ocean were brought there by the biological pump. In other words, the deep ocean is ventilated by surface waters that have had

all nutrients removed, hence (at steady state,) the ocean interior will have no P,,...

To calculate P* (Eq. Al), we need to know Py, the concentration of dissolved phosphate in the deep ocean that is of

15 regenerated origin. We get P,.., by removing P, from the concentration of total phosphate, P.

Appendix B: Separation of carbon species

In this section, the calculations of the total carbon inventory described by Eq. 3 are described in detail.
The atmospheric carbon content, which in this model is limited to its content of COs, is given by the partial pressure of
CO, times the number of moles of gas in the atmosphere, M,,. Assuming an atmospheric thickness of 7,777 m, M,, is given to
20 1.7692-102° mol. In this case 1 ppm of CO; corresponds to 2.123 PgC, which is consistent with the OCMIP recommendation.
M, is the mass of the ocean [kg], which in our ensemble of simulations is kept constant at 1.34 - 102! kg. Implications of
changes in volume are further discussed in Section 5.4. Calculations of Cyq¢, Cso ¢ and Ceq,p are described in Sections B1-B2.
Ches is the residual between the sum of the calculated Cisqt, Cso¢ and Ceq,p and the actual carbon concentration in the water
parcel, which includes DIC and organic matter (POC' and DOC'). C,..s contains three components; 1) The first, and most
25 interesting, contribution to C,. is the disequilibrium component Cy; . This is the part of the water parcel carbon concentration
which results from the water parcel not being in perfect equilibrium with the atmosphere at the time when it left the surface.
Hence, the concentration of carbon of abiotic origin (preformed carbon) in the water parcel consists of Cyqs + Cyis. We can
therefore use the relation Cg;s = Cpre — Csqy to estimate this component of €., though we need to keep in mind that it there
are calculation errors associated with C,, that will affect this estimate (see point 3 below). 2) The second contribution to C..s
30 is the presence of carbon in the form of particulate and dissolved organic matter. At any one model time step, the concentration

of such carbon is very small compared to the other terms in the equation (<1 %, ~ 1-10'> mol) and this is therefore not
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considered separately. It is however included when model 7'C' is quantified. 3) The third contribution to C,..s consists of the
errors associated with any imperfect assumptions in the theory used for calculating Csq¢, Cso ¢ and Ceqrp. These are further

discussed in Sections B1-B2.
B1 Contribution by the solubility pump

5 For one individual water parcel, Cs,; corresponds to the concentration [mol _nm\: of carbon the water parcel would have had
if it would have been in equilibrium with the atmosphere, taking into account its temperature, salinity, alkalinity and also the
minor effect of the concentration of PO, in the absence of biology. We calculate the global average of grid cell Csot(Ts g, ) —
Csat(Tpresars) solving the carbon system equations using the solver CO2SYS (Lewis et al., 1998). The constants used in the
scheme do not exactly match those used in the model, but the differences are minor.

10 The dissociation constants used in the cGENIE calculations of solubility for CO, in sea water follow Mehrbach et al. (1973),
which are only defined for waters between 2-35 °C. Hence, the expression for C'O solubility in the model is restricted so that
all water below 2 °C has the same C'Os solubility (similarily for all water above 35°C). In the calculations of C,:, we use
CO2SYS with this temperature restriction, to accurately represent the model behaviour. In order to estimate the error introduced
by this restriction, we need to assume that the same dissociation constants can be used outside the given temperature interval.

15 The validity of this assumption is supported by the results of Goyet and Poisson (1989), who find similar dissociation constants
for the interval -1-40°C in a study on artificial seawater. When CO2SYS is run using model ocean temperatures without the
temperature restriction, we find that the calculated inventory of Ciq; in the SEs is 0.06-0.5% larger than with the restriction.
For PIES278 the inventory of Cy,y is 0.25% larger. In terms of ACj;, the unrestricted Cl,; inventories indicate that the
contribution by temperature changes to AT'C'is on average underestimated by approximately 56 +67% when the restriction

20 s active. Since the restriction is used consistently, the error caused by the restriction being present in the model should not
constitute a significant problem for our analysis. Nonetheless, the underestimation of the effect of temperature changes should
be heeded in the discussion of our results.

Since pCOS™ is constant and the global ocean mean salinity is similar in all ensemble members SE1-SE12, any changes

in global average C's,; between PIES278 and the SEs will be due to changes in ocean temperature or alkalinity:

25 DQ@;MDHE +AA 0Csat

or pC02,5,Apre sgm\w‘w% pC0O2,5,T @b
Note: Salinity is conserved, but re-distributed. Hence, when using Eq. (B1) at the local scale, the term dependent on AS must
be included. It only disappears after global integration, assuming that %WE =~ constant, which is done here.

‘We calculate the first term on the right hand side in Eq. (B1) on the local scale, by solving the carbon system equations using
CO2SYS and taking the global average of the grid cell difference Csat(T's p(n)) — Csat (TPrEs278) for each ensemble member,

30 while keeping salinity and alkalinity constant using the PIES278 grid cell salinity and A,,... Similarily, the second term on

the right hand side is calculated as the global average of grid cell Cqt(Apre, sE(n)) — Csat (Apre, PrEs278) for each ensemble

member, using 7" and S of PIES278.
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Code and data availability. The source code for cGENIE is publically available at http://www.seao2.info/ mycgenie.html. For this work,
modifications have been made to the gas exchange code in the file biogem_box.f90 and the modified version is provided for download with

this manuscript. Data is available upon request (e-mail to the corresponding author).

A dix A: Corr ding ct

P s

in pCOg'™

PP

To achieve the equilibirium states of our ensemble (SE1— SFE12), we have been restoring pCO$™™ to 278 patm (patm =
ppm). This means that the changes in carbon cycling caused by the imposed circulation changes are only seen as changes in
ocean carbon storage. In the real world, we would also get an effect on the air-sea equilibirum and on pCO%'™.

In this section, we translate the observed changes in the ocean TC, Ciqt, Csoftr Ceart. and Cpeg to the effect on pCOS™
that would have been seen if it had not been restored. The fact that we are indeed changing the total carbon inventory of the
system means that these translations are approximate, since they assume the inventory to be constant. However, the changes in
inventory are small compared to the size of the total inventory and therefore these calculations are still reasonably correct.

First, we need to know the Revelle buffer factor, R¢, for the control equilibrium, where R¢ is

A[CO,] \DENQ_ QQL\

Re= [COs] / DICT T T[COy]

(A1)

where [CO,] and [DIC)] are the concentrations of dissolved CO; and DIC in the surface ocean. The difference between [1'C]
and [DICY is very small and is due to the carbon trapped in organic molecules. This difference is small enough to be negligible
in these calculations, and henceforth we consider DIC' and T'C' to be directly interchangeable in all equations.

R is calculated by using the carbon system equation solver CO2SYS (Lewis et al., 1998). As input we use the control
equilibirum global averages of temperature, salinity and concentrations of A, and POy, which are 3.58 °C, 34.90, 2296
pmol kg=1, 2.15 pmol kg~ ! respectively. R is given as output from CO2SYS. Given the control pCO$™ of 278 ppm, R¢ is
12.4, which we then use as R in the rest of our calculations. From the equation solver, we also get the global average ocean
concentration of DIC that corresponds to the given conditions. We call this concentration DIC.¢ and it is 2100 pmol kg=*.
DIC.y is used as input when we next prepare to calculate the alkalinity factor, R4, of the system. This factor is used to

calculate the effect of a change in alkalinity on pCO$'™. R 4 is given by

chm_?
Ra="co, Coa \ Apre] A2

Again, we use CO2SYS, with the same control state equilibrium parameters as before, but now giving DIC,.. instead of

pCOg*™ . This time we get a value for pCOS'™ as output. We will denote this output pCO,,, . We also let CO2SYS calculate

5

10

15

20

25

B2 Contribution by the biological pumps

The calculations in this section largely follow the Appendix in Lauderdale et al. (2013), who studied the correlation between
wind-driven changes of the residual circulation in the Southern Ocean and changes in ocean carbon reservoirs and atmospheric
COy. In contrast to Lauderdale et al. (2013), our model computes A,,.. and 03,,., which reduces the sources of error in Egs.
B2 and B4. All stoichiometric ratios for organic material are based on Redfield (1963).

Cyoft corresponds to the carbon that has been added to the water parcel through the remineralisation of the soft tissue of

biogenic material that has entered the water parcel. The global ocean average of Cy,; is calculated as

Csoft = —Rc.0, - AOU (B2)
AOU =0,,,, — 0, (B3)

where R0, is the stoichiometric ratio of carbon to oxygen of —106/138 ~ —0.768 and AOU is the apparent oxygen utilisa-
tion. As seen in Eq. (B3), we calculate AOU as the difference between the preformed concentration of oxygen, Dm.:t which
is the concentration that the water had at the surface before it was subducted, and the actual concentration of oxygen, O, that
is registered in the water. This difference is due to decomposition of organic soft-tissue material, which consumes oxygen.
Therefore, AOU can be used to ‘back-track’ the amount of nutrients or carbon that was brought into the deep ocean trapped

in organic material, which has then been remineralised. When O _ is not an available quantity, it is commonly assumed that

3
oxygen is at equilibrium at the ocean surface. AOU is then calculated by replacing Oy, with the saturation concentration for
oxygen at the ambient temperature and salinity. In the real ocean, oxygen disequilibrium is negative and though it is small, it
is not negligible. Hence, using Oy, gives a more reliable result for AOU.

The biogenic material also carries hard tissue, and the carbon dissolved from this tissue is denoted C..,,5. We calculate the

grid cell concentration of Cqyp, as

1
Cearb = mA\r& —Apre — Ry-0, - AOU) (B4)

where Ay is the grid cell alkalinity and R .0, is the stoichiometric ratio of nitrogen to oxygen of 16:-138 (~ —0.116). We
can then calculate the volume-weighted global average of C\.qrp.

Finally, ACy,f¢ and ACeqy for each SE(n), where n = (1,...,12), are given by the difference between the global average
concentration in the SE and in PIES278, as

alk®
pCOS"™ for a 1 % increase in Ape. pCOs,,, is 278 ppm in the case with all control values and 248 ppm in the case with ACsost = Csoftspim — Csoftrrsams (B5)
increased A,,.. We take the average of these two calculations, 263 ppm, as pCOs,,, and ApCOs,,, = 278 — 248 = 30 ppm. ACcarb = Cearbspny — Cearbprpsars (B6)
With these values, Eq. (A2) gives R4 = —11.4. (B7)
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B3 Contribution by residual and desiquilibrium carbon

Residual carbon, C., is T'C minus the contributions from the computed Csq¢, Csof¢ and C.,. The residual will mainly consist
of desiquilibrium carbon, Cy;s. Since Cy;s is determined at the surface, before water sinks, by definition Cy;s = Cpre — Cat-
Assuming the methods described in Section B1 give a good approximation of Cyqs, DICyre — Csat, Where DIC),,. is the

model concentration of preformed carbon, gives a good approximation of Cly;s.

Appendix C: Corresponding cl in pCcOgt™

To achieve the equilibirium states of our ensemble (SE1-SE12), we have been restoring pCOS$'™ to 278 patm (patm = ppm).
This means that the changes in carbon cycling caused by the imposed circulation changes are only seen as changes in ocean
carbon storage. In the real world, we would also get an effect on the air-sea equilibirum and on pCO$'™.

In this section, we translate the observed AT'C, ACsqt, ACsoft, ACcqrs, and AC,, to the effect on pCOS'™ that would
have been seen if it had not been restored. The fact that we are indeed changing the total carbon inventory of the system means
that these translations are approximate, since they assume the inventory to be constant. However, the changes in inventory are
small compared to the size of the total inventory and therefore these calculations are still reasonably correct.

First, we need to know the Revelle buffer factor, R, for the control equilibrium, where R is

_ A[COs) JAIDIC] _ A[CO,] SA[TC)
Fo="5o1/ Toie] ~ 100, / e ©

where [COs] and [DIC] are the concentrations of dissolved CO and DIC in the surface ocean. The difference between the

total ocean carbon (T'C,, = M,(Cisa1+Cs, rt+Cears +C'es) and DIC is very small and is due to the carbon trapped in organic
molecules. This difference is small enough to be negligible in these calculations, and henceforth we consider DIC and T'C', to
be directly interchangeable in all equations. Note that AT'C' = AT'C,,, since the atmospheric contribution to AT'C = 0.

R is calculated by using the carbon system equation solver CO2SYS (Lewis et al., 1998). As input we use the control
equilibirum global averages of temperature, salinity and concentrations of A, and POy, which are 3.58 °C, 34.90, 2296
pmol kg1, 2.15 umol kg~ respectively. R is given as output from CO2SYS. Given the control pCO$™ of 278 ppm, R is
12.4, which we then use as R in the rest of our calculations. From the equation solver, we also get the global average ocean
concentration of DIC that corresponds to the given conditions. We call this concentration DIC.y and it is 2100 zzmol kg=!.
DIC,.y is used as input when we next prepare to calculate the alkalinity factor, R4, of the system. This factor is used to

calculate the effect of a change in alkalinity on pCO$'™. R 4 is given by

 A[COs] JA[Apr]
Ra="c0, | T @

Again, we use CO2SYS, with the same control state equilibrium parameters as before, but now giving DIC,..; instead of

pCO3"™ . This time we get a value for pCOS™™ as output. We will denote this output pCO,,,, . We also let CO2SYS calculate
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We can now calculate how a change in T'C, in our SE ensemble would affect pCO$'™, if we were not restoring it:

I ATC o AAlk -

D@QQE&: V
2 | TC Alk

Here, AT'C is the change in T'C' of an ensemble member (SE1 — SE12) c.f. the control, as seen in panel a of Figure 2. TC'
and Alk are total inventories of carbon and alkalinity respectively in the control equilibrium and AAlk is the difference in
alkalinity inventory between the ensemble member and the control. In this ensemble, AAlk is solely due to changes in the
biological pump.

The effect a change in the inventory of residual carbon, M, - AC,.s, would have on EQQW::, is calculated in a similar

manner as for ATC

_ pcogt g MoACras @

D@QQ;::
2 Cres re

Since the biological pump is not involved in this change, we need not take into account changes related to alkalinity, and
therefore that term is removed.

We estimate the effects of changes in the biological pump using equations from Kwon et al. (2011), which they base on the
framework described in Ito and Follows (2005). They make simplifications assuming that [C's,;] can replace [DIC] in Eq.
(A1), and that, to leading order approximation, the sensitivity of pC'O$"™ to changes in Cs, s is independent of the size of the

carbon reservoirs in the atmosphere and ocean respectively. These simplifications yield Eqs. (AS) and (A7).

ApCO5™ =pCO§"™ - ACso51 * Csoftr (A5)
Choft
\NQ m\»
C = +RNn.c=— A6
softr o N:C T (A6)

Equation (A5) gives the change in pCO$'™ that would correspond to an observed ACj,¢. ACs,+ is the change in global
average concentration of Clsos; in the control equilibrium and Cyof¢ ), is the scaled buffer factor for Cs, s, which is based
on global average concentrations of C',; and Ay, (see Kwon et al. (2011)). The approximation in this case that EQQW:S is
insensitive to the size of the carbon reservoirs in the atmosphere and ocean overestimates the excursion in pCO$'™ due to
changes in Cso 54 by about 10-15 %.

For Cqrp. the corresponding equations are

ApCOg*™ =pCO™ - ACeart - Coarbp (A7)
Cearp
anﬁ?u = \‘NNQ — @ A>mv
Csat  Apre
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pCO3"™ for a 1 % increase in Ap,e. pCOs
increased A,,.. We take the average of these two calculations, 263 ppm, as pC'Os,,, and ApCO,,,, = 278 — 248 = 30 ppm.
With these values, Eq. (C2) gives Ry = —11.4.

We can now calculate how a change in 7'C', in our SE ensemble would affect EQQW;S. if we were not restoring it:

. 1 278 ppm in the case with all control values and 248 ppm in the case with

ATC AAlk
= Nx,%v (C3)

ApCOgtm =pCOL™ . —(Re:

re DIC
Here, ATC is the change in T'C of an ensemble member (SE1-SE12) cf. the control, as seen in panel a of Figure 2. DIC' and
Alk are total inventories of DIC and alkalinity respectively in the control equilibrium and A Al is the difference in alkalinity
inventory between the ensemble member and the control. In this ensemble, AAlk is solely due to changes in the biological
(soft tissue and carbonate) pump .

The effect a change in the inventory of residual carbon, M, - AC,..s, would have on wQOm::w is calculated in a similar

manner as for ATC

MoACyes
_ pcosm . MeAC

atm
D@QQM Cres bic

(C4)

Since the biological pump is not involved in this change, we need not take into account changes related to alkalinity, and
therefore that term is removed.

‘We estimate the effects of changes in the biological pump using equations from Kwon et al. (2011), which they base on the
framework described in Ito and Follows (2005). They make simplifications assuming that [C,] can replace [DIC] in Eq.
(C1), and that, to leading order approximation, the sensitivity of pCO5"™ to changes in Ci, ¢ is independent of the size of the

carbon reservoirs in the atmosphere and ocean respectively. These simplifications yield Eqgs. (C5) and (C7).

ApCO5™ =pCO§"™ - ACso51 - Csoftp (Cs5)
Ciopt
—R¢ Ra
C = FRNVG C6
softe o N:C T (C6)

Equation (C5) gives the change in pCO3™ that would correspond to an observed ACy, ;. ACsqy is the change in global
average concentration of Cy,y; in the control equilibrium and Ci ¢, is the scaled buffer factor for Cy, ¢, which is based
on global average concentrations of C's,; and A, (see Kwon et al., 2011). The approximation in this case that wQOm:: is
insensitive to the size of the carbon reservoirs in the atmosphere and ocean overestimates the excursion in pCO$!™ due to
changes in Cso5¢ by about 1015 %.

For C.qrp, the corresponding equations are
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The only remaining carbon species is Csq:. We calculate the effects on pCOS'™ corresponding to our observed ACy,;

directly by solving the carbon system equations using CO2SYS. As input data we use the observed salinity, global average
concentration of DIC' and surface POy of the control equilibrium, as well as the restored value of pCO$*™ = 278 ppm. We run
CO2SYS with the control global average temperature and the SE ensemble member global average temperature. As output,

atm

2™ at these two temperatures. Thus, we can compute the ApCO$'™ we would get as a result of solely

we then get the pC'OS
changing the temperature and keeping everything else but pCO$'™ constant.

Instead of solving the carbon system equations to get the change in pCO$'™, Goodwin et al. (2011) suggest using a sim-
plified equation, where the fractional change ApCO$'™ /pC O™, is described as proportional to a function of global average

ocean temperature;

ApCOS™ — V OCas
i o s g A
pCOgi™ Ip 0T g (@9

Ip =Ia+10/Rgiobal (A10)

:mnn.a\mwmﬁoomm:,\o_camﬁ?mvmba % ABoﬂalwoOLKm%w orwbmmw:mwﬁﬁmaonooson::mmoso:u_oﬁnncsznrm:mw
of seawater temperature, in this case global ocean average temperature. /5 is the buffered amount of carbon in the system,
or in other words the CO; that is “available for redistribution between the atmosphere and ocean” (Goodwin et al., 2007). As
described by Eq. (A10), I is based on the atmospheric carbon inventory, /4, and the ocean inventory of DIC, Ip, scaled by

the global value for the Revelle buffer factor, which in this case is the same as R¢ above.

Author contributions. M. Odalen, J. Nycander and K. I. C. Oliver designed the model experiments. A. Ridgwell developed the cGENIE
model code, and M. Odalen adapted it for the experimental design. M. Odalen performed the model simulations and produced the figures. L.
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ApCOgt™ =pCO§™ - ACears * Cearbr (€n
Ra

Ol = — cs8

b T (C8)

The only remaining carbon species is C,. The effect on EQOW:E corresponding to our observed AC,, 4 is estimated using

Eq. C3, replacing T'C' by ACjq, 4. We calculate the effects on pCO3"™ corresponding to our observed ACq¢ 7 directly by
solving the carbon system equations using CO2SYS. As input data we use the observed salinity, global average concentration
of DIC and surface POy of the control equilibrium, as well as the restored value of pCO%™ =278 ppm. We run CO2SYS
with the PIES278 global average temperature and the SE ensemble member global average temperature. As output, we then
get the pCOS'™ at these two temperatures. Thus, we can compute the ApCO3"™ we would get as a result of solely changing
the temperature and keeping everything else but pCO$'™ constant.

Instead of solving the carbon system equations to get the change in pCO$'™, Goodwin et al. (2011) suggest using a sim-
plified equation, where the fractional change ApCO$'™ /pC 4™, is described as proportional to a function of global average

ocean temperature;

ApCOS™ — V OCsas
— i~ = ATy,
pCOgo™ Ip 0T g @

Ip =1Ia+10/Rgiobal (C10)

Here, mm% (mol m—3 °C~1) is the change in saturation concentration of DIC per unit change of seawater temperature, in
this case global ocean average temperature. We calculate this quantity using the temperature restriction on the gas solubility,
mentioned in Section B1. V/ is the ocean volume (m?) and I is the buffered amount of carbon in the system, or in other words
the CO,, that is “available for redistribution between the atmosphere and ocean” (Goodwin et al., 2007). As described by Eq.
(C10), I is based on the atmospheric carbon inventory, /4, and the ocean inventory of DIC, I, scaled by the global value for

the Revelle buffer factor, which in this case is the same as R above.
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Figure 1. Flow chart showing the experimental setup. Grey boxes are spin-ups and transient stages of simulations (not analysed). Coloured Figure 1. Flow chart showing the experimental setup. Grey boxes are spin-ups and transient stages of simulations (not analysed). Coloured
boxes are equilibrium states that are analysed in this study. Throughout the study, the pre-industrial equilibrium state PIFES278 (light blue boxes are equilibrium states that are analysed in this study. Throughout the study, the pre-industrial equilibrium state PIES278 (light blue
box) is used as the control state, with which we compare the sensitivity experiment equilibrium states S E1— S E12 (yellow box). The change box) is used as the control state, with which we compare the sensitivity experiment equilibrium states SE1-SE12 (yellow box). The change
in physical characteristics for each SE state compared to the control state PIES278 is described in Table 1. The SE:s are then used as a in physical characteristics for each SF state compared to the control state PIFES278 is described in Table 1. The SEs are then used as a
basis for the CO2 experiments where biological efficiency is maximised. After running the drawdown experiments for 10,000 model years, basis for the CO2 experiments where biological efficiency is maximised. After running the drawdown experiments for 10,000 model years,
we achieve a new ensemble of drawdown equilibrium states (DE1 — DE12) which are compared to a control drawdown equilibrium state we achieve a new ensemble of drawdown equilibrium states (DE1 — DE12) which are compared to a control drawdown equilibrium state
(CDE). (CDE).
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Figure 3. Strength of the overturning circulation in terms of OVT" (see Section 3.4), and the change in 7°C' inventory for equilibrium states
Figure 3. The difference between the maximum and minimum of the zonal average overturning streamfunction, v, below 556 m depth, and SEIZSE12 c.f. the control PIES278 (red dot). This is shown for the Atlantic basin, Pacific basin and for the global measure based on
the change in T'C' for equilibrium states S E1—SF12¢.f. the control PT 25278 (red-dot). This is shown for the Atlantic basin; Pacific basin hemispheric differences, on the horizontal axis of panels a, b and ¢ respectively.
and for a global measure based on hemispheric differences, on the horizontal axis of panels a, b and ¢ respectively.
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diffusivity and c) the control P1ES278. The upper panel shows the global 1, the middle panel shows only the Atlantic sector and the lower

panel shows only the Pacific sector. The southernmost limit for the Atlantic and Pacific sectors is -30° N.
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Figure 5. Zonal average overturning streamfunction () in Sverdrup Sv for a) DDx2, with high diapycnal diffusivity, b) DD /2, with low
diapycnal diffusivity, and c) the control PIES278. The upper panel in each subfigure shows the global v, the middle panel shows only the

Atlantic sector ,and the lower panel shows only the Pacific sector. The southernmost limit for the Atlantic and Pacific sectors is -30° N.
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Figure 6. Panels showing (whole) global ocean P~ for the different ensemble members SE1 — SE12 plotted versus a) ATC' (10*¢ mol),
b) the inventory change of Ciso ¢, hence M, - ACso5¢, and c) the CO2 drawdown potential (ppm) of each ensemble member, which is the

lowering of pC'O3'™ achieved by maximising biological efficiency (making P* get equal to 1), see Eq. (3). Ensemble member characteristics
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Figure 6. Global ocean average temperature (T,.4) and the changes in 7'C' that are due to solubility changing with temperature (AC'sqt 1)

for the ensemble members S E1-S E12 compared to the control simulation P1ES278 (red dot).
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Figure 8. Sections of temperature (°C) for a) SE5, with low vertical diffusivity, b) SE6, with high vertical diffusivity and c) the control Latitude [* N]
PIES278. The upper panel of each subfigure shows a section through the Atlantic, at 25° W and the lower panel shows a section through
the Pacific, at 135° W. Both sections also cover latitudes that are in the Southern Ocean (south of -30° N). Figure 7. Sections of temperature (°C) for a) D Dz2, with high diapycnal diffusivity, b) DD /2, with low diapycnal diffusivity, and c) the

control PIES278. The upper panel of each subfigure shows a section through the Atlantic, at 25° W and the lower panel shows a section
through the Pacific, at 135° W. Both sections also cover latitudes that are in the Southern Ocean (south of -30° N).
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©
with normal gas exchange for CO2 and DICY is the concentration in model simulations with artificially fast gas exchange for CO2. The 5 100
o
panels show DIC,, — DICj for a) SE1, with halved atmospheric heat diffusivity, b) SE4, with doubled wind stress and c) the control m o o Mm

equilibirum PIFES278. The upper panel of each subfigure shows a section through the Atlantic, at 25° W and the lower panel shows a * e

Global avg. P at equilibrium
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Figure 8. Panels showing (whole) global ocean P~ for the different ensemble members SE1-SE12 plotted versus a) change in total carbon
inventory (ATC, 10'® mol), b) the inventory change of Clsof¢, hence M, - ACsos¢ ( 10'® mol), and ¢) the CO, drawdown potential (ppm)
of each ensemble member, which is the lowering of pC'O3"™ achieved by maximising biological efficiency (making P* get equal to 1), see

Eq. (1). Ensemble member characteristics are described in Table 1.
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latitudes that are in the Southern Ocean (south of -30° N).
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Table 1. List of sensitivity experiment equilibrium states SE1— SFE12, abbreviated ensemble member description, and specification of

which one or two physical characteristics have been altered compared to the control P1ES278. The nature of the change is specified within

parenthesis.

Ensemble

member Abbreviated description

Adjusted parameter (adjustment)

SE1 ‘HeatDiff x0.5”
SE2 ‘HeatDiff x2’

SE3 ‘SclTau x0.5

SE4 ‘SclTau x2°

SE5 “IVert”

SE6 ‘hVert’

SE7 ‘IHoriz’

SE8 ‘hHoriz’

SE9 ‘hHoriz-1Vert’
SE10 ‘hHoriz-hVert’
SE11 ‘HeatDiff x2 hVert’
SE12 “SclTau x0.5 1Vert’

Atmospheric heat diffusivity (halved)
Atmospheric heat diffusivity (doubled)
‘Wind stress intensity (halved)

‘Wind stress intensity (doubled)

Ocean vertical diffusivity (halved)
Ocean vertical diffusivity (doubled)
Ocean horizontal diffusivity (halved)
Ocean horizontal diffusivity (doubled)
Ocean horizontal, and vertical diffusivity
(doubled, halved)

Ocean horizontal, and vertical diffusivity
(doubled, doubled)

Atmospheric heat diffusivity (doubled)
and ocean vertical diffusivity (doubled)
‘Wind stress intensity (halved)

and ocean vertical diffusivity (halved)
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Table 1. List of sensitivity experiment equilibrium states S E1-S E12, abbreviated ensemble member description, and specification of which

one or two physical characteristics have been altered compared to the control PIES278. The nature of the change is specified within

parenthesis.

Ensemble

member

Abbreviated description

Adjusted parameter (adjustment)

SEI
SE2
SE3
SE4
SE5
SE6
SE7
SE8
SE9

SE10

SEI11

SE12

‘WSx2’
‘WS/2’
‘ADx2’
‘AD/2’
‘DDx2’
‘DD/2’
‘IDx2’

‘ID/2°
‘WS/2_Db/2’

‘ADx2_DDx2’

‘DDx2_IDx2’

‘DDx2_ID/2’

‘Wind stress intensity (doubled)

Wind stress intensity (halved)
Atmospheric heat diffusivity (halved)
Atmospheric heat diffusivity (doubled)
Ocean diapycnal diffusivity (doubled)
Ocean diapycnal diffusivity (halved)
Ocean isopycnal diffusivity (halved)
Ocean isopycnal diffusivity (doubled)
‘Wind stress intensity (halved)

and ocean diapycnal diffusivity (halved)
Atmospheric heat diffusivity (doubled)
and ocean diapycnal diffusivity (doubled)
Ocean diapycnal, and isopycnal diffusivity
(doubled, doubled)

Ocean diapycnal, and isopycnal diffusivity

(doubled, halved)

44

i-net PDFC comparison results from 29/12/2017

Page 48/51




Profile Text only

Comparison bg-2017-166-manuscript-version2.pdf - bg-2017-166-manuscript-version3.pdf

Table 2. Diagnostic variables for observations (Obs.); the control PT£5278(Ctrl.)-and the ensemble members S £1—SE12. The variables

are global ocean averages of temperature (74,4, °C) and pH (pHayg), surface ocean average pH, the sea ice cover (%), the global average

of the nutrient utilisation efficiency (expressed in terms of P*) and a measure of the strength of the global ocean overturning circulation, 1,

which is the difference between the Northern hemisphere maximum and the Southern hemisphere minimum (1 Sv = 1-10% m® s7*) below

556 m. Observational estimate for 7.4 has been calculated using World Ocean Atlas 2013, Locarnini et al. (2013)) and the pre-industrial

estimate for pH is given by Raven et al. (2005). Modern day sea ice cover is given as an interval due to seasonal variability Comiso (2008).

The observational estimate for P* is given by Ito and Follows (2005)

Ens. Tovg  PHavg PpHsury Seaice Global — Global
mem. (°C) (SWS) (SWS) cover (%) P* Yias — Y (SV)
Obs. 349 - ~8.2 3t06 0.36 =
Cul. 358 7.90 8.16 54 0.45 225
SEI 231 7.89 8.15 10.6 0.37 20.6
SE2 488 791 8.17 0.7 0.41 232
SE3 410 7.84 8.16 6.7 0.57 21.6
SE4 428 797 8.16 2.7 0.34 29.4
SES 339 787 8.15 6.1 0.48 17.4
SE6 373 794 8.16 4.1 0.38 326
SE7 410 7.90 8.16 53 0.47 248
SE8 296 7.88 8.16 54 0.45 19.0
SE9 276 7.85 8.15 6.0 0.48 13.4
SE10 3.07 793 8.16 3.7 0.38 30.0
SEl1l 491 793 8.17 0.0 0.38 31.1
SE12 341 7.80 8.15 74 0.62 10.1
41

Table 2. Diagnostic variables of the pre-industrial control states (PIC's) of PMIP2 and CMIP5/PMIP3 (temperature and salinity as read
from Fig. 9.18. of WG1 in IPCC ARS and AMOC as given in Table 1 in Muglia and Schmittner (2015)) compared to similar diagnostics for

our ensemble SE1-SE12 and control state P1ES278.

Variables PICs of PMIP2 and  Odalen et al. cGENIE
CMIP5/PMIP3 SE1-SE12 and PIES278

Potential temperature 2.9 — 6.4 4.6-8.0%

(°C), N. Atlantic

Potential temperature  -1.6 - 2.0° -0.3-3.7*

(°C), S. Atlantic

Salinity, N. Atlantic 34.8-355" 353-35.6%

Salinity, S. Atlantic 34.6-35.0° 34.9-35.1*

AMOC

(1Sv=10°m3s"")  12.64-23.02° 2.0-18.0°

North Atlantic PMIP grid point: 55.5°N, 14.5°W, 2,184 m depth

2North Atlantic ¢cGENIE closest corresponding grid cell: 51-56°N. 10-20°W, 1,738-2,100 m depth
3South Atlantic PMIP grid point: 50°S, 5°E, 3,636 m depth
“4South Atlantic ¢cGENIE closest corresponding grid cell: 46-51°S, 0-10°E, 3,008-3,576 m depth
5Muglia and Schmittner (2015), PMIP3 pre-industrial control ensemble AMOC at 25°N, average with
interval of one standard deviation ®cGENIE maximum Atlantic overturning. Ensemble member
WS/2_DD/2 (sce Table 1) has a collapsed AMOC circulation (2.0 Sv). The average of this variable
for all other S B is 13.8 Sv (range 8.3 — 18.0 Sv).
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Table 3. Diagnostic variables for observations (Obs.), the control PTES278 (Ctrl.) and the ensemble members S E1-SE12. The variables
are global ocean averages of temperature (T4.4, °C) and pH (pHayvg), surface ocean average pH, the sea ice cover (%), the global average
of the nutrient utilisation efficiency (expressed in terms of P*) and a measure of the strength of the global ocean overturning circulation,
OV'T (see Section 3.4). Observational estimate for 7%, 4 has been calculated using World Ocean Atlas 2013, Locarnini et al. (2013)) and the
pre-industrial estimate for pH is given by Raven et al. (2005). Modern day sea ice cover is given as an interval due to seasonal variability

Comiso (2008). The observational estimate for P~ is given by Ito and Follows (2005)

Table 3. Correlation coefficients of the changes in strength of the zonal average overturning streamfunction (¢maz — ¥min) below 556 m Ens. Experiment Tavg  pHavg  pHsury  Seaice Global ~ Global

depth in different geographical regions and the changes in carbon species. Global means the difference between the Northern Hemisphere mem. name GO BWS) (SWS) cover (%) P* OVT (Sv)
maximum and the Southern Hemisphere minimum overturning. Obs. K 349 - ~82 3t06 0.36 -
Ctl.  PIES278 358  7.90 8.16 54 043 225
(Woaz =tpmin) — ATC" ACuar— ACiofe Alres ACuopt SEl  WSx2 428 797 816 27 032 294
in region (T effect) +ACres SE2 WSR2 410 784 816 67 054 216
Atlantic -0.924  -0.485 -0.793 0.476 -0.871 SES ADx2 488 791 8.17 0.7 0.40 232
Pacific -0.810  -0.256 -0.733 0.402 -0.832 SE4 AD/2 231 789 8.15 10.6 0.35 20.6
Global -0.893  -0.488 -0.756 0.445 -0.836 SE5 DDx2 373 794 8.16 4.1 0.36 326
SE6 DD/2 339 787 8.15 6.1 0.45 17.4
SE7 IDx2 296 7.88 8.16 54 0.43 19.0
SE8 1D/2 410  7.90 8.16 53 0.44 248
SE9 WS/2_DD/2 341 7.80 8.15 7.4 0.59 10.1
SE10 ADx2_DDx2 491 7.93 8.17 0.0 0.37 31.1
SElIl DDx2_IDx2 3.07 793 8.16 3.7 0.36 30.0
SE12 DD/2_IDx2 276 185 8.15 6.0 0.46 134
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Table 4. Correlation coefficients of the changes in OVT" (see Section 3.4), sorted by geographical regions, and the anomaly in each carbon

species for the SE-ensemble (relative to PIES278).

ovr ATC  ACsatr  ACsat,a  ACsopt  ACcars  ACres  ACsoft

in region +ACres

Atlantic  -0.92  -0.64 0.65 -0.80 -0.69 -0.25 -0.89

Pacific -0.81  -043 0.72 -0.75 -0.74 -0.27 -0.84

Global -0.89  -0.63 0.67 -0.77 -0.70 -0.30 -0.87
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