
Dear Professor Joos, dear reviewer, 

 

Thank you for your thorough feedback on our revised manuscript from the 5th of June, 2018. We very 

much appreciate the time and effort you have spent on our manuscript. We addressed each comment 

and concern, and hereby present our newly revised version. Please, find details about the changes made 

relative to the last version of the manuscript in the responses below and in the marked-up manuscript. 

 

The author's response is presented as follows:  

(1) Referee report: comments from the reviewer report with author's response to each comment 

and summary of author’s changes in the manuscript,  

(2) Editor comments: comments from the editor with author's response to each comment and 

summary of author’s changes in the manuscript, 

(3) Marked-up manuscript: Author's changes tracked in the new manuscript 

 

Yours sincerely, Anne Morée and co-authors 

  



Referee report 

Comment 1.1) Appreciation of the replies to reviewers  

The authors have all in all well responded to the referees’ comments, with two exceptions.  

1. The questions raised by Anonymous Referee #2 about the weathering fluxes have only partly been 

addressed. Except for the average δ 13C signature of the DIC input from weathering, there is still no 

information regarding the quantitative constraints upon which the adopted weathering fluxes have been 

chosen (it would also be good to know their values). 

2. In the response to Comment 2.2.3, I read that “In an open system, the sediment loss of nutrients and 

carbon over time will empty the whole ocean of nutrients, which would not give very meaningful 

results.” This cannot be correct. As explained earlier on, PO3− 4 is replenished by the (constant) 

weathering input. Upon perturbation, the model system adjusts its carbonate, organic matter and opal 

production and burial fluxes to evolve towards a new steady state where burial fluxes again match the 

input fluxes. The ocean will not run empty, as the production decreases with decreasing nutrient 

concentrations thus reducing the burial rates. 

Author response to Comment 1.1) 

Thank you for providing us with a clear review of our latest manuscript. The two exceptions mentioned 

here in comment 1.1 are addressed by: 

1. Extending the Methods (Sect 2) text on the weathering fluxes with stoichiometric ratios, absolute 

fluxes and a comparison to observational estimates (see also our reply to comment 2.1.1) 

2. Our formulation of our reply was indeed not detailed enough and therefore misleading/incorrect. As 

this mistake is not made in the manuscript, no further large changes have been made there. We did add 

the word ‘transient’ (POC sinking rate experiments) to clarify that the imbalance between burial and 

weathering is temporary. What we meant to write in our previous response is that there will be a 

decrease of nutrients until a new equilibrium is established based on the weathering fluxes, such that 

input and burial are in mass balance. As this equilibration takes hundreds of thousands of years (Roth 

et al., 2014) for δ13C, we decided to present transient results for the POC experiments, as reasoned for 

in our previous reply. 

Author’s changes in the manuscript in response to Comment 1.1) 

- The methods text on weathering is extended to include the missing information on that subject. 

- The word ‘transient’ has been added to further stress that the weathering-burial imbalance of 

the POC experiments is temporary 

  



Comment 1.2) Appreciation of the revised manuscript 

The authors have rewritten their manuscript to a large extent. The language has gained in precision 

and the presentation and discussion in depth. The literature review is adequate now and the study is 

much better brought into context with previous studies. The model description has been improved. The 

separation between surface and deep ocean waters has been revised and is more consistent now. Extra 

details are now provided in the strongly extended Supplementary Information, which also includes extra 

graphs with relevant results. The discussion has been revised and manuscript now also includes a figure 

with C-13 isotopic profiles for different ocean basins. However, in some instances, the discussion of the 

results remains unnecessarily speculative: it should be possible to derive far more quantitative insight 

from the model results. The analysis of the results ought to go further than currently done. It is, e. g., 

incomprehensible that the diagnosed decoupling of the deepsea PO34- concentration from δ 13C and 

∆δ 13C in the Southern Ocean nutrient depletion experiment is not analysed any further. I encourage 

the authors to better make out the reasons for this decoupling, because, as they – correctly –it offers an 

alternative to the usual proxy interpretation of deviations from the δ 13C:PO3− 4 relationship. Finally, 

there are several troublesome errors in the paper. It is impossible that the weathering input of DIC has 

an average δ 13C signature of 14 ‰; it is also impossible for the ocean to degas CO2 where the surface 

ocean pCO2 is lower than pCOatm; figures document CO2 exchange fluxes in ice-covered regions, 

whereas the text states that ice cover blocks gas exchange. Please find details in the Specific Comments 

below. Given these fundamental errors and inconsistencies in the paper — which unfortunately shed 

doubt on the validity of the rest of the paper as well — I cannot but ask for another major revision. 

Author response to Comment 1.2) 

Thank you for again taking the time to thoroughly review our manuscript. We added more quantitative 

descriptions of our results throughout the manuscript. We extended our discussion of the Vmax 

experiment (the δ13C:PO4
3- deviation), see our reply to referee comment 2.2.2 for more details. The 

weathering signature of δ13C is revised (details given in our reply to referee comment 2.1.1) and the air-

sea pCO2 difference figure (original Fig. S3, now Fig. S4) is corrected (details in our reply to referee 

comment 2.1.2) after we were made aware of the discrepancy between original Fig. S3 and S4. The text 

on light and gas penetration through sea ice now better describes the difference between the model 

treatment of light and gas inhibition through sea ice (Sect. 2 as well as 3.3.4). We also provided more 

quantitative information such as fluxes in section 3.3.1, see our reply to referee comment 2.2.1 for more 

details. 

Author’s changes in the manuscript in response to Comment 1.2) 

As described in detail in our reply to the specific comments below 

  



Comment 2.1) Model calibration/spinup and control state 

2.1.1 δ13C of weathering DIC input  

In the manuscript (page 4, line 7 and also in the response to Comment 2.2.3), we read that “The 

13C/12C ratio in the weathering flux would be equivalent to a δ 13C of DIC of 14‰.” There is 

something wrong with this 14‰ value. It is first of all completely unrealistic. The total sedimentary 

carbon subject to continental weathering has an average δ 13C of −5‰; the most abundant carbonate 

source has a δ 13C of 1.8 ± 0.2‰ (Derry and France-Lanord, 1996). Second, at steady state, this input 

requires a sink (or a combination of sinks) with globally equivalent characteristics. There is however 

no realistic combination of carbonate and organic carbon sinks that could lead to such a high average 

δ 13C. 

2.1.2 Control run: ocean-atmosphere pCO2 gradient and air-sea CO2 flux  

There are contradictions in the reported results for air-sea exchange of CO2 in the control run: in Fig. 

S4 (Supplementary Information p. 4), we see that there is a tongue-shaped area extending into the 

Atlantic Ocean in the Northern Hemisphere where the air-sea-flux of CO2 is positive, while the pCO2oc 

− pCO2atm difference is negative there, as can be seen in Fig. S3. This is a big flaw. Please check this! 

2.1.3 Description and experimental design 

Although the description of the model spin-up procedure has been improved it still lacks many important 

details. Except for the carbon isotopic signature of the weathering flux, it is still not specified on what 

quantitative basis the weathering fluxes have been determined. We now read that there are weathering 

fluxes for DIC, alkalinity, phosphate and silica, and that these are fed in at a fixed stoichiometric ratio, 

but that is all that is provided as information (why not simply report de values of the fluxes?). 

Author response to Comment 2.1) 

2.1.1 The 14 ‰ value was a mistake in the calculation, and we corrected this to -11 ‰, besides 

elaborating in general on the weathering fluxes and making a comparison with observational estimates. 

The 14 ‰ value was never in the model, so results are not affected. The new text describes that 

weathering fluxes are added homogeneously over the first ocean layer as dissolved matter and in a fixed 

stoichiometric ratio for CaCO3, organic carbon, PO4
3-, Alkalinity, and Si. Annual weathering fluxes 

(Tmol) are 27 for CaCO3, 5 for organic carbon, 5/122 for PO4
3-, 2*CaCO3-16* PO4

3- for Alkalinity, and 

4.5 for Si. These values are within the uncertainties of observational estimates for Si (5.6 Tmol yr-1 

(Tréguer, 2002)), CaCO3 (~32 Tmol yr-1 (Milliman et al., 1996)), and organic carbon (4 Tmol yr-1 

(Broecker and Peng, 1987)), and have been adjusted to improve the fit of the respective modelled marine 

tracer distributions as well as burial fluxes to observational estimates. 

2.1.2 We thank the reviewer for spotting this, comparison of original figures S3 and S4 is indeed ground 

for confusion for any potential reader. The model results were correct, and we found that the mismatch 

between original Figures S3 and S4 was caused by a plotting error in making the original Fig. S3. The 

values reported in the text and analysis are not affected by this, so we expect that our replacement of 

Fig. S3 to a correct version (Fig. S4) will take away your concerns. We also added two extra subfigures 

to Fig. S4, for the gas exchange rate experiments, to clarify that section. 

2.1.3. We extended the Methods section to include the stoichiometric ratios, the absolute fluxes in Tmol, 

and a comparison with observational estimates to improve the description of the weathering fluxes. See 

our response to comment 2.1.1. 



Author’s changes in the manuscript in response to Comment 2.1) 

2.1.1 and 2.1.3: See changes in the text in Section 2 

2.1.2: Fig. S3 replaced by correct version (Fig. S4), and extended to include gas exchange rate 

experiments 

Comment 2.2) Results and discussion 

Comment 2.2.1 Air-sea gas exchange rate experiments 

This section remains one of the weakest of the study. Some parts are formulated in a vague qualitative 

style and provide little quantitative information (page 4, lines 5–20); others are long-winding, difficult 

to read and understand (page 4, lines 21–31). All in all the presentation and discussion of the results 

remain superficial and give an impression of a half-done job. First of all, the pCO2atm results presented 

in this section are to some extent counter-intuitive: increasing the gas exchange rate makes pCO2atm 

increase; reducing the same rate makes pCO2atm increase as well. In general, common sense would 

expect that opposite changes of the value of a model parameter lead to opposite effects, possibly except 

with strongly non-linear models; but even with non-linear models, this expectation should be met for 

sufficiently small perturbations of parameter values, except in very peculiar situations. A factor of four 

change can probably not be considered a small variation, so some non-linear behaviour has to be 

expected. In any case, I would consider deviations from this global scheme very suspect and would 

proceed to an in-depth analysis, starting with smaller perturbations (e.g., 50%, a factor of two) – finally 

there is no compelling reason for the particular choice of a factor of four. Here, these striking results 

are reported without any further ado. Strange enough, δ13Catm appears to behave as expected: 

increasing the gas exchange rate reduces δ13Catm; decreasing gas exchange rates increases δ13C 

atm. 

Second, the discussion and analysis of the results consider only one half of the situation. The pCO2atm 

increase at increased gas exchange rates is ascribed to a weaker Southern Ocean carbon sink. 

Unfortunately, not a single quantitative flux value is given to support this claim! Let us apply the 

reasoning to the rest of the world, following the same logic. At steady state (or, after 2000 years of 

simulation, at quasi steady-state), the global net exchange of CO2 between the atmosphere and the 

ocean must be zero. If the perturbation experiment results present a weaker carbon sink Southern Ocean 

than the control run, it should also present a weaker carbon source elsewhere, most likely at low 

latitude. Following the same logic as before, a weaker carbon source to the atmosphere would be 

responsible for a lower pCO2atm. The conclusions that can be drawn from the kind of semi-qualitative 

argument that this discussion is based upon thus appear to be ambiguous, i. e., useless. Or there could 

be a stronger sink elsewhere (not mentioned though). Looking at sources and sinks is probably not the 

most reliable way to make out the mechanisms at work. What is sure, though, is that the global net 

exchange of CO2 between the ocean and the atmosphere is zero at steady state. Assuming a globally 

uniform pCO2atm, we then have  

 

(1)  

 

 

where i and j denumber the grid elements, Aij is the surface area and (kw)ij the specific gas exchange 

coefficient at grid point (i, j). Accordingly, 

 

   (2) 

 



 

This holds as is for steady state under any of the air-sea exchange experiments with globally perturbed 

(kw)ij ’s: if these are uniformly increased by a factor of 4 (or any other value), that value cancels out. 

The key to understanding the pCO2atm changes lies thus in the distribution of pCO2oc, which in turn 

depends on the distribution of DIC and TA (assuming constant temperature and salinity). Gas exchange 

perturbations should have negligible impact on the TA distribution as long as the ocean-sediment 

exchange has not started to respond. So, it would be instructive to analyse how the surface ocean DIC 

distribution has changed. Third, referring in this context to Fig. S4 to support the reduced Southern 

Ocean sink argument adds further confusion and is to some extent misleading. In Fig. S4 ice cover has 

not been taken into account! This is really a terrible shortcoming of that figure! As stated elsewhere in 

the text, the Southern Ocean south of 60 °S is permanently covered by ice, which completely blocks gas 

exchange. The green band in the Southern Ocean has actually no meaning (it should actually not be 

there). In the Southern Ocean north of 60 °S I am, unfortunately, not able to make out any significant 

differences between the exchange rates of CO2 in the three panels. The total SO sink of atmospheric 

CO2 appears to be quite stable to me—please feel free to prove me wrong, with adequate flux numbers, 

which could certainly be easily derived from the model results. I do, however, see marked differences 

at low latitudes and they should be quantified in the discussion (e.g., integrated over a zonal band in 

the basin). And, by the way, it is not clear to me why Fig. S4 represents the situation after 100 instead 

of 2000 years. 

To shed light on this confused situation, I have done some simulation experiments on my own with an 

ocean carbon cycle model, albeit of lower complexity than HAMOCC2s. First, I have performed a 

120,000 yr control run, which was then continued by two 50,000 yr perturbation runs, mimicking fast 

gas and slow gas (using perturbations of the gas exchange constant by a factor of four). For what the 

results are worth and as food for thought, here is a summary of the results: 

 

 

 

 

 

 

As expected, opposite perturbations of the rate constant produce effects in opposite directions. After 

2,000 years, about 80% of the pCOatm 2 difference to 50,000 years is reached. There is some significant 

change in δ 13C atm beyond 2000 years, related to global ocean δ 13C adjustments towards the new 

steady state: in the gas-fast experiment, low-latitude surface ocean δ 13C is reduced by 0.23–0.26 ‰ 

after 2,000 years, leading to the burial of carbon with lower δ 13C than at the end of the control run, 

and thus gradually increasing the system average δ 13C. In the gas-slow experiment, the opposite 

happens (after 2,000 years, the low latitude surface ocean δ 13C is increased by 0.1–0.2 ‰, and as 

result of burial changes global ocean δ 13C decreases). I would really recommend to run all of the 

experiments far beyond 2000 years. So many interesting things happen once the sediment feedback is 

allowed to come into play. . . 

Author response to Comment 2.2.1) 

Thank you for your elaborate comment on the air-sea gas exchange section, and helping us to understand 

remaining problems with this section. We discovered a problem in the gas exchange routine in the 

model that explains the absence of a divergence of pCO2 in the gas fast vs. gas slow experiments: The 

gas exchange routine was corrected for giving better convergence for the computation of the first guess 

value of pCO2 at the new time step (Due to the time step of one year, one needs to use an average of 

the pCO2 from the old time step and an extrapolation of pCO2 at the new time step for potential full 



equilibration with the atmospheric pCO2 -There was a bug in the original scheme for this extrapolation). 

With this modification, the correct – small – atmospheric pCO2 variation for lowered gas transfer 

velocity is now also achieved. All model runs have been repeated with this modification to be fully 

consistent with each other. All Figures and values have thus been updated throughout the text. As you 

can see, the differences are small, and have had no effect on any conclusions involving (the vertical 

gradient of) δ13C, the main topic of our study. Importantly, the results for pCO2 are now diverging for 

the gas exchange experiments, which is to be expected from the experiments - as the reviewer argued. 

We rewrote the air-sea gas exchange section to clarify the points raised in reviewer comment 2.2.1 and 

2.1.2. We added values for the air-sea fluxes wherever relevant, or gave the change relative to the 

control run as a percentage if this aids readability. Our description is supported by an extended Fig. S4 

for the pCO2 gradient across the air-sea interface. Our choice of a factor 4 is reasoned for in the text in 

the last sentence of the first paragraph of section 3.3.1. In equilibrium, global net exchange is indeed 

zero as described in Eq. (1) in the reviewer comment 2.2.1, but pCO2 changes only in the transient phase 

when Eq. (1) is non-zero - which happens in approximately the first 600 years as visible from Fig. S3. 

This is also why we initially presented results (in for example the original Fig. S4) during the transient 

phase at 100 years. As this clearly led to confusion, we removed the original Fig. S4 from the SI (but 

still provide it here in our reply, see our response to Comment 3) and restricted the section to describing 

2000 year results. Also, note that the air-sea pCO2 difference figure shows the combined result of the 

change in surface ocean pCO2 and atmospheric pCO2. We clarified the presence of a small air-sea C 

flux through the sea ice by extending the methods description: Here, we included the difference between 

light (full inhibition when ice is present) and gas transfer (partial inhibition depending on sea ice 

thickness). The green band in the original Fig. S4 thus had a meaning, as there is a (very) small flux 

through the ice, because the air-sea gas exchange rate is scaled by division through the ice thickness in 

cm and thus never fully becomes zero.  

The duration of the sensitivity experiments is kept at 2000 years, for which we give a series of reasons: 

The most important one is that the main response to the applied change occurs within the first few 

hundred years of the experiment (as visible in Fig. S3). We performed a 50 000 year run for the Gas 

Fast experiment and compared the results to our previous 2000 year results, and indeed see an additional 

drift in atmospheric δ13C and pCO2 over these additional 48 000 years - of similar size to what the 

reviewer has presented us for his or her model. Another major reason for not continuing the experiments 

beyond 2000 years (except for the already presented 12000 year POC fast experiment) is that the 

calculated Δδ13C is already equilibrated after 2000 years (no difference between 2000 and 50000 year 

result), and Δδ13C is the topic of our study. Besides that, other processes would come into play on such 

long timescales as already argued in the first paragraph of section 3.3.2. A final argument against doing 

longer experiments is that choosing an experiment duration of for example 50 000 years would still not 

be enough to equilibrate δ13C (as mentioned in the text and shown by Roth et al. (2014) who had a 

continuing δ13C drift beyond 200 000 years). One should thus consider any δ13C distribution to be only 

in quasi-equilibrium, and we choose the 2000-year δ13C distribution (that has incorporated its main 

initial, ‘fast’, response to our perturbations). We stressed this by adding the word ‘quasi-equilibrium’ 

in the Methods experiment description and in several other places where it is relevant, and by extending 

the caption of Fig. S3. 

We tested smaller perturbations of the gas exchange rate as well. The effects are as expected smaller 

(and diverging, from the corrected gas exchange routine). We however choose to present the more 

extreme cases of a very high (4x) and low (division by 4) gas exchange rate in the text: We do this in 

order to show the reader the potential effects of bringing surface ocean δ13C very far away or very close 

to its equilibrium with the atmosphere – stressing the contrast between low and high latitudes. 

 

  



Comment 2.2) Results and discussion 

Comment 2.2.2 The biological pump: SO nutrient depletion  

On page 10 (lines 14–17) we read that This is interesting in light of glacial proxy interpretation, as 

deviations from the δ 13C:PO3− 4 relationship (Sect. 2) are usually interpreted as the influence of air-

sea gas exchange on δ 13C (Eide et al., 2017b; Lear et al., 2016), but could thus also come from changes 

in nutrient uptake efficiency. As for a changed POC sinking rate, ∆δ13C is affected more in older waters 

(Fig. 4). This is not only interesting. I would rate this as the most important outcome of this study. It is, 

unfortunately, not followed any further. No attempt is made to analyse this decoupling and to work out 

the contributing mechanisms. 

Author response to Comment 2.2.2) 

We understand the need for a more elaborate explanation on this aspect. In order to clarify our 

statements, we have adjusted the precision of language in this part of Sect. 3.3.3 and provided a new 

Figure on the relationship between PO4
3- and δ13C in the different experiments (Fig. 8). From this new 

figure, it is visible that both changes in air-sea gas exchange and changes in biological uptake in the SO 

can change the global goodness-of-fit to the δ13C:PO4
3- relationship. The fit thus depends on the relative 

importance of biology and air-sea gas exchange (see also Fig. 2) – and should not be interpreted as the 

influence of air-sea gas exchange on δ13C alone (as has been done before). The sentence ‘As for a 

changed POC sinking rate, ∆δ13C is affected more in older waters (Fig. 4)’ has no connection to the 

deviations from the δ13C: PO4
3-relationship (as this relationship does not consider the vertical gradient 

of δ13C), and is moved to improve readability. 

Author’s changes in the manuscript in response to Comment 2.2) 

2.2.1 Section 3.3.1 is rewritten in response to the concerns raised by the referee and editor. We also 

updated all figures and values in the text because all model runs had to be redone after finding a problem 

with the gas exchange routine (see details in our reply to comment 2.2.1). Besides that, extra text on sea 

ice gas and light inhibition is added to the Methods in Sect. 2. 

 

2.2.2 We elaborated in Sect. 3.3.3 on the deviation from the δ13C:PO4
3-relationship, by providing extra 

text and adding a new figure showing this relationship for a selection of experiments. 

  



Comment 2.3) Supplementary Information 

As mentioned in section 2.1.2 above, there are problems with the model results reported in Figs. S3 and 

S4. Please check this. 

Author response to Comment 2.3) 

See our reply to comment 2.1.2. 

Author’s changes in the manuscript in response to Comment 2.3) 

See our reply to comment 2.1.2. 

  



Comment 3) Technical comments 

Thank you for noting these technical mistakes. We added our reply to the comments directly below 

each comment in italicised text in order to improve readability of our corrections. 

 

Manuscript  

Throughout the paper: please use the verb “to lower” (and similarly “to reduce” with a positive amount  

(e.g., “to lower by 1‰”, not “to lower by −1‰”).  

Corrected throughout manuscript 

Page 1, line 8: please add the reference for the standard ratio (Craig, 1957).  

Added in text and to reference list 

Page 2, line 17: please explain what a “free box atmosphere” is  

Rephrased to ‘a one-layer atmosphere component assumed to be longitudinally well-mixed’ to 

clarify and updated SI1B to match this adjustment 

Page 3, line 30: the correct units for temperature in the parametrization for eta are “K” not “°C” (try to 

apply it at 0°C...)  

Corrected to K 

Page 5, line 11: strange sentence construction. I suggest to rephrase as “[. . . ] we express δ 13Cbio as 

a percentage (denoted δ 13C perc bio because [. . . ]”   

Sentence revised 

Page 5, line 16: the absolute values are superfluous as both Fup and Fdown are positive (cf. SI 1B, and 

also Heinze and Maier-Reimer (1999))  

We agree that these can be removed, the manuscript has been adjusted accordingly 

Page 5, line 18: Fnet should be defined as Fnet = Fup − Fdown (cf. SI 1B, and also Heinze and Maier-

Reimer (1999))  

This is indeed clearer, our analysis had negative downward fluxes which explained the absolute 

sign and the Fnet=Fup + Fdown, but now the presentation is clearer and more consistent. 

Thank you for drawing our attention to this. 

Page 6, line 25: replace “results in room” by “leaves room”  

Corrected as suggested 

Page 6, line 27: replace “times slower” by “times more slowly”  

Corrected as suggested 

Page 7, line 11: “(Fig. S4 and 5)” should probably read “(Fig. S4 and S5)”  

Corrected 

Page 7, line 17: the sentence “Slow gas exchange reduces Fu+d causing less fractionation to occur. . . ” 

does not really make sense. Fractionation is dependent on temperature, which remains unchanged. The 

contrast or the difference between air and sea is changed, because the air-sea-exchange fluxes play a 

lesser role in the surface ocean 13C balance allowing a greater difference between atmosphere and 

ocean. Please rewrite.  

We see how a reader can misinterpret this sentence as it is not precise, and we have rewritten 

to increase clarity. 

Page 8, line 25: “can be”? is it or is it not? If it is, say “is”, else please discuss!  

Replaced by ‘is’ 

Page 9, line 2: replace “is more confined to” by “is confined closer to”  

Corrected as suggested 

Page 9, line 27: “probably”? Why speculate? The model results should allow to verify this.  

Corrected 



Page 10, line 11: replace “(up to −0.8‰)” by “(by up to 0.8‰)”  

Corrected as suggested 

Page 11, line 5: “course” should read “source” Page 11, line 6: replace “earlier” by “previously” 

Corrected as suggested 

Page 11, line 10: Fig. S6 relates to the slow gas experiment. Not sure this is the one to refer to here.  

The sign of the change in the Gas Slow experiments equals the sign of the disequilibrium, as 

mentioned in the caption of Fig. S6. We nevertheless removed the reference to Fig. S6 because 

we see how it can be confusing when referred to in this section on sea ice. 

Page 11, line 13: replace “with” by “by”  

Corrected as suggested 

Page 11, line 27: replace “advance” by “spread” or “extend”  

Corrected 

Page 11, line 28: replace “increased up to” by “increased by up to”  

Corrected as suggested 

Page 12, line 1: replace “varies up to ∼±0.4‰” by “varies by up to about ±0.4‰” (do not place two 

symbols immediately one after the other) 

Corrected and also corrected other occurrences of double symbol use throughout the 

manuscript 

Page 13, line 19: replace “varies up to ∼±0.5‰” by “varies by up to about ±0.5‰”  

Corrected as suggested 

Page 13, line 21: “is important” should read “are important”  

Corrected as suggested 

 

Supplementary Information  

Page 2: there is much confusion and there are several errors in this paragraph. To bring it in line with 

the graphs, the model documentation (Heinze and MaierReimer, 1999) and the main paper, it needs to 

be corrected as follows: • Fup = kw ∗ [A]water • Fdown = kw ∗ [A]air • FA = kw ∗ ([A]water − [A]air)  

Corrected to be in line with the rest of the manuscript, as suggested. 

Page 4, caption to Fig. S3: what exactly is meant by “Negative values indicate a potential carbon flux 

to the ocean?” Why “potential”?  

Clarified in the caption. 

Page 4, caption to Fig. S4: not sure what the integrated fluxes are meant to tell. Is there something 

special after 100 years? We try to understand the state after 2000 years. Why is the state after 2000 

years not shown here instead?  

The globally integrated C flux through the air-sea interface will increase or decrease pCO2 

during the transient phase, depending on its sign. After reaching equilibrium, the globally 

integrated C flux is (very close to) zero, as described in equation (1) presented by reviewer in 

their report. Atmospheric pCO2 changes only during the transient phase where eq (1) is non-

zero, and this effect is most pronounced after ~100 years, which explains our previous focus on 

this. As the discovery and solving of a problem with the air-sea gas exchange routine now 

results in the expected divergence of pCO2, we decided to remove the 100-year figures and text. 

The focus of the manuscript is on δ13C, and we see the reader ‘sudden’ 100-year results confuse 

when the rest of the text is on 2000-year results. However, the updated figure (after rerunning 

the model with the corrected air-sea gas exchange routine) is given below in case the reviewer 

is interested: 



 

 

Page 4, Figs. S3 and S4: unfortunately, the colour scales chosen here are somewhat misleading. On Fig. 

S3, the rich green tone covers the first negative interval (i.e., the one next to 0) while on Fig. S4, it 

covers the first positive interval. 

We corrected this in the new Fig. S4 so that both figures now have the first positive interval in 

green. 

Page 5, Fig. S5: It would be best if all the figures had the same vertical axis extent. If this is not possible, 

at least graphs appearing side by side should have the same extents (both pCO2 and δ 13C axes). 

We adjusted the axes in new Fig. S3 a way that graphs appearing side by side now have the 

same pCO2 and δ13C axes. 

Editor Comments) Summary of comments that come in addition to the 

above-presented referee comments 

1. Address apparent mismatch between Fig. S3 and S4 

2. Compare weathering fluxes to data-based estimates 

3. Rewrite section 3.3.1 

4. Decide on simulation duration 

5. Make figure captions more specific in Fig. 3 and following and provide information on time of 

results 

6. Refer to equilibration timescale of Δδ13C 

7. Page 6, line 19ff (of marked-up MS): The text on the equilibration time is not very precise and 

the explanation for the longer equilibration time scale of 13C compared to oxygen is in my 

opinion not correct. Probably you would like to address how long it takes to equilibrate the 

atmosphere and ocean surface layer by air-sea gas exchange (not considering surface-to-deep 

exchange) for O2, DIC, and 13C(DIC) after a small perturbation in surface ocean O2, DIC 

and δ13C(DIC), respectively. The equilibration time depends on how fast the tracer amount in 

the surface layer is replaced by air-sea gas exchange as further moderated by the Revelle factor 

for DIC. 

(For this you may solve the according differential equations: 

d/dt x(s) = F(x(s), x(a)) and d/dt x(a) = - F(x(s), x(a)) 

Control 

Gas fast 

Gas slow 



to extract the exponential time scale associated with the re-equilibration. F is the net 

air to sea flux and x(s) and x(a) the perturbation in the atm. and surface layer) ) 

8. p6, line 25: suggest to delete this sentence as unclear and not precise. (The surface ocean δ13C 

is not in equilibrium with the atmosphere in many region due to the slow equilibration time 

scale for δ13C with respect to gas exchange with the atmosphere.) 

9. p6, line 29: It is highly misleading to state that air-sea equilibrium would be 2 ‰ as the 

equilibrium depends strongly on temperature and varies greatly with latitude 

Author response and changes in the manuscript in response to Editor Comments) 

1. The mismatch between Fig. S3 and S4 was caused by a plotting error in making Fig. S3, we 

replaced this figure (new Fig. S4) as described in our response to referee comment 2.1.2. The 

model results were correct, and the text and conclusions are therefore unaffected by this change. 

2. The text on the weathering fluxes has been extended as described in our reply to referee 

comment 2.1.1 

3. We thoroughly revised the text on the air-sea gas exchange experiment, making it more precise, 

adding more quantitative information and providing more support for our results (extended Fig. 

S4 as compared to original Fig. S3). While addressing the issue with the air-sea gas exchange 

experiments, we found a problem in the air-sea gas exchange routine of the model. We solved 

this problem and re-ran all model experiments with the correct air-sea gas exchange routine – 

See our reply to reviewer comment 2.2.1 for details. 

4. We decided to keep our experiment duration at 2000 years, and give a lists of arguments in our 

reply to referee comment 2.2.1 

5. Captions adjusted to include that all figures are 2000-year differences. The captions of the 

difference plots now also have a more uniform format 

6. This is now referred to in Sect. 2 

7. We included a revision of this paragraph in our general revision of section 3.3.1. We provide 

the reader with quantitative estimates of the equilibration times (from Jones et al., 2014) and 

stress that we discuss the equilibration timescale through the air-sea interface. We now describe 

the contrast between CO2 (for which equilibration depends on the Revelle Buffer factor) and 

the 13CO2/12CO2 ratio (which is not facilitated by the buffering reaction of CO2 with H2O but 

scales by the DIC:CO2 ratio, see the text and Galbraith et al., 2015). 

8. We agree that the use of the word equilibrium is misleading when discussing δ13C. We therefore 

removed the second part of sentence in order to keep the information of small carbon outgassing 

in the manuscript. 

9. The original text was meant to describe average equilibrated δ13Csurface, which is approximately 

2 ‰ (Murnane and Sarmiento, 2000), since δ13Catm is about -6.5 ‰ and mean air-sea 

fractionation about 8.5 ‰ (Mook et al., 1986). δ13Csurface is however indeed strongly dependent 

on temperature, and we therefore adjusted the text to clarify the latitudinal contrasts. We also 

added information on the model-specific temperature effects on air-sea fractionation. 

  



Marked-up manuscript 
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Abstract. δ13C, the standardised 13C/12C ratio expressed in permil, is a widely used ocean tracer to study changes in ocean 

circulation, water mass ventilation, atmospheric pCO2 and the biological carbon pump on timescales ranging from decades to 

tens of millions of years. δ13C data derived from ocean sediment core analysis provide information on δ13C of dissolved 

inorganic carbon and the vertical δ13C gradient (i.e., Δδ13C) in past oceans. In order to correctly interpret δ13C and Δδ13C 10 

variations, a good understanding is needed of the influence from ocean circulation, air-sea gas exchange and biological 

productivity on these variations. The Southern Ocean is a key region for these processes, and we show here that Δδ13C in all 

ocean basins is sensitive to changes in the biogeochemical state of the Southern Ocean. We conduct a set of idealised sensitivity 

experiments with the ocean biogeochemistry general circulation model HAMOCC2s to explore the effect of biogeochemical 

state changes of the Southern and Global Ocean on atmospheric δ13C, pCO2, and marine δ13C and Δδ13C. The experiments 15 

cover changes in air-sea gas exchange rates, particulate organic carbon sinking rates, sea ice cover, and nutrient uptake 

efficiency - in an unchanged ocean circulation field. Our experiments showWe conclude that global mean Δδ13C varies by up 

to about ±0.35 ‰ around the pre-industrial model reference (1.2 ‰) in response to biogeochemical change.the maximum 

variation of mean marine Δδ13C in response to biogeochemical change is ~±0.4 ‰. However, t The amplitude of this sensitivity 

can be higher larger at smaller scales, as seen from a maximum sensitivity of about ~-0.6 ‰ on ocean basin scale. The ocean’s 20 

oldest water (North Pacific) responds most to biological changes, the young deep water (North Atlantic) responds strongly to 

air-sea gas exchange changes, and the vertically well-mixed water (SO) has a low or even reversed Δδ13C sensitivity as 

compared to the other basins. This local Δδ13C sensitivity depends on the local prior thermodynamic disequilibrium and the 

Δδ13C sensitivity of to local POC export production changesto biogeochemical change. Interestingly, tThe direction of both 

glacial (intensification of Δδ13C) and interglacial (weakening of Δδ13C) Δδ13C change matches the direction of the sensitivity 25 

of biogeochemical processes associated with these periods. T This supports the idea that biogeochemistry likely explains part 

of the reconstructed variations in Δδ13C, in addition to changes in ocean circulation. 
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1 Introduction 

The vertical marine δ13C gradient (Δδ13C) is the surface-to-deep difference in δ13C of dissolved inorganic carbon (DIC), where 

the standardised 13C/12C ratio (δ13C) is expressed in permil (Zeebe and Wolf-Gladrow, 2001): 

δ13C = (
𝐶13 𝐶12⁄

( 𝐶13 𝐶12⁄ )𝑠𝑡𝑎𝑛𝑑𝑎𝑟𝑑
− 1) ∗ 1000 ‰.         (1) 

Here, 13C/12Cstandard is the Pee Dee Belemnite standard (0.0112372) (Craig, 1957). 13C is slightly heavier than the 12C isotope 5 

which causes a fractionation effect during air-sea gas exchange and photosynthesis, thereby changing δ13C and Δδ13C (Laws 

et al., 1997; Mackenzie and Lerman, 2006; Zhang et al., 1995). Photosynthetic fractionation increases the 13C/12C ratio of 

surface ocean DIC (i.e., a δ13C increase) due to the preferred uptake of the lighter 12C into biogenic matter (which therefore 

has a low δ13C). The deep sea DIC has a relatively low δ13C signature as a result of the remineralisation of low-δ13C biogenic 

matter at depth. The resulting vertical δ13C gradient is in addition influenced by air-sea gas exchange and circulation (Emerson 10 

and Hedges, 2008; Zeebe and Wolf-Gladrow, 2001; Ziegler et al., 2013). Both deep sea and surface ocean δ13C signatures are 

archived in the calcareous shells of foraminifera in the sediments. Such Rrecords of δ13C from planktic and benthic 

foraminiferal shell material cover tens of millions of years (Hilting et al., 2008). Using this archive, δ13C and Δδ13C have been 

used to reconstruct for example atmospheric CO2 concentration, ocean circulation and the strength of the biological pump 

(Bauska et al., 2016; Broecker, 1982; Broecker and McGee, 2013; Crucifix, 2005; Curry and Oppo, 2005; Hollander and 15 

McKenzie, 1991; Hoogakker et al., 2015; Keir, 1991; Lisiecki, 2010; Oppo et al., 1990; Shackleton and Pisias, 1985; Zahn et 

al., 1986; Ziegler et al., 2013). Note that Δδ13C is independent of whole-ocean δ13C shifts (due to terrestrial influences), because 

such influences would affect δ13C equally everywhere., t Thisherefore makesing Δδ13C it a valuable proxy to study the marine 

carbon cycle independent of changes in carbon storage on land. Besides the use of δ13C for understanding the past ocean,  

Ccontemporary measurements of δ13C of DIC support the quantification of anthropogenic carbon uptake by the oceans as well 20 

as the study of the effects of biology and ocean circulation on tracer distributions (Eide et al., 2017b; Gruber and Keeling, 

2001; Holden et al., 2013; Kroopnick, 1980; Kroopnick, 1985; Quay et al., 2003). However, major uncertainties remain in the 

interpretation of foraminiferal δ13C records and Δδ13C (Broecker and McGee, 2013; Oliver et al., 2010) as well as in the 

interpretation of the present day δ13C data (Eide et al., 2017b). 

This article addresses part of these uncertainties by exploring the pre-industrial sensitivity of δ13C and Δδ13C to biogeochemical 25 

change in idealised model experiments. By doing so we can investigate a number of biogeochemical mechanisms that could 

explain (part of) the observed changes in δ13C and Δδ13C. We focus on the Southern Ocean (SO), the ocean south of 45° S, 

because the SO plays an important role in the global carbon cycle by regulating atmospheric CO2 concentrations and uptake 

of anthropogenic CO2 (Broecker and Maier-Reimer, 1992; Heinze, 2002; Marinov et al., 2006) as well as influencing the 

global efficiency of the biological pump, global primary production and preformed nutrients (Primeau et al., 2013). 30 

Variations in Δδ13C over the past few 100 000 years show that Δδ13C is generally increased during glacial periods, due to a 

higher contrast of deep δ13C with surface and mid-depth δ13C (Broecker, 1982; Boyle, 1988; Charles et al., 2010; Oliver et al., 

2010; Shackleton and Pisias, 1985). Long-term δ13C and Δδ13C variations have been explained by ocean circulation changes 
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(Duplessy et al., 1988; Jansen, 2017; Oppo et al., 1990; Toggweiler, 1999; Menviel et al., 2016). However, Δδ13C variability 

cannot be explained by ocean stratification/circulation changes alone: An interaction between biogeochemical and physical 

processes must be at play (Boyle, 1988; Charles et al., 2010; Keir, 1991; Mulitza et al., 1998; Schmittner and Somes, 2016; 

Ziegler et al., 2013). Δδ13C has been used in different ways over time: In earlier studies as the contrast between surface and 

deep water δ13C, derived from planktic versus benthic foraminifera (Boyle, 1988; Broecker, 1982; Duplessy et al., 1988; 5 

Shackleton et al., 1983) and now increasingly as the contrast of deep ocean (benthic) δ13C with thermocline or intermediate 

ocean δ13C (Charles et al., 2010; Lisiecki, 2010; Mulitza et al., 1998). 

Here, we explore the sensitivity of δ13C and Δδ13C to changes in the biogeochemical state of the Global Ocean and Southern 

Ocean under a constant circulation field, to support the paleo-oceanographic interpretation of δ13C and Δδ13C as well as to 

improve the understanding of the SO role in global carbon cycling and its variability and sensitivity. In order to study 10 

biogeochemical mechanisms that could influence δ13C and Δδ13C, a set of sensitivity experiments is conducted with the ocean 

biogeochemistry general circulation model HAMOCC2s (Heinze et al., 2016). We first estimate the contribution of biology 

versus air-sea gas exchange to marine δ13C of DIC (Sect. 3.2). The experiments focus on one or more of the biogeochemical 

aspects assumed to be important for δ13C and Δδ13C, e.g. the biological pump efficiency and/or equilibration at the air-sea 

interface (Sect. 3.3.1-3.3.4). Together these experiments provide a broad spectrum of biogeochemical changes that could 15 

influence local and global δ13C and Δδ13C. The modelling results of Sect. 3.3.1-3.3.4 are discussed in context of observational 

data from sediment cores (Sect. 3.4). As δ13C and Δδ13C are used to study changes in atmospheric pCO2 (pCO2
atm), a final 

section will cover the relationship between atmospheric δ13C, Δδ13C and pCO2
atm under different marine biogeochemical states 

(Sect. 3.5). 

2 Methods 20 

In this study we employ the ocean biogeochemistry general circulation model HAMOCC2s (Heinze et al., 1999; Heinze et al., 

2009; Heinze et al., 2016) which simulates the inorganic and organic carbon cycle in the water column and in the sediments. 

The horizontal resolution of the model is 3.5° × 3.5° and there are 11 depth layers in the ocean. HAMOCC2s has an annual 

time step and an annually averaged fixed circulation field, as well as a freeone-layer box atmosphere component (permitting 

exchange of O2, 13CO2 and CO2 with the ocean component) which is assumed to be longitudinally well-mixedere for O2, 13CO2 25 

and CO2. The model is computationally very economic and thus an ideal tool for sensitivity experiments over long integration 

times. Biogenic particulate matter in the model is represented as particulate organic carbon (POC), calcium carbonate (CaCO3) 

and biogenic silica (opal). These biogenic particles are only modelled as export production due to the annual time-step of the 

model. POC and opal export production are described by Michaelis-Menten kinetics for nutrient uptake, limited by phosphate 

and silicic acid respectively (SI 1A). CaCO3 export production depends on the ratio between opal and POC production. POC 30 

is carried as a tracer as well as transported downwards according to a set of mass balance equations that describe POC gain 

through surface layer POC production and POC losses through constant sinking and remineralisation rates (SI 1A). This is 
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done similarly for opal and CaCO3 sinking and dissolution. As the model has an annual time step, sea ice is always present 

south of ~60° S and north of ~70° N in the control run (Fig. S1). A more detailed model description is provided in previous 

studies using a similar configuration of HAMOCC2s (Heinze, 2002; Heinze et al., 2016), as well as in SI 1A. 

Fractionation betweend 13C and 12C during photosynthesis is set to a constant value of -20 ‰ (Lynch-Stieglitz et al., 1995; 

Tagliabue and Bopp, 2008), as model results are little influenced by the chosen parameterisation (Jahn et al., 2015; Schmittner 5 

et al., 2013). The fractionation during air-sea gas exchange depends on temperature according to ε=-9.483*103/T [K° C] + 

23.89 ‰ (Mook, 1986), causing stronger fractionation at lower temperatures (i.e. at high latitudes). Fractionation during 

CaCO3 formation is omitted from the model as done in previous studies (Lynch-Stieglitz et al., 1995; Marchal et al., 1998; 

Schmittner et al., 2013), as its size is uncertain but likely minor (~1 ‰) and effects on δ13C and Δδ13C are small (Shackleton 

and Pisias, 1985). In the version of HAMOCC2s used in this study, a fixed weathering input is used for 13C to tune the ocean 10 

inventory to values comparable to observations. The weathering flux of 13C into the ocean was determined by an iterative 

procedure:  

The model was run over 100,000 years replacing the weathering rate with the diagnosed burial rate for 13C continuously.  

After this, the model 13C inventory was recalibrated such that the atmospheric value for δ13C arrived at -6.5 ‰.  

This procedure was repeated over three iterations. Afterwards, the weathering rate of 13C was fixed to the last diagnosed value  15 

(0.36 Tmol 13C yr-1) – which results in a weathering flux δ13C of DIC of -11 ‰. Another 100,000 yr run was carried out with 

this constant input rate in order to check whether the global 13C distribution was stable in all reservoirs. The sensitivity 

experiments were then re-started from the result of that run.The ‘best-fit’ weathering value was found by running the model 

with a restored atmosphere (δ13C= -6.5 ‰) until the prognostic burial rate and weathering flux equilibrated to a constant value 

𝐹eq
𝑤 (~110000 model years).  Consecutively, atmospheric restoring was removed and the weathering rate for 13C was fixed to 20 

value 𝐹eq
𝑤 . Weathering fluxes are added homogeneously over the first ocean layer as dissolved matter and in a fixed 

stoichiometric ratio for CaCO3, organic carbon,C, O2, Alkalinity, PO4
3-, Alkalinity, and Si. Annual weathering fluxes (Tmol) 

are 27 for CaCO3, 5 for organic carbon, 5/rC:P for PO4
3-, 2*CaCO3-rN:P*PO4

3- for Alkalinity, and 4.5 for Si (with rC:P = 122 and 

rN:P = 16). These values are within the uncertainties of observational estimates for Si (5.6 Tmol yr-1 (Tréguer, 2002)), CaCO3 

(~32 Tmol yr-1 (Milliman et al., 1996)), and organic carbon (4 Tmol yr-1 (Broecker and Peng, 1987)), and have been adjusted 25 

to improve the fit of the respective modelled marine tracer distributions as well as burial fluxes to observational estimates. The 

13C/12C ratio in the weathering flux would be equivalent to a δ13C of DIC of 14 ‰. The spinup procedure described here created 

ais procedure created a free atmosphere model setup with close-to-observed marine and atmospheric δ13C (δ13Catm) values and 

freely evolving atmospheric pCO2 and δ13C. This equilibrated model version is referred to as the ‘control run’ in the remainder 

of this article. We define the vertical δ13C gradient (Δδ13C) as: 30 

Δδ13𝐶 = δ13𝐶𝑠𝑢𝑟𝑓𝑎𝑐𝑒 − δ13𝐶𝑑𝑒𝑒𝑝 ,          (2) 
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where δ13Csurface and δ13Cdeep are the volume-weighted mean δ13C of DIC in the surface ocean (< 50 m depth, i.e. the model 

photic zone) and the deep ocean (lowermost wet layer in the model, if top of layer > 3 km depth), respectively. By doing so, 

we can compare the Δδ13C summarised as one number between the different sensitivity experiments. 

We conducted a set of sensitivity experiments to explore changes in air-sea gas exchange rate, sea ice extent (influencing both 

biological production and the air-sea gas exchange of carbon) and the efficiency of the biological pump through the POC 5 

sinking rate and nutrient uptake rate (Table 1). We employ the term ‘efficiency of the biological pump’ as a measure of the 

success of phytoplankton to maintain low nutrient concentrations in the surface ocean. All experiments are run for 2000 model 

years starting from the end of the spinup. These runtimes allowed for atmospheric quasi-equilibrium to establish (Fig S54), 

with an exception for the long-term effects caused by POC sinking rate changes (as studied in more detail by Roth et al. (, 

2014)). The equilibration timescale of Δδ13C is much shorter than that of atmospheric δ13C: This is the case because 1) the 10 

long-term weathering-burial equilibration of δ13C affects the whole ocean reservoir simultaneously – thus keeping Δδ13C 

constant and 2) the processes that potentially influence Δδ13C (changes in biological production and air-sea gas exchange) 

affect Δδ13C on shorter (centennial to millennial) timescales. In order to compare effects of SO change and Global change, 

Tthe gas exchange rate and POC sinking rate experiments are done twice -, once changing the respective model parameter for 

the Global Ocean and once for the Southern Ocean only (SO-only). The model parameters where changed in a way that marine 15 

biogeochemical tracer distributions (e.g. PO4
3-, δ13C) remained reasonable but did provide an estimate of the sensitivity of the 

respective tracer to biogeochemical change. The model has a constant sea ice cover (Fig. S1), which permits gas and light 

transfer through the ice depending on ice cover fractionthickness (the transfer rate is divided by ice thickness in cm) while 

light transfer is inhibited at ice thicknesses over 0.01 cm. The maximum and minimum sea ice cover experiments (Ice large 

and Ice small, Table 1) approximate the Last Glacial Maximum winter extent and the modern summer extent of SO sea ice, 20 

respectively (Crosta (2009) and Fig. A22 therein) and assume full inhibition of gas and light transfer through ice for simplicity. 

The experiment on nutrient drawdown (Vmax) alters the Michaelis-Menten kinetics of POC production by changing the 

maximum nutrient (i.e. PO4
3-) uptake rate (𝑉𝑚𝑎𝑥

𝑃𝑂𝐶  in SI 1A). The gas exchange experiments alter the specific gas exchange rate 

kw as described in more detail in SI 1B. The POC sinking rate experiments change the sinking velocity constant 𝑤𝑃𝑂𝐶  in the 

POC mass balance equations (SI 1A). 25 

The contribution of biological processes versus air-sea gas exchange to δ13C is calculated using the method of Broecker and 

Maier-Reimer (1992) as done for observations by Eide et al. (2017b) and in a modelling context by Sonnerup and Quay (2012): 

𝛿13𝐶𝑏𝑖𝑜[‰] =
𝜀𝑝ℎ𝑜𝑡𝑜

𝐷𝐼𝐶̅̅ ̅̅ ̅
∗ 𝑟𝑐:𝑝 ∗ (𝑃𝑂4 − 𝑃𝑂4

̅̅ ̅̅ ̅) + 𝛿13𝐶̅̅ ̅̅ ̅̅  ,        (3) 

where 𝜀𝑝ℎ𝑜𝑡𝑜 = −20 ‰ , 𝑟𝑐:𝑝 = 122  and the following model control run mean values are used: 𝐷𝐼𝐶̅̅ ̅̅ ̅ =

233208.284793 𝜇𝑚𝑜𝑙 𝑘𝑔⁄ , 𝑃𝑂4
̅̅ ̅̅ ̅ = 2.409399 𝜇𝑚𝑜𝑙 𝑘𝑔⁄  and 𝛿13𝐶̅̅ ̅̅ ̅̅ = 0.656742 ‰ . These values result in the modelled 30 

δ13Cbio:PO4
3- relationship δ13Cbio=3.183-1.051* PO4

3-. The constant 3.318 is somewhat higher than estimated for observed δ13C 

for which a constant of 2.8 was found by Eide et al. (2017b). This higher constant originates from the over-prediction of the 



6 

 

model of mean δ13C and PO4
3- at depth, as seen in other models (Sonnerup and Quay, 2012). Eq. (3) assumes a constant 

biological fractionation as well as a constant rc:p ratio, and these assumptions will introduce some error in the partition of 

biological and air-sea gas exchange signatures derived from observed δ13C to PO4
3- ratios (e.g., Eide et al. 2017b). For the 

purpose of determining δ13Cbio in our model, these assumptions are unproblematic, since rc:p and εphoto actually are taken to be 

constant in the model formulation. The air-sea gas signature δ13CAS is approximated as the residual (δ13CAS = δ13Cmodel - δ13Cbio). 5 

δ13CAS is 0 ‰ when δ13Cmodel=δ13Cbio, i.e. when the δ13C can be explained by biology only. We express δ13Cbio as a percentage 

tTo aid interpretation of the results, we express δ13Cbio as a percentage (denoted as 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

), because because t the absolute 

values of δ13Cbio in ‰ in ‰ depend strongly on the chosen 'reference' values, i.e. mean DIC, PO4
3-, and δ13C (compare 

Schmittner et al., 2013; Sonnerup and Quay, 2012; Broecker and Maier-Reimer, 1992; Lynch-Stieglitz et al., 1995; Eide et al., 

2017b). The conversion from δ13Cbio to a percentage is calculated as follows: 10 

𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐[%] =

|𝛿13𝐶𝑏𝑖𝑜|

|𝛿13𝐶𝑏𝑖𝑜|+|𝛿13𝐶𝐴𝑆|
∗  100 %         (4) 

In our analysis, we define the total amount of air-sea carbon exchange as Fu+d=|Fup|+|Fdown|, with Fup as the upward annual 

carbon flux from the ocean into the atmosphere and Fdown its downward counterpart (SI 1B and Heinze et al. (1999)). Fu+d is 

relevant for understanding the sensitivity of δ13C. The net carbon exchange is defined as Fnet=Fup-+Fdown. The sign of Fnet 

indicates whether a region is a source or a sink for carbon and is relevant for understanding changes in pCO2
atm. 15 

3 Results and discussion 

3.1 Model control run 

The model reproduces the main features of observed marine δ13C, as shown in Fig. 1 and Fig. S2. The modelled global mean 

surface ocean δ13Csurface of DIC is higher (1.9688 ‰) than deep ocean δ13Cdeep (0.767 ‰), creating a mean ocean Δδ13C of 

1.210 ‰. In the North Atlantic and SO, Δδ13C is least pronounced (0.9 and 0.8 ‰ respectively) due to vertical mixing between 20 

surface and deep water during deep water formation and upwelling (Duplessy et al., 1988). Δδ13C increases with water mass 

age as expected from the increased imprint of remineralisation on δ13C. The mean modelled ocean δ13C is higher by 0.162 ‰ 

relative to observations (Eide et al., 2017b), which is especially pronounced in the oldest water masses (Fig. S2). This is 

observed in other models as well and attributed to the model's relative contribution of deep water production in the North 

Atlantic and Southern Ocean (Sonnerup and Quay, 2012). The modelled global export POC production is 9.6 Gt C yr-1 of 25 

which 18 % is produced in the SO, which is within the uncertainty of observational estimates (MacCready and Quay, 2001; 

Nevison et al., 2012; Dunne et al., 2007; Lutz et al., 2007; Schlitzer, 2002). The free atmosphere has a modelled equilibrium 

pCO2
atm of 279 ppm and a δ13Catm of -6.5044 ‰, which developed in the model from the 'best-fit' weathering value 𝐹eq

𝑤 as 

described above in Sect. 2. Net air-sea gas exchange is close to zero (ventilating ~25×10-76 PgGt of carbon to the atmosphere 



7 

 

annually), indicating that the model is in equilibrium. The resulting drift of the model control over 2000 years is +7×10-73 ‰ 

for both δ13Catm and mean marine δ13C, and +2+5×10-43 ppm for pCO2
atm. 

3.2 Air-sea gas exchange versus biology 

The contribution of biology based on equations (2) and (3) to the δ13C distribution is presented in Fig. 2, broadly in agreement 

with previous studies (Kroopnick, 1985; Schmittner et al., 2013). The contribution of biology to the modelled δ13C distribution 5 

is generally below 45 % and has a steep gradient from the surface to the deep ocean. The (thermodynamic) fractionation effect 

of air-sea gas exchange on δ13C is strongly impeded by the long equilibration time of 13C, which results inleaves room for 

biological processes to contribute significantly to δ13C and Δδ13C (Eide et al., 2017a; Lynch-Stieglitz et al., 1995; Murnane 

and Sarmiento, 2000; Schmittner et al., 2013). In the ocean below 250m, the influence of biology increases to 35-45 % due to 

the remineralisation of POC, with the exception of the Arctic Ocean where no POC production is modelled due to the sea ice 10 

cover (Fig. 2b and Fig. S1). 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 is close to 50 % around 1000 m depth in the northern Pacific and Indian oceans, due to 

the old water masses located there, which have accumulated a large fraction of remineralised DIC. At the surface, air-sea gas 

exchange dominates the δ13C signature of DIC as visible from the low 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 (Fig. 2a). The only exception at the surface is 

in upwelling regions, where a relatively high 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 is expected due to high POC production and upwelled remineralised 

carbon. High 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

generally corresponds to a low-δ13C water mass (compare Fig. 1 and Fig. 2), as expected from the 15 

upwelling of 13C-depleted DIC and modelled and observed close to the Antarctic continent (Fig. 1a and observations by Eide 

et al. (2017a)). The results presented in Fig. 2 appear to be quite robust as 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 typically does not change by more than 5-

10 % for the wide range of biogeochemical states as explored in the sensitivity experiments presented below. 

3.3 Sensitivity of Δδ13C and δ13C 

3.3.1 Air-sea gas exchange of carbon 20 

Atmospheric and marine carbon isotopic ratios are generally in thermodynamic disequilibrium due to their relatively long 

equilibration timescales as compared to the time of contact of a water parcel with the atmosphere because 13C equilibrates 

~200 times slower than inert gases like O2.. This difference in equilibration time is due to the fact that DICCO2 equilibration 

through the air-sea interface takes ~4 months (Jones et al., 2014) and is inversely related to the Revelle Buffer factor, and 

slowed down by a factor ~20 as compared to inert gases due to needs to speciate into all marine carbon speciation (i.e. the 25 

adjustment of the bicarbonate pool). Againspecies to reach equilibrium (~20x slower than O2), after which ~10 times slower 

than CO2, the air-sea equilibration of the atmospheric isotope ratio 13CO2/12CO2 (i.e. δ13Catm) with marine DI13C/DI12C (i.e. 

δ13C) takes ~4 years (Jones et al., 2014). The equilibration timescale of the carbon isotopes  needs to go through full isotopic 

exchange between all carbon species to reach equilibriumis namely not facilitated by the buffering reaction of CO2 with H2O, 

but instead depends on the DIC:CO2 ratio of seawater  ((Jones et al., 2014; ~10x slower than 12C) (Jones et al., 2014; Galbraith 30 

et al., 2015; Broecker and Peng, 1974). Over 90 % of Tthe surface ocean δ13C signature is dominated set by air-sea gas 
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exchange outside of upwelling regions across the world’s in most ocean regions oceans (Fig. 2), making the equilibration 

across the air-sea interface important for surface ocean δ13C. Understanding the effects of equilibration across the air-sea 

interface is thus key to understanding global surface ocean δ13C signatures. Here we explore two extreme cases, very slow but 

non-zero gas exchange (‘Gas slow’, gas exchange rate divided by 4) and very fast gas exchange to bring the air-sea 

equilibration close to equilibrium (‘Gas fast’, gas exchange rate multiplied by 4). 5 

Any change in the gas exchange rate can thus potentially have a large effect on surface ocean δ13C, depending onOur results 

show that  the effects of changes in air-sea gas exchange on δ13C mainly depend on the prior disequilibrium δ13Cdiseq (δ13Cdiseq 

= δ13C - δ13Ceq, where δ13Ceq represents the δ13C value a water parcel would have had if it would have fully equilibrated with 

the atmosphere, see also Gruber et al. (1999)). Full Iisotopic equilibrium with the atmosphere would results in a δ13Csurface of  

~0.5 (low latitudes) to ~4 (high latitudes) ‰ (Menviel et al., 2015), where the range is caused by the temperature dependent 10 

fractionation (Mook et al., 1986; Zhang et al., 1995). In this study, modelled ε is between 7.7 and 11 ‰. This thermodynamic 

effect increases the difference between δ13Csurface and δ13Ceq at the poles (Menviel et al., 2015), thus increasing the potential of 

high latitude surface water to be affected by air-sea gas exchange fluxes.approximately 2 ‰ (Murnane and Sarmiento, 2000), 

since δ13Catm is about -6.5 ‰ and air-sea fractionation about 8.5 ‰ (Mook et al., 1986). 

Our gas exchange experiments (Table 1) result showin a transient change phase wherein the net global air-sea gas exchange 15 

flux Fnet is non-zero, which affects pCO2occurs atm until a new quasi-equilibrium is established (Fig. S3). We find an increase 

of pCO2
atm by 109 ppm (slowfast gas exchange) and a decrease by 4 ppm (fastslow gas exchange) after 2000 years, respectively. 

If gas exchange is only changed in the SO (i.e. for 22 % of the global ice-free ocean area), an effect of 3.7 and -0.75 ppm and 

1 ppm increase is found after 2000 years (Table 2). Gas exchange in the SO can thus cause a disproportionate response (~30 

% of the sensitivity) in pCO2
atm. These changes occur in the first ~600 years of the sensitivity experiments (Fig. S3), with the 20 

strongest changes occurring after ~100 years. The air-sea pCO2 difference is smaller at increased gas exchange rates and larger 

at reduced gas exchange rates (Fig. S4). The spatially variable prior pCO2
 disequilibrium in the SO (Fig. S3) plays an important 

role in the pCO2
atm sensitivity: The larger increase of the outgassing flux Fup of the SO as compared to the carbon uptake flux 

Fdown leads to a reduced SO carbon sink and higher pCO2
atm at increased gas exchange rates. The reduction in air-sea C flux 

for the slow gas exchange experiment causes Fnet to decrease during the transient phase (Fig. S4 and 5), leading to an increase 25 

in pCO2
atm which develops during the first ~600 years. Fnet is reduced during the transient phase because the slow gas exchange 

rate decreases Southern Hemispheric net C uptake, while maintaining Northern Hemispheric net C outgassing, also for the 

global experiment. Interestingly, the δ13Catm gets decoupled from the pCO2
atm signal as δ13Catm decreases by 0.3(to -6.8 ‰) 

during fast gas exchange and increases by 0.2 (to -6.3 ‰) when the gas exchange rate is reduced. This is explained by the 

increase in the global amount of air-sea gas exchange Fu+d in the fast gas exchange experiment (4 times more, at 542 Gt C yr-30 

1). Such an increase leads to a smaller thermodynamic disequilibrium, which increases the mean marine δ13C and lowers 

δ13Catm. Slow gas exchange reduces Fu+d (by 73 % to 36 Gt C yr-1), thus decreasing the role of air-sea gas exchange on surface 

ocean δ13C. This results in an increased contrast between atmospheric and surface ocean δ13Ccausing less fractionation to 

occur,  which explains the increase of δ13Catm. Moreover, our SO-only experiments show that these effects on δ13Catm are more 
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pronounced if gas exchange only changes in the SO. This indicates that the remainder of the ocean offsets part of the 

atmospheric sensitivity to SO change. 

δ13C shows a different response in high latitudes as compared to the lower latitudes in the surface ocean (Fig. 3a and S56): An 

increased air-sea gas exchange rate lowers the surface ocean δ13C of DIC by -0.2 to -0.9 ‰ at the lower latitudes and increases 

surface ocean δ13C at high latitudes by 0.2-0.5 ‰ (Fig. 3 and 4). The direction of the responsese results indicates whether 5 

δ13Cdiseq is positive or negative, since δ13C is closer to equilibrium at high gas exchange rates. and is I in line with previous 

studies (Schmittner et al., 2013; Galbraith et al., 2015) that show that the disequilibrium is negative (δ13C < δ13Ceq) at high 

latitudes and in low latitude upwelling regions, and positive elsewhere. The sign of δ13Cdiseq, and thus the direction of the δ13C 

response, is iscan be understood from the difference between the natural δ13C distribution (Fig. 1) and the potential ~2 ‰ 

δ13Ceq which depends on thermodynamic fractionation (Sect. 2). At increased gas exchange rates (i.e. closer to equilibrium),, 10 

which would require an δ13C has to increasee in δ13C in cool high latitude surface waters and a has to decreases in warm low 

latitude surface waters in order to get closer to equilibrium (Menviel et al., 2015; Murnane and Sarmiento, 2000). The net 

effect of a slower gas exchange rate on surface ocean δ13C is less pronounced than the effect of an increased gas exchange rate 

(Fig. S56, Fig. 3). The smaller effects seen for slow gas exchange indicate that the control model ocean is a ‘slow ocean’, i.e. 

closer to (very) slow gas exchange than to thermodynamic equilibrium (infinitely fast gas exchange). 15 

The effect of the gas exchange rate on marine δ13C is mostly established in the top 250 to 1000 m of the water column (Fig. 

3c, d, Fig. 4). Recording this air-sea gas exchange signal thus strongly depends on the reliability of planktic δ13C-based 

δ13Csurface reconstructions and knowledge of the living depth represented by the planktic foraminifera. The signal penetrates 

deepest (to ~2000 m depth) into the North Atlantic (Fig. 4, Fig. S7), where δ13C is strongly influenced by air-sea gas exchange 

(Fig. 2a). However, the interpretation of variations in North Atlantic benthic δ13C as coming partly from air-sea gas exchange 20 

(Lear et al., 2016) is not supported by our experiment. Due to the limited export of the δ13C signal to depth, the sensitivity of 

Δδ13C to the gas exchange rate mainly comes from surface ocean δ13C. Globally, the Δδ13C weakens to 0.874 ‰ when the 

thermodynamic disequilibrium is decreased (i.e. 'Gas fast', Fig. 55) and Δδ13C strengthens to 1.32 ‰ when the thermodynamic 

disequilibrium is increased ('Gas slow', Fig. 5). The extent to which thermodynamic equilibrium can develop is thus an efficient 

way to change the biologically-induced Δδ13C (Murnane and Sarmiento, 2000), however this is only true in lower latitudes 25 

where δ13Cdiseq is positive:.  TThe direction of the high-latitude SO Δδ13C signal sensitivity mirrorshas an opposite sign  the 

sensitivity of the low latitude regions (Fig. 4) as well as the global mean due to its negative δ13Cdiseq and low latitude regions.: 

When the thermodynamic disequilibrium is decreases (increases), basin-mean Δδ13C in the SO increases (decreases) and thus 

intensifies the biologically-induced Δδ13C changes (Fig. 4). 

3.3.2 The biological pump: POC sinking rate 30 

The net effect of a regionally changed biological pump efficiency depends on the sequestration efficiency, which depends on 

the interplay between the biological pump and ocean circulation (DeVries et al., 2012). A more efficient biological pump (here, 

a higher POC sinking rate) leads to a loss of carbon to the sediments, which affects pCO2
atm and δ13Catm on millennial 
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timescales. Here we present results from a 2000-year simulation (as for the other experiments), which is are thusstill in a 

transient phaseresults. To reach aA full equilibrium of the system could take as long as 200 000 years (Roth et al., 2014). On 

these long timescales other processes and feedbacks would occur (Tschumi et al., 2011), which complicates the attribution of 

changes to a primary trigger. A fast POC sinking rate leads to a pCO2
atm decrease of 238 ppm and higher (+-06.2 ‰) 

atmospheric δ13C after 2000 years (Table 2, Fig. S35) as well as an shift increase of the mean ocean δ13C by of ~0.155 ‰, 5 

caused by the transient sediment burial of low-δ13C POC. The transient imbalance between weathering and burial fluxes can 

thus cause profound changes in both marine and atmospheric δ13C, and moreover provides an important feedback for the long-

term marine carbon cycle (Roth et al., 2014; Tschumi et al., 2011). In our experiment, an efficient biological pump leads to a 

global ~106 % decrease in the amount of air-sea gas exchange Fu+d because of efficient export of carbon to depth, thereby 

lowering the net upward advection of carbon. A mirrored but weaker response is modelled for a decrease in biological pump 10 

efficiency: Halving the POC sinking rate leads to a 13 ppm increase in pCO2
atm (of which 238 % can be explained by the SO) 

and a more negative atmospheric δ13C (-6.7 ‰) and 7 % increased Fu+d (Table 2, Fig. S35). 

Surface ocean δ13C is mostly influenced by the changes in productivity and the vertical displacement of the POC 

remineralisation depth. The deepening of the remineralisation depth has been extensively discussed in the literature (Boyle, 

1988; Keir, 1991; Mulitza et al., 1998; Roth et al., 2014), and likely explains lowered mid-depth glacial δ13C together with 15 

changes in ocean circulation (for example, Toggweiler, 1999). POC sinking removes nutrients and preferentially light 12C 

carbon from the surface ocean, while exporting them to the deep ocean. If POC sinking rates are high, this increases the mean 

surface ocean δ13C (contributing to the δ13Catm increase) by 0.12 ‰ and lowers mean deep ocean δ13C by 0.01 ‰ (Fig. 6) -– 

with values corrected for despite the overall 0.15 ‰ increase in marine δ13C which occurs due to transient imbalance between 

weathering and sediment burial (Fig. 6). Therefore, even though the absolute export production is globally reduced in all 20 

productive regions (by -26 %), the biological pump is more efficient as any new nutrients in the surface ocean will immediately 

be used and exported. With a lower halving of the POC sinking rate, the remineralisation is more confined closer to the surface 

ocean (Fig. 4). The net effect is that the surface ocean δ13C becomes is reducedlower (in the mean by 0.21 ‰ – corrected for 

the mean ocean change of 0.04 ‰) throughout the ocean (Fig. 4), because the fractionation effect during photosynthesis is 

counteracted by the remineralisation of POC (which would normally have occurred at depth). The SO plays a relatively minor 25 

role in these changes sensitivity to the POC experiments (Fig. 6b). Changes in deep ocean δ13C depend on the water mass age 

(Fig. 6c).: Old water (North Pacific) has a larger remineralisation signal when the biological pump is efficient. Independent of 

the biological pump efficiency, the relatively young waters of the deep North Atlantic generally adopt about the same δ13C 

signal as the surface ocean δ13C, which is set by air-sea gas exchange. This is in agreement with a relatively low 

𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 estimate for the deep North Atlantic (~30 %). 30 

The sensitivity of Δδ13C to changes in POC sinking rate depends strongly on location (Fig. 4 and 6). In general, the Δδ13C 

strengthens for an increased biological pump efficiency (Fig. 5), and this effect is stronger with water mass age (Fig. 6c, Fig. 

4). The downward shift of the remineralisation depth of low-δ13C POC drives this increase in Δδ13C, a mechanism discussed 

among others by Boyle (1988) and Mulitza et al. (1998) to understand glacial Δδ13C increase. Our results show that the vertical 
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displacement of the δ13C profile is most pronounced in the North and South Pacific for both faster and slower POC sinking 

rates (Fig. 4 and Fig. S7). The North Atlantic Δδ13C is much less affected as these waters are mostly influenced by air-sea gas 

exchange. Instead, the entire North Atlantic profile is shifted more than in the other ocean basins (Fig. 4S7). Δδ13C weakens 

for a reduced biological pump efficiency (Fig. 4 and 5), especially in older water where 𝛿13𝐶𝑏𝑖𝑜
𝑝𝑒𝑟𝑐

 is higher (Fig. 2a). It is worth 

noting, however, that the changes in Δδ13C in the SO are comparably small because the vertical mixing in the SO of the low-5 

δ13C deep water mostly causes shifts in the entire δ13C profile, not a change in the gradient (Fig. 4). 

3.3.3 The biological pump: SO nutrient depletion 

Consistent with previous studies (Primeau et al., 2013; Marinov et al., 2006; Sarmiento et al., 2004), we find a large 

atmospheric impact of our SO nutrient depletion experiment. The high SO nutrient uptake efficiency (i.e. an efficient biological 

pump) causes a 5144 ppm reduction in pCO2
atm after 2000 years. The Vmax experiment largely reaches quasi-equilibriumates 10 

after ~800 years, as seen from the time evolution of pCO2
atm and δ13Catm (Fig. S35). δ13Catm increases to -6.10 ‰ due to the 

increased surface ocean δ13C (Fig. 7a). This 0.45 ‰ increase is high compared to the results of Menviel et al. (2015), who 

found a δ13Catm sensitivity of 0.1-0.2 ‰ in response to changes in SO nutrient utilization. The different development time as 

compared to the fast POC sinking rate experiment is explained by the absence of long-term loss of carbon to the sediments in 

the Vmax experiment, probably because transport and water-column remineralisation within the SO limits an increase in POC 15 

burial there. In the SO, net carbon uptake (Fnet) increases fourivefold to 1.5 Gt C yr-1 (Fig. S68) because the high nutrient and 

carbon consumption transport carbonC  into the ocean interior and do not permit CO2 to escape to the atmosphere from the 

deep ocean. 

SO Eexport production of POC is increased in the SO (Fig. S79) by a factor 2.45, causing global POC export production to 

increase by 157 % albeit reducing lower-latitude productivity (non-SO up to ~35 °N) by 131 %. This relocation of global POC 20 

export production in response to SO increased nutrient uptake efficiency is in agreement with earlier studies (Primeau et al., 

2013; Marinov et al., 2006).  

 The increased surface ocean δ13C signature everywhere north of the SO sea ice edge (Fig. 7a) is in the SO attributed to 

increased POC export production counteracted by a decreased Fu+d in the SO (which would reduce δ13Csurface in the SO because 

of the negative δ13Cdiseq, Fig. 3 and S56). In lower latitudes, the decreased Fu+d (which increases δ13Csurface in lower latitudes 25 

because of the positive δ13Cdiseq, Fig. 3 and S56) dominates the effect of the 113 % lower POC export production on δ13Csurface. 

At depth and under the sea ice in the Antarctic where deep water upwells, the imprint of additional POC 

reminneralisationremineralisation at depth decreases δ13C of DIC (Fig. 7). This decrease in δ13C is only visible in water masses 

downstream of the SO (Fig.7b and c) and most pronounced in the deep North Pacific (Fig. 7c). The increased nutrient uptake 

rate in the SO strongly increases global mean Δδ13C by 0.4 ‰ (Fig. 5) as well asnd increasing Δδ13C in all ocean basins (Fig. 30 

4), as seen for the fast POC sinking rate experiment.  As for a changed POC sinking rate, Δδ13C is affected more in older 

waters, where a more pronounced remineralisation imprint has developed (Fig. 4). 
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 Besides effects on the δ13C distribution (Fig. 7), the O2 and PO4
3- distributions change as well: The O2 distribution is 

reorganised such that surface ocean O2 is increased (by up to 210 µmol kg-1, with largest changes in the SO), while deep ocean 

O2 is reduced downstream of the SO (by up to 40 µmol kg-1). Surface ocean PO4
3- is reduced mostly in the SO (by up to -0.8 

µmol kg-1). This signal is however too small to significantly increase mean deep ocean PO4
3-. This implies a reduction in global 

preformed phosphate governed by the efficient nutrient uptake in the SO, see also Primeau et al., (2013). SO nutrient drawdown 5 

can thus cause negligible mean (deep) ocean PO4
3- and δ13C changes, despite causing large changes in local δ13C and Δδ13C 

through the interplay between biology and air-sea gas exchange. This is iInteresting in light of glacial proxy interpretation, as 

the fit to the deviations from the δ13C:PO4
3- relationship is improved throughout the ocean for the Vmax experiment, similar to 

the effects of the ‘Gas slow’ experiment (Sect. 2Fig. 8). Changes in the goodness-of-fit of δ13C and PO4
3- data to the δ13C:PO4

3- 

relationship (i.e. δ13Cbio=3.18-1.05* PO4
3-, Sect. 2) are usually usually interpreted as the influence ofchanges in ventilation or 10 

air-sea gas exchange on δ13C (Eide et al., 2017b; Lear et al., 2016). However, but , here we show that changes in the fit 

represent the relative importance of biology and air-sea gas exchange in determining δ13C, as both changes in δ13Cdiseq (i.e. gas 

exchange rate experiments) as well as changes in the biological pump can affect the goodness-of-fit to the δ13C:PO4
3- 

relationship (Fig. 8)could thus also come from changes in nutrient uptake efficiency. 

 3.3.4 Southern Ocean sea ice cover 15 

The sea ice cover of the SO changes considerably over glacial-interglacial cycles, as well as on seasonal timescales (Crosta 

(2009) and Fig. A22 therein). In general, the modela sea ice cover will inhibit light penetration into the surface ocean and 

limits well as air-sea gas exchange based on its thickness (Sect. 2). Here In the sensitivity experiments we assume complete 

inhibition of both light and air-sea carbon exchange by the sea ice. In this section we thus explore the effect of both biological 

production and air-sea gas exchange in two extreme cases, i) the largest realistic sea ice cover based on the glacial maximum 20 

winter extreme (50° S) and ii) the smallest sea ice cover based on the contemporary summer minimum sea ice extent (70° S). 

Note that there is a constant sea ice cover about north of 70°N and south of 60° S in the control run of the model. Therefore, 

the strongest marine δ13C change is expected south of 60° S for a decreased sea ice cover and between 50-60° S for an increased 

sea ice cover, as this is the area where ice cover is altered relative to the control run. Ocean circulation changes that could 

result from a changed sea ice cover are not taken into account, as we want to study the potential isolated effect of sea ice on 25 

δ13C through biological and air-sea gas exchange changes. 

Both local and global air-sea carbon fluxes are influenced by a change of the SO sea ice cover, which results in changes in 

pCO2
atm and δ13Catm. In our experiment, pCO2

atm increases by 95 ppm for an increased sea ice cover and decreases by 65 ppm 

for a decreased sea ice cover (Table 2, Fig. S35). As noted in Sect. 3.3.1, a change in pCO2
atm is governed by a transient change 

in the net air-sea gas exchange flux Fnet until a new equilibrium is established. An extended ice cover causes more CO2 to 30 

remain in the atmosphere because the additional ice covers a part of the SO that is a sink for CO2 in the control run (Fig. S43 

- Control). As the net global air-sea gas exchange Fnet approaches equilibrium, the non-SO ocean therefore becomes a smaller 

source for carbon. This reduces the net gas exchange Fnet inside and outside of the SO by ~40-50 %about one third. Our results 
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show that the effects of a changed sea ice cover on pCO2
atm are yet to be fully understood: Stephens and Keeling (2000) for 

example modelled a strong decrease of pCO2
atm in response to an increased sea ice cover south of the Antarctic Polar Front, 

because they mostly cover a part of the SO that is a scourcse of carbonC to the atmosphere. In our study, the reduction in 

pCO2
atm by 65 ppm due to a reduced sea ice cover is attributable to the POC production in the earlier previously ice-covered 

area between ~60° S and 70° S. In a sensitivity experiment where the ice cover influences air-sea gas exchange only, the sea 5 

ice retreat leads to an increase in pCO2
atm because the region below the ice is strongly supersaturated in carbonC with respect 

to the atmosphere. The increased sea ice cover leads to a complete suppression of air-sea gas exchange south of 50° S. Since 

this region is in negative carbon isotopic disequilibrium with the atmosphere (δ13C < δ13Ceq, Fig. S6), the ice cover inhibits a 

δ13C flux into the ocean. As a result, δ13Catm increases to -6.21 ‰, and while the opposite happens for a reduced sea ice cover, 

leading to a lowered δ13Catm (-6.6 ‰). 10 

The increased sea ice cover over the SO results in a surface ocean δ13C reduction relative to the control of -0.5 ‰ to -0.1 ‰ in 

the SO (Fig. 4, Fig. 9), while δ13C is increasesd outside of the SO with by 0-0.2 ‰ (Fig. 98a). The reduction is especially 

pronounced between 40-60° S. The ~40 % reduced POC export production in the SO due to light inhibition by the sea ice 

cover causes a major part of the SO surface δ13C reduction, as the absence of photosynthesis will cause lower surface ocean 

δ13C. Next to that, the reduced air-sea gas exchange Fu+d in the SO also leads to a lowered surface ocean δ13C signature. About 15 

the opposite happens when we simulate a strongly decreased sea ice cover (only ice south of 70° S): A small reduction of δ13C 

is modelled outside the SO, but the SO δ13Csurface locally becomes up to ~0.8 ‰ higher relative to the control (Fig. 98b) as the 

increased amount of air-sea gas exchange Fu+d decreases the carbon isotopic disequilibrium and increases POC production in 

the newly exposed area, both acting to increase δ13C of DIC. 

The effect of a changed ice cover on deep ocean δ13C is less than ~0.1 ‰ (Fig. 98c, d) as the surface signal is diluted while it 20 

follows the general ocean circulation. As for air-sea gas exchange (Sect. 3.3.1), no pronounced deep ocean δ13C signal is found 

outside of the SO due to sea ice cover changes (this opposed to interpretations by Lear et al., 2016). Global mean Δδ13C is not 

significantly affected by changes in the SO sea ice cover (Fig. 5) because the low and high latitude effects on δ13Csurface cancel 

each other out. The SO Δδ13C however weakens considerably to 0.4 ‰ when the 50-60° S region becomes covered with sea 

ice and strengthens to 1 ‰ if the sea ice is removed between 60-70° S (Fig. 4S10). The presence or absence of a sea ice cover 25 

should thus be clearly visible in especially planktic SO δ13C sediment records. The effects on Δδ13C advance spreads 

downstream of the SO, where Δδ13C is increased by up to 0.2 ‰ throughout in the Pacific and Indian oceanOceans for an 

increased SO sea ice cover (Fig. 4S10)). 

3.4 Modelled versus observed Δδ13C variations 

The variations in Δδ13C on glacial-interglacial timescales provide researchers with a tracer to study the biogeochemical state 30 

of the past global ocean, under the condition that we can interpret (variations in) Δδ13C. The idealised perturbations made to 

the (Southern) Ocean in this study show that global mean Δδ13C is particularly sensitive to an increased gas exchange rate and 

changes in the efficiency of the biological pump. Global mean Δδ13C varies by up to about ~±0.354 ‰ around the pre-industrial 



14 

 

model reference (1.2 ‰) in response to biogeochemical change (Fig. 5) - under the assumption of a constant ocean circulation. 

However, the sensitivity of Δδ13C to biogeochemical changes depends strongly on location for all sensitivity experiments (Fig. 

4), possibly explaining part of the incoherency of reconstructed planktic and benthic foraminiferal δ13C from sediment cores 

(Oliver et al., 2010). In general, such Δδ13C reconstructions show Δδ13C variations of ~1 ‰ over the past 350 000 years (Boyle, 

1988; Shackleton et al., 1983; Shackleton and Pisias, 1985; Ziegler et al., 2013; Charles et al., 2010; Oliver et al., 2010). Ocean 5 

circulation changes explain at least part of these variations in Δδ13C (Charles et al., 2010; Heinze et al., 1991; Jansen, 2017; 

Heinze and Hasselmann, 1993; Oppo et al., 1990; Toggweiler 1999). However, the changes in the biogeochemical state of the 

ocean imposed in our experiments show that variations in Δδ13C could be strongly influenced by (SO) biogeochemistry as 

well. Δδ13C is increased during glacials and reduced during interglacials across a large set of sediment cores (Boyle, 1988; 

Charles et al., 2010; Oliver et al., 2010; Ziegler et al., 2013). Rapid and large changes have been documented for SO Δδ13C 10 

records (Ziegler et al., 2013), and here we show that biogeochemical changes in the SO affect Δδ13C globally. Our results show 

that an increase in mean Δδ13C could biogeochemically result from slower gas exchange, increased POC sinking rates, or an 

increased nutrient uptake rate in the SO (Fig. 4 and 5). Such biogeochemical changes have been associated with glacial periods 

(for example, Ziegler et al. (2013)), and are potential candidates to explain part of the Δδ13C increase in interplay with stronger 

ocean stratification. Sediment-core reconstructions of Δδ13C show that an increased Δδ13C can originate from a downward 15 

shift of the metabolic imprint of low-δ13C POC which would increase shallow δ13C (Boyle, 1988; Charles et al., 2010; Mulitza 

et al., 1998; Toggweiler, 1999), and/or a deep ocean δ13C decrease (Broecker, 1982; Boyle, 1988; Oliver et al., 2010) with 

little variation recorded for surface ocean δ13C. The absence of a clear surface δ13C signal could in the SO be the net effect of 

an increased sea ice cover (locally decreasing δ13C, Fig. 4 and 98a) and an increased biological pump efficiency (locally 

increasing δ13Csurface, Fig. 6a and b, Fig. 7a) or increased SO thermodynamic equilibrium (Fig. 3a and b) – if these opposing 20 

signals get mixed. A pronounced deep ocean δ13C decrease is associated with an efficient biological pump and older water 

masses in our study (Fig. 4). Interestingly, large local changes in deep ocean δ13C and Δδ13C do not necessarily imply changes 

in mean deep ocean PO4
3- (Sect. 3.3.3). The absence of a pronounced PO4

3- change despite Δδ13C changes shows that changed 

ocean circulation (Toggweiler, 1999) is not the only candidate for explaining the reconstructed deepening of low-δ13C water 

and small deep ocean glacial-interglacial PO4
3- variation. 25 

The local character of the Δδ13C sensitivity (Fig. 4) implies that correlations between sediment core Δδ13C/δ13C variations and 

global parameters (e.g. pCO2) are not easily extrapolated to other sediment cores over large distances. Analysis of SO Δδ13C 

reconstructions from sediment cores at 42° S and 46° S (Charles et al., 2010) for example shows that there is a strong correlation 

between these cores and Northern Hemisphere climate fluctuations. We expect that this strong correlation does not exist for 

cores further south in the SO because our results indicate that the SO south of ~50-60° S often has a different Δδ13C response 30 

to biogeochemical change than the rest of the ocean. 

Interglacial periods are generally thought to be associated with a decrease in the efficiency of the biological pump and increased 

deep-ocean ventilation via southern-sourced water masses (Gottschalk et al., 2016). Increased deep-ocean ventilation might 

be driven by increased winds (Tschumi et al., 2011), which would (apart from changing the SO circulation pattern) also 
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increase gas exchange rates. Each of these processes indeed reduces Δδ13C in the mean in our experiments (Fig. 5), although 

less pronounced so in the SO (Fig. 4 and Fig. S7). However, the interglacial reduction of Δδ13C seems to originate from a deep 

ocean δ13C increase as compared to the glacial deep ocean δ13C (Broecker, 1982; Charles et al., 2010; Oliver et al., 2010). Our 

results show that neither an inefficient biological pump nor fast gas exchange can be associated with a pronounced deep sea 

δ13C increase relative to our control, becauseas their effects are restricted to the surface ocean. On the other hand, the 5 

interglacial decrease of Δδ13C is a decrease as compared to the glacial state: If glacial SO nutrient uptake was higher (Vmax), a 

return to the ‘normal’ state (i.e. the model control run) would result in a major decrease of Δδ13C (Fig. 4 and 5). 

3.5 The relationship between Δδ13C, δ13Catm and pCO2
atm 

One would expect variations of δ13Catm as well as Δδ13C to correlate with variations in pCO2
atm, because similar processes 

(biology and air-sea gas exchange) steer their distribution/concentrations (Shackleton and Pisias, 1985; this article). Δδ13C is 10 

considered a promising proxy for reconstructions of pCO2
atm for times predating ice-core records (Lisiecki, 2010). Here we 

show that a positive linear relationship between δ13Catm and global mean Δδ13C (Fig. 109a) and a negative linear relationship 

between pCO2
atm and global mean Δδ13C (Fig. 9b) holds over a wide range of biogeochemical states as simulated in the 

sensitivity experiments. However, the negative linear relationship between pCO2
atm and global mean Δδ13C (Fig. 10b) is weak 

(R2=0.39). However, This result supports previous studies do that show both the existence of a local correlation between local 15 

Δδ13C and pCO2
atm (such as found by for example Dickson et al. (2008)), and correlation of modified Δδ13C between ocean 

basins with pCO2
atm (Lisiecki, 2010). The effects of ocean circulation on glacial-interglacial δ13Catm changes, not studied here, 

are most pronounced in response to Antarctic Bottom Water formation rate variations and are of the order of 0-0.15 ‰ (Menviel 

et al., 2015). Our results show that δ13Catm varies by up to about ~±0.5 ‰ in response to biogeochemical changes (Table 2). 

Figure 9a shows that cChanges in the POC sinking rate lie approximately along a line in δ13Catm:Δδ13C space (Fig. 10a), 20 

suggesting that changes in the biological pump efficiency is are important for the δ13Catm:Δδ13C relationship. Likewise, both 

the gas exchange rate and relationship biological pump experiments lie along an approximate lines inbetween pCO2
atm: and 

Δδ13C space (Fig. 10b, albeit a different one - leading to a low total correlation). is mostly coming from the biological pump, 

as air-sea gas exchange affects Δδ13C much more than pCO2
atm (Fig. 9b). Changes in air-sea gas exchange (as simulated in the 

gas exchange and sea ice cover experiments) affect δ13Catm more than Δδ13C. This confirms the idea that Δδ13C is governed by 25 

biological processes and will also set δ13Catm, unless air-sea gas exchange gets the chance to dominate δ13Catm. The high 

potential of SO air-sea gas exchange to steer change δ13Catm (Table 2: Sea ice and gas exchange rate experiments) complements 

recent studies showing that increased SO ventilation of deep ocean carbon is a likely candidate for glacial-interglacial δ13Catm 

excursions – which are of the order of 0.5 ‰ (Bauska et al., 2016; Eggleston et al., 2016; Lourantou et al., 2010; Menviel et 

al., 2015). 30 
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4 Summary and conclusions 

This study addresses the sensitivity of modelled marine and atmospheric δ13C and Δδ13C to changes in the biogeochemical 

parameters under constant ocean circulation, focusing on the contribution of the SO (the ocean south of 45° S, 22 % of the 

global ice-free ocean area). Variations of Δδ13C recorded in sediment records are sensitive to ocean circulation changes as 

shown in previous studies, but here we show that the biogeochemical state of the (Southern) Ocean also can have large effects 5 

on Δδ13C across all ocean basins. Using the ocean biogeochemistry general circulation model HAMOCC2s, a set of sensitivity 

experiments was carried out, which focuses on the biogeochemical aspects known to be important for δ13C and Δδ13C. 

Specifically, the experiments explore changes in air-sea gas exchange rate, sea ice extent (influencing both biological 

production and the air-sea gas exchange of carbon) and the efficiency of the biological pump through the POC sinking rate 

and nutrient uptake rate.  10 

The results show the important role of the SO in determining global δ13C and Δδ13C sensitivities, as well as the strong spatial 

differences in these. A new quasi-equilibrium state developed mostly within the first 100-800 years of the sensitivity 

experiments, except for the POC sinking experiment where an imbalance between weathering and burial causes a long-term 

drift. The δ13C signature is governed by different processes depending on location: Air-sea gas exchange sets surface ocean 

δ13C in all ocean basins, contributing 60-100 % to the δ13C signature. At depth and with increasing water mass age, the 15 

influence of biology increases to 50 % in the oldest water masses (North Pacific) due to POC remineralisation. This spatial 

pattern behind the δ13C signature of a water parcel results in a non-uniform sensitivity of δ13C to biogeochemical change. 

Global mean Δδ13C varies by up to ~about ±0.354 ‰ due to biogeochemical state changes in our experiments (at a constant 

ocean circulation) (Fig. 5). This amplitude is almost half of the reconstructed variation in Δδ13C on glacial-interglacial 

timescales (1 ‰), and could thus contribute to variations in Δδ13C together with ocean circulation changes. However, Δδ13C 20 

can have a different response on a basin scale: The ocean’s oldest water (North Pacific) responds most to biological changes, 

the young deep water (North Atlantic) responds strongly to air-sea gas exchange changes, and the vertically well-mixed water 

(SO) has a low or even reversed Δδ13C sensitivity as compared to the other basins. The amplitude of the Δδ13C sensitivity can 

be higher at decreasing scale, as seen from a maximum sensitivity of about ~-0.6 ‰ on ocean basin scale (Fig. 4). Interestingly, 

the direction of both glacial (intensification of Δδ13C) and interglacial (weakening of Δδ13C) Δδ13C change matches changes 25 

in biogeochemical processes thought to be associated with these periods. This supports the idea that biogeochemistry explains 

part of the reconstructed variations in Δδ13C, in addition to changes in ocean circulation. 

An increased gas exchange rate has the potential to reduce the biologically-induced Δδ13C through the reduction of surface 

ocean and atmospheric δ13C. Increased gas exchange however only reduces Δδ13C in the low latitudes: In high latitudes, 

increased gas exchange will increase Δδ13C (by increasing δ13Csurface) because of the negative disequilibrium δ13Cdiseq (i.e. δ13C 30 

< δ13Ceq) in this region, and thus a potential to increase δ13Csurface (section 3.3.1). Notably, pCO2
atm, δ13Catm and marine δ13C 

are shown to be disproportionally sensitive to SO gas exchange rate changes: The SO-only experiment results in a pCO2
atm and 

mean Δδ13C change as high as ~50 % of the Global experiment (for ‘Gas fast’).  
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Changes in the efficiency of the biological pump also have a major potential to alter Δδ13C as well as pCO2
atm and δ13Catm. The 

globally increased POC sinking rate experiment shows that Δδ13C strengthens in low latitudes (and more so in older waters) 

by deepening the low-δ13C signature of remineralised POC, while SO Δδ13C is not very sensitive to POC sinking rates. The 

SO effects are comparably small because the vertical mixing in the SO of the low-δ13C deep water only causes shifts in the 

entire δ13C profile, not a change in the gradient (Fig. 4). Increased POC sinking causes a long-term imbalance between 5 

weathering and sediment burial which leads to an increase in mean δ13C and δ13Catm (of about +0.152 ‰) after 2000 years. 

Increased nutrient uptake in the SO (Vmax experiment) results in 13 % lower a non-SO POC export production up to ~35 °N~11 

% lower POC export production outside of the SO,, in agreement with previous studies on the role of the SO biological pump 

in lower latitude productivity. Interestingly, the increase of Δδ13C in all ocean basins occurs without significantly changing 

mean (deep) ocean PO4
3-, which advocates for increased SO nutrient uptake to explain (part of) glacial-interglacial Δδ13C 10 

variations.. Furthermore, our results show that improved goodness-of-fit of the model data to the δ13C:PO4
3- relationship can 

be driven by reduced gas exchange as well as biological uptake efficiency in the SO, since both increase the importance of 

biology relative to air-sea gas exchange for δ13C. Caution should thus be exercised when interpreting changes in the fit of 

observations to the δ13C:PO4
3- relationship as changes in ocean ventilation or air-sea gas exchange alone. 

 15 

A significant linear relationship was found across the sensitivity experiments between pCO2
atm and Δδ13C as well as δ13Catm 

and Δδ13C (R2=0.71), and a weaker one (R2=0.39) for pCO2
atm and Δδ13C.. This result shows that paleo-reconstructions of 

δ13CatmpCO2
atm based on Δδ13C could be valid for a wide range of biogeochemical states. Previous studies have shown good 

correlation between pCO2
atm and local Δδ13C, but our results suggest that the relationship may not be valid if both biological 

and gas exchange rate changes occur. Such a wide applicability of a pCO2
atm:Δδ13C relationship agrees with previous studies 20 

that find pCO2
atm:Δδ13C correlation for sediment cores around the globe. The maximum response of δ13Catm to the 

biogeochemical changes imposed in our experiments (up to 0.5 ‰) is larger than the idealised maximum effect of ocean 

circulation changes on δ13Catm (0-0.15 ‰ (Menviel et al., 2015)), which underlines the potential importance of biogeochemical 

processes for variations in δ13Catm. The high potential of SO air-sea gas exchange to steer δ13Catm (Table 2: Sea ice and gas 

exchange rate experiments) complements recent studies showing that increased SO ventilation of deep ocean carbon is a likely 25 

candidate for glacial-interglacial δ13Catm excursions. 

As an outlook, the use of a more complex model with a higher horizontal and vertical resolution and a shorter time-step 

(resolving seasonal variations) could provide valuable additional information. For example, the role of different regions within 

the SO on the global δ13C distribution could be better studied with a more complex model. Sediment core-based reconstructions 

of the global carbon cycle could possibly be aided by a more complex model with a finer grid and higher time resolution, by 30 

providing more detailed information on the contribution of biogeochemical processes to local ocean tracers. Next to that, 

exploring the effect on Δδ13C of a glacial model circulation field could provide a way to quantify the maximum combined 

effect of circulation and biogeochemical change on Δδ13C. 
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Experiment Experiment setup 

Gas fast CO2 gas exchange rate * 4 

Gas slow  CO2 gas exchange rate / 4 

Efficient biological pump POC sinking rate doubled to 6m/d 

Inefficient biological pump POC sinking rate halved to 1.5m/d 

Vmax High nutrient uptake rate (control*5) in the Southern Ocean 

Ice large Southern Ocean sea ice cover south of 50° S 

Ice small Southern Ocean sea ice cover south of 70° S 

Table 1 Description of the sensitivity experiments. The sensitivity experiments on the CO2 gas exchange rate and the biological pump 

have been done twice, once for the Global Ocean and once only making changes in the Southern Ocean (south of 45° S). 
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Table 2 Results of pCO2
atm [ppm] and δ13Catm [‰] for all sensitivity experiments. 

  

 
Global 

experiments 

SO-only 

experiments 
 

pCO2
atm δ13Catm pCO2

atm δ13Catm 

Control 279 -6,54 - 

Gas exchange  

Fast 27588 -6,8 27884 -

7,06,9 

Slow 2894 -6,3 2831 -6,21 

Biological pump 
 

POC: Efficient 2562 -6,32 275 -6,54 

POC: Inefficient 2923 -6,7 2823 -6,5 

Vmax - 23529 -6,10 

Ice  

Large - 2874 -6,21 

Small - 2724 -6,6 
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Figure 1 Modelled δ13C of DIC [‰] distribution for the model control run: (a) δ13C at 25 m depth, (b) Pacific transect of δ13C, (c) 

Zzonal transect of δ13C at 26° S, and (d) Atlantic transect of δ13C. 
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Figure 2 𝜹𝟏𝟑𝑪𝒃𝒊𝒐
𝒑𝒆𝒓𝒄

, the contribution of biology to the local δ13C signal [%], as calculated using Eq. (4) at (a) 25 m depth and (b) a 

Pacific transect. The remainder of 100 % is attributed to air-sea gas exchange. The δ13Cbio and δ13CAS values in ‰ are very similar 

to the values found by Schmittner et al. (2013). 
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Figure 3 δ13C of DIC [‰] difference after 2000 years for the fast gas exchange experiments (Mexperimentodelled – control)fast gas 

exchange sensitivity experiment δ13C of DIC [‰] difference with the model control run: global experiments (a) and (c) and SO-only 

experiments (b) and (d), at 25 m depth (a) and (b) and as a Pacific transect of δ13C difference (c) and (d). 
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Figure 4 Volume-weighted basin mean anomaly profiles of δ13C after 2000 years, with respect to the control profiles (upper 

row). , with Δδ13C denoted per basin in the lower right (control) and lower left (sensitivity experiments) corner of each 

subgraphprofile for the sensitivity experiments (thick black lines. Results are presented for the g, Global for gas exchange and 

POC sinking experiments). Basin extent is visualised in Fig. S811. The thin orange line represents the control model run, which 

has a Δδ13C of 0.9 (North Atlantic), 1.3 (South Atlantic), 1.4 (North Pacific), 1.4 (South Pacific), 1.2 (Indian Ocean) and 0.8 

(Southern Ocean). See Fig. S7 for the resulting anomaly profiles for each experiment. 
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Figure 5 Global mean Δδ13C after 2000 years for the different sensitivity experiments (Table 1). ‘Bio Efficient’ represents the high POC 

sinking rate experiment, ‘Bio Inefficient’ the slow POC sinking rate experiment. The results for the Southern Ocean- only experiments 

(Sect. 2) are described in the text. 
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Figure 6 δ13C of DIC [‰] difference after 2000 years for the POC sinking rate experiments (experiment – control): δ13C of DIC 

difference between model control run and (a) the global efficient biological pump (high POC sinking rate) experiment for a 

Pacific transect and (b) the SO-only efficient biological pump (high POC sinking rate) experiment for a Pacific transect and (c) 

the global efficient biological pump experiment at 3000m depth for the global efficient biological pump experiment. Note the 

different scales. 
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Figure 7 Dδ13C of DIC [‰] difference after 2000 years for the Vmax nutrient depletion experiment (experiment – control): 

ifference plots between the model control run and the Vmax nutrient depletion experiment at (a) at 25m depth and for (b) an 

Atlantic transect and (c) a Pacific transect. 
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  Figure 8 δ13C versus PO4
3- for the control, Vmax, ‘Gas slow’ and ‘Gas fast’ experiments for all ocean basins except the Nordic Seas (i.e. 

basins A to F in Fig. S8). Dark blue = A / North Atlantic, Light blue = B / South Atlantic, Red = C / Southern Ocean, Yellow = D / South 

Pacific, Green = E / North Pacific, Orange = F / Indian Ocean. The black line is the δ13Cbio=3.18-1.05* PO4
3- relationship, i.e. the 

relationship between δ13C and PO4
3- expected if only biology affected δ13C (Sect. 2). Deviations from the black line represent the relative 

importance of air-sea gas exchange as compared to biology for δ13C. 
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Figure 98 δ13C of DIC [‰] difference after 2000 years for the Antarctic sea ice cover experiments (experiment – control): The 

effect of a large (a, c) and small (b, d) Antarctic sea ice cover,  on δ13C as compared to the control for 25 m depth (a, b) and an 

Atlantic transect (c, d). 
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Figure 9 Relationships between global mean Δδ13C, δ13Catm and pCO2
atm. Scatter plot of the global mean Δδ13C and 

(a) Global mean Δδ13C versus δ13Catm of the different sensitivity experiments. R-squared of the best-fit line is 0.73 (p-

value 0.0004), and the line is described by y=1.3x-7.95 (b) Global mean Δδ13C versus pCO2
atm of the different 

sensitivity experiments. R-squared of the best-fit line is 0.655 (p-value 0.00143), and the line is described by y=-

75x+365. 

Figure 109 Relationships between global mean Δδ13C, δ13Catm and pCO2
atm. Scatter plot of the global mean Δδ13C 

and (a) Global mean Δδ13C versus δ13Catm of the different sensitivity experiments. R2-squared of the best-fit line is 

0.713 (p-value 0.0004), and the line is described by y=1.3x-87.195 (b) Global mean Δδ13C versus pCO2
atm of the 

different sensitivity experiments. R2-squared of the best-fit line is 0.39655 (p-value 0.00143), and the line is described 

by y=-5475x+34165. 

(a) (b) 


